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ABSTRACT 

Methane flux measurements indicate boreal forest wetlands are large 

contributors to the global CI4 emission despite the short peak production period, 

because of the extensive land base covered by wetlands in the north. The Boundary fen, 

in the boreal forest at the Prince Albert National Park, emitted an average of0.148 g CRt 

m-2 d-1 during peak production from the end of June until the end of July, with fluxes 

reaching 0.531 g CRt m-2 d-1. A fen in the Canwood Forest Reserve showed emissions 

reaching a high of0.293 g CRt m-2 d-1 and averaging 0.098 g CRt m-2 d-1 during peak 

production from the end of June until August 1. These CI4 fluxes are similar to those 

reported in freshwater wetlands around the world. Methane fluxes were found to vary in 

different peat conformations. Areas with floating peat mats and shallow peat under forest 

had lower CI4 fluxes relative to open water or deep solid peat locations. Therefore, as a 

peatland grows with time, the amount of CRt flux will change according to the dominant 

peat conformation type. A small Upland catchment basin in Prince Albert National Park 

emitted only 0.0087 g Cl4 m-2 during the summer of 1992 and all of the Clf4 flux 

occurred during ice thaw from the beginning of May to the end of June. Methane flux 

may have been inhibited by sulfate-reduction activity in this site as stimulated by high 

sulfate levels. Wetlands which are only saturated part of the year appear to have low CI4 

fluxes associated with high sulfate-reduction activity. 

Field and incubation studies examined the effect of environmental factors on 

CI4 fluxes. Methane emissions tended to increase as temperature increased, with the 

greatest increases above 12°C. However, CI4 production was still evident even at 
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temperatures. as low as 5°C. Methane fluxes were greatest when the water level was at the 

peat surface or above the peat. Differences in the concentration of N03-, S042-, and 

H2P04- in interstitial water from the field showed little relationship with measured CR4 

fluxes, but the variations in the amount of these nutrients were small. Incubations of 

intact peat cores showed CR4 fluxes to increase greatly with additions of C02 substrate, 

some increase with acetate additions and no significant increase with methanol additions. 

It appears that the microbial community can utilize C02 and acetate to generate more CR4 

and therefore may regularly consume these substrates in the boreal forest wetlands. The 

greatest increases in CR4 flux result with temperature increases and substrate additions. 

l3c natural abundance variations were measured in soil and vegetation carbon 

from three contrasting environments: prairie grassland, parkland forest and boreal forest 

wetlands. The boreal forest wetlands include the permanently saturated Boundary and 

Canwood fens and a seasonally saturated Upland catchment basin. The aerobic soils 

generally become more 13c enriched with a higher degree of organic decomposition. 

l3c enrichment was greater in soils under cultivation relative to native soils, and 

increased with depth possibly because of a greater degree of decomposition under these 

conditions. In the anaerobic soil, the Upland catchment basin peat deposits had 

o13cPDB values of organic carbon that were constant with depth, whereas deeper layers 

of the peat in the Boundary fen had areas of 13c enrichment. The 13c enrichment may 

reflect areas of intense CH4 production in which 13c enriched residual substrate is left 

behind during the production of highly 13c depleted CH4. Carbonates measured in 

boreal forest wetland soils were dominantly primary carbonates in the aerobic upland 

soils as indicated by 13c values near 0 o/oo and secondary in the peat ( 13c depleted). 

Evidence of methane oxidation was shown in the Boundary fen with o13c values as low 

as -97 %o in carbonate minerals found in floating peat mats. It is postulated that 13c 
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depleted CH4 is oxidized in the mat and reacts with calcium ions to form calcite 

(identified through x-ray diffraction). Floating peat mats appear to be zones of Cf4 

oxidation which lower the Cf4 flux from these areas. Secondary carbonates in the peat 

of the Upland catchment basin have isotope compositions close to the a13c values of the 

peat organic carbon (-25 o/oo), indicating their origin is from fermentation and possibly 

from sulfate-reduction. 
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1 INTRODUCTION 

Carbon cycling processes in soils are receiving much attention due to concerns 

about increasing C02 and Cl4 levels in the atmosphere. Atmospheric Cl4 

concentrations have increased by -1% per year in the last decade (Rinsland et al., 1985; 

Cicerone & Oremland, 1988; Ramanathan, 1988) and nearly tripled in the last 400 years 

(Khalil et al., 1989). Every molecule of Cl4, a powerful greenhouse gas, absorbs 

outgoing infrared radiation 20 times more effectively than a molecule of CD2 (Mooney et 

al., 1987). Modelling global CR4 balances and identifying sources of increased CR4 

concentration requires an understanding of carbon cycling on all landforms. The soil can 

both produce and consume CR4. Understanding the natural contributions to atmospheric 

CR4 helps to assess the role of man-made CR4 additions in increasing atmosphere CR4. 

The boreal forests of Canada contain a large portion of the northern wetlands, yet 

knowledge is lacking about interaction of the boreal ecosystem with the atmosphere. 

Northern wetlands (>40°N) are believed to produce about 66% of the total global CR4 

emissions, but the small number of flux measurements from these areas leaves these 

values as rough estimates (Matthews & Fung, 1987). 

Methane fluxes are measured in the central boreal wetlands to establish the 

importance of Canadian wetlands in global CR4 cycles. The Cl4 fluxes also provide 

important information about the carbon cycle since CR4 production and oxidation are 

major carbon mineralization processes in anaerobic environments. It is important to study 

carbon turnover in the boreal wetland ecosystems because peatlands are believed to have 

water-purifying capabilities and a unique gene pool in the vegetation. The carbon cycle is 
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the cornerstone of an ecosystem since many of the nutrient cycles are dependent on it and 

the nutrient status of the soil is crucial in plant growth. Unlike European peatlands which 

have been nearly eliminated, Canadian peatlands remain relatively untouched. 

The relationship between environmental factors such as temperature and water 

levels in wetlands and Cf4 emissions are measured to determine their influence on Cf4 

flux. Identifying the influences of environmental factors on Cf4 flux may provide an 

understanding of possible changes in Cf4 emissions resulting from global warming and 

other human-induced changes in the environment. 

To gain a more complete understanding of long-term carbon dynamics in 

terrestrial systems, stable carbon isotopes have been employed. Stable carbon isotope 

variations (ol3C) have been used successfully to study carbon cycling in soils (O'Brien 

& Stout, 1978; Natelhoffer & Fry, 1988). Natural 13C variations can provide 

understanding of carbon transformations, sources and forms in situ without the adverse 

artifacts found in laboratory settings. The large carbon isotope fractionation associated 

with Cf4 production can provide a method of tracing carbon which has undergone 

methanogenesis. 

A combination of stable carbon isotopes and methane flux measurements may 

provide a more complete understanding of carbon dynamics within wetlands and their 

interaction with the atmospheric Cf4 pool. The objective of this thesis is to reveal 

dominant carbon cycling processes and pathways in central boreal forest wetlands. The 

following approaches used are: 

1) Measure the Cf4 flux from contrasting boreal forest wetlands. 

2) Measurement of the effect of environmental control variables (temperature, water 

level, nutrients and substrates) on Cf4 flux. 
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3) Evaluation of long term carbon cycling processes in situ through the use of ol3C 

values with an emphasis on Cf4 production and oxidation. 
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2. LITERATURE REVIEW 

2.1 Terrestrial Carbon Cycle 

Carbon is the backbone of life on the planet since it constitutes about 45 % of 

all biomass on a dry-weight basis. In the biosphere, carbon makes up one-quarter of all 

atoms, sharing second place with oxygen in abundance behind hydrogen (Smil, 1985). 

carbon cycling in the biosphere can be separated into the components of land, ocean and 

atmosphere (Fig. 2.1). The carbon in the atmosphere is only 1/10,000 of the amount of 

carbon stored on land and 1/360,000 of carbon stored in the ocean. Despite the small 

proportion of global carbon in the atmosphere this carbon is of great importance because 

it supplies carbon for terrestrial photosynthesis and partially controls the earth's 

temperature. Since most of the carbon in the ocean is dissolved inorganic carbon and the 

dissolved inorganic carbon concentration is controlled by its equilibrium with 

atmospheric C02, the ocean carbon cycle has little power to change the atmospheric 

carbon cycle (Bolin et al., 1979). Organic carbon on land influences the atmospheric 

carbon cycle by consuming C02 during photosynthesis and releasing carbon during 

respiration of organic matter. The balance between photosynthesis, respiration and 

combustion of carbon on land controls the atmospheric carbon content. 

Accumulations of carbon in vegetation, soil organic matter and organic 

sediments act as carbon storage areas. Carbon contained in organic matter of terrestrial 

soils (2500 x 1012 kg) is three to four times the atmospheric carbon content (700 x 1012 

kg) and five to six times the land biomass (480 x 1012 kg)(Stevenson, 1986). Estimates 

of total organic carbon pools on land are highly variable because of incomplete 
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Fig. 2.1 Global biogeochemical carbon cycle. (Estimates for all storages (rectangles) 

and annual fluxes (valves) are in billion tonnes of carbon.)(after Smil, 

1985). 

quantitative measurements of soil carbon and plant biomass (Smil, 1985), the continual 

decrease in vegetation, and an increased rate of burning of carbon substances 

(Hampicke, 1979). Plants assimilate 100 billion tonnes of carbon from the atmosphere 

each year (Smil, 1985). Decomposition of plant and soil carbon releases approximately 

47 billion tonnes of carbon per year in the forms of C02 and Cf4 to the atmosphere 

(Smil, 1985), with 0.25 billion tonnes carbon as CR4 (Khalil &Rasmussen, 1983). The 

soil organic carbon cycle is linked to the living plant carbon through the atmospheric 
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carbon cycle since C(h from the soil released during decomposition can be assimilated 

by plants during photosynthesis. 

2.1.1 Soil Carbon Cycle 

Carbon cycling between soil, living matter and the atmosphere provides the 

foundation of life on land (Fig. 2.2). The soil has organic carbon additions estimated at 

47 billion tonnes carbon per year (Smil, 1985), which originate from dead plant, animal 

and faunal matter above and below ground. As microorganisms utilize plant residue and 

soil organic matter for energy and reproduction, C02 and CI4 are released and may 

enter the atmosphere or be converted into soil inorganic carbon. Also, C02 released from 

plant roots may be converted into secondary or pedogenic carbonates, where calcium is 

present. Water and wind erosion and drainage losses can result in the translocation of 

organic and inorganic carbon to different locations or the loss of carbon from land to the 

ocean. 

The carbon cycle does not stand alone but is closely tied to other nutrient 

cycles such as N, S, P and micronutrients (Fig. 2.3) since carbon links with these 

nutrients providing the building blocks of life. 

2.1.1.1 Carbon forms 

2.1.1.1.1 Inorganic Carbon 

Inorganic carbon is found in non-rock and rock forms. The non-rock forms 

are dominantly C02 (g), C032-, H2C03, HC03- and CO(g)· Carbon-based rocks can be 

divided into carbonate or non-carbonate. Carbonates compose 73 % of the carbon in the 

earth's crust (Kempe, 1979). Non-carbonate carbon is found in the forms of graphite 

and diamond. The dominant carbonates are calcite (CaC03 with Mg incorporated into 
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the lattice), aragonite (CaC03 with Sr incorporated into the lattice) and dolomite 

(CaMg(C03)2). Some rarer carbonates are magnesite (MgC03), huntite 

(CaMg3(C03)4), and siderite (FeC03). Calcium-based carbonate rocks are becoming 

more abundant with time because Ca is more soluble and therefore available in natural 

climatic conditions than the other elements (Kempe, 1979). 

2.1.1.1.2 Organic carbon 

Soil organic matter is a large store for organic carbon. Grasslands tend to 

accumulate the organic matter in the root zone, whereas forests concentrate the organic 

carbon in a thin litter layer on the soil surface (Geis et al., 1970). Wetlands contain large 

reserves of organic carbon (up to 2 or 3 thousand Mg ha-l) in the form of peat, which 

can approach a depth of 10 m (Barber, 1981) but is generally 1 to 2 m deep in boreal 

regions. 

Individual components found in organic matter originate as plant and 

microbial materials. The dry matter in plants is composed of cell uloses, hemicelluloses, 

sugars, starches, lignins, proteins, fats, waxes, and tannins (Fig. 2.4 ). These 

compounds can be rated according to their ease of decomposition as follows: 

Sugars, starches and simple proteins 
Crude proteins 
Hemicelluloses 
Cellulose 
Lignins, fats, waxes, etc. very slowly decomposed 

Complex macromolecules must be broken down into simpler molecules before complete 

decomposition can occur and therefore tend to take longer to decompose (Stevenson, 

1986). A portion of the plant residue decomposes to C02 and the remainder is 

transformed into humus. Humified material consists of a series of highly acidic, yellow 

to black colored, high-molecular-weight polyelectrolytes (Stevenson, 1986). Humus 
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Sugars and starches ( 1-5%) 
Hemicelluloses ( 1 0-30%) 
Cellulose (20-50%) 

Carbohydrates 
60% 

TYPES OF COMPOUNDS 

{

Water-soluble and 
crude protein 
(1-15%) 

Fats, waxes, 
tannins 
(1-8%) 

Carbon 
44% 

Oxygen 
40% 

ELEMENTAL COMPOSITION 

Fig. 2.4 Composition of representative green plant materials 

to soils. (from Brady, 1974) 
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compounds have distinctly different properties than biopolymers of living organisms. 

Humus can be characterized chemically into humic acid-(soluble in alkali and insoluble 

in acid), fulvic acid (soluble in acid and soluble in alkali) and humin (insoluble in alkali 

and acid). 

2.1.1.2 Carbon transformations 

The dominant carbon transformation processes in soil are mineralization and 

immobilization. Mineralization is the conversion of carbon from organic to mineral fonns 

such as C{h and Cf4, and the reverse process is immobilization. The immobilization of 

carbon by plants and microorganisms and consumption of those species by animals 

forms the food chain. In nature, frre or decomposition of organic carbon by microbes is 

required to mineralize carbon from plants and animals. The decomposition process is 

controlled by the types of microorganisms which are categorized according to their 

activity in varying concentrations of {h. Fungi, actinomycetes and bacteria, all active in 

aerobic environments, mineralize carbon to C{h. In anaerobic environments only strict 

anaerobes and facultative anaerobes thrive, mineralizing carbon to Cf4. The end 

products of metabolism differ between aerobic and anaerobic conditions. Aerobic 

decomposition produces C02, N03 and H20 while anaerobic decomposition products 

are organic acids, Cf4, H2S, N2, C02 and a variety of secondary products such as 

mercaptans, primary and secondary amines, aldehydes and ketones (Stevenson, 1986). 

The smaller the proportion of carbon decomposing in freshly added litter, the 

greater the amount of carbon which will be retained in the soil. Carbon accumulates as 

peat because of a slow decomposition rate rather than high rates of primary production 

(Bartsch & Moore, 1985; Farrish & Grigal, 1988). 
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The rate of decomposition is controlled by temperature, water supply, oxygen 

supply, plant material type, and the nature of microorganisms and invertebrates in the 

soil. Cool temperatures lower decomposition rates. Saturated conditions limit the 02 

supply and greatly reduce decomposition. Therefore, cold, waterlogged peat has a slow 

decay rate, with only about 5 to 15 % of added litter decomposed in the first year 

(Bartsch & Moore, 1985). Vegetation also influences the rate of decomposition. 

Coniferous forest litter decays much slower than deciduous litter because conifers 

contain more resistant substances and an acidic pH (Van Cleve et al., 1983). Some plants 

such as Sphagnum moss decay at slower rates than others, such as sedges (Clymo, 

1983). A slower carbon mineralization rate of 1.5% of total carbon yrl (-1/6 of 

mineralization rate at the surface) occurs at depth in peat because of fewer easily 

decomposed compounds in deep peat (Yavitt et al., 1987). Slower decompostion in peat 

at depth also results from poorer environmental conditions (low 02 and temperatures) 

(Farrish & Grigal, 1988), limited nutrients (Given & Dickenson, 1975), and sparse 

microbial populations (Stout, 1971) which limit mineralization. 

Soil organic carbon can be separated on the basis of residence time before 

mineralization. Easily degradable components, such as sugars and starches, are only in 

the soil for hours or days before being completely utilized as an energy source by 

microbes. There are also medium and long-term storehouses of organic carbon. The long 

term carbon can remain inactive for greater than 1000 yr. These carbon compounds 

which resist complete decomposition are transformed through biological and chemical 

reactions into complex humus compounds. Humus is believed to be formed from 

monomers released during decomposition, which are polymerized into high-molecular

weight polymers. One of the humus production pathways appears to be the reaction of 

polyphenols and quinones, likely originating from lignin, which self-condenses or 
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combines with amino compounds (Stevenson, 1986). Many compounds such as 

carbohydrates, proteinaceous constituents (e.g. peptides) and lipids react with humus 

and mineral constituents in the soil to form part of the organic matter. 

2.2. Carbon Cycling in Wetlands 

2.2.1 Carbon Forms 

2.2.1.1 Inorganic 

All of the previously mentioned inorganic carbon forms reported to exist in 

soils (section 2.1.1.1.1) are found in wetlands. Methane would be an additional non

rock inorganic carbon form prevalent in wetlands. Carbonates can be found in wetlands 

where the surrounding soil contains carbonaceous parent materials and water drains from 

these areas into the wetlands. Carbonate minerals commonly found are calcite, aragonite, 

and some dolomite and siderite (Kempe, 1979). Siderite is found in wetland conditions 

because it is only produced in anaerobic conditions where Fe is in soluble forms. 

2.2.1.2 Organic 

Wetlands accumulate organic carbon because of slow decomposition rates 

under anaerobic conditions. Organic carbon in peat often bears the same fibrous 

appearance as the original dead plant material. About 10% of annual plant productivity 

accumulates in the form of peat (Given & Dickenson, 1975). Microbes in peatlands near 

Schefferville, Quebec decomposed only 6 to 26% of the litter mass in one year (Bartsch 

& Moore, 1985). Peat growth can vary greatly among wetlands and within a wetland. 

Peats in North West Europe grow in depth by approximately 0.5 mrn/yr with a range of 

0.2 to 4 mm/yr (Barber, 1981). Since peatlands in Canada are relatively young they are 
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shallow compared to European peatlands (up to 10m deep). Peat near Edmonton, 

Alberta is generally 1 to 2 m in depth (Osvald, 1970). 

The organic compounds found in wetlands differ from aerobic systems 

because they contain remains of poorly decomposed plants and the products of 

fermentation (Table 2.1). Fermentation often results in the accumulation of organic acids 

such as acetic, formic, lactic and butyric and the end products N2, H2S and CI4 

(Stevenson, 1986). In peat, the proteins, cellulose and lignin tend to resist 

decomposition while lipids, sugars and starch appear in surface peat (Lahdesmaki & 

Piispanen, 1988). 

Table 2.1 Organic compounds peculiar to wet sediments. 

(from Stevenson, 1986) 

Class 

Fermentation products 

Modified or partially 
modified remains of plants 

Synthetic organic chemicalsa 

Carcinogenic compoundsa 

Comments 

Incomplete oxidation leads to production of 
CH4 , organic acids, amines, mercaptans, 
aldehydes, and ketones. 

In addition to slightly altered lignins, 
carotenoids, sterols, and porphyrins of 

· chlorophyll origin are preserved. 
Many man-made chemicals (e.g., DDT) 

decompose slowly if at all under anaerobic 
conditions. 0 

0 

Synthesis of methylmercury, dimethylarsine, 
dimethylselenide, and nitrosamines of 
various types. 
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2.2.2 Carbon Transformations 

The majority of decomposition in wetlands is associated with the aerobic 

oxidation to C(h that occurs at the surface of the peat. Although bacteria dominate the 

microbial populations in wetlands because of the anaerobic conditions, fungi also tend to 

be present at the surface and are likely important in initial decomposition (Given & 

Dickenson, 1975). 

POLYMERS 
e.Q. Pol~socchorides 

Prote1ns 
LipidS 
DNA, RNA 

! 
MONOMERS 
~Q. Monosaccharides 

Amino Acids 
Fatty Acids 
Nucleatides 

~ ~ acetate 

\~ A/cetag~~\s,i/s~ ~~~~h~ls 
/\. methylamines 

Sulfate reduction 

~ 
(+S2-) 

DEPOLYMERIZATION 

FERMENTATION 

TERMINAL 
METABOLISM 

Fig. 2.5 Representation of the "anaerobic food chain" theory in anoxic sediments. 

(from Capone & Kiene, 1988) 
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. Decomposition in the anaerobic areas mainly follow the fermentation and 

reduction reaction pathways which form an anaerobic food chain (Fig. 2.5). Polymers 

such as carbohydrates, fatty acids, waxes, lipids and proteins decompose in anaerobic 

conditions to produce a series of end products such as ethanol, glycerol, oxaloacetic and 

phenolic acids, carbon dioxide, methane and acetylene (Sikora & Keeney, 1983). Large 

organic molecules in plant debris, such as polysaccharides, proteins, lipids and nucleic 

acids, are initially depolymerized and hydrolyzed into monomers, such as 

monosaccharides, amino acids, fatty acids and nucleotides. Then, the monomers are 

dominantly fermented to acetate. In anaerobic decomposition of plant material, all the 

carbon from fatty acids and two thirds of carbohydrates decompose to acetate (Bryant, 

1979). The destruction of carbohydrates in anaerobic conditions initially produces 

pyruvic acid which is fermented into lactic, propionate, formic, butyric and acetic acids 

(Fig 2.6). Fermentation products, such as acetic acid and other organic acids, alcohols 

(e.g. ethanol), carbon dioxide, nitrate, and sulfate are then used as electron acceptors by 

terminal consumers such as denitrifying species, sulfate-reducers and/or methanogens. 

The products, C02 and H2, can also be transformed back into acetate through 

autotrophic acetogenesis (Bryant, 1979). Close interactions between fermentative 

bacteria, acetogenic H-producing bacteria and methanogens results in each link in the 

food chain being dependent on the other (Lovely & Klug, 1982). Fermentation reactions 

may be inhibited by the buildup of reaction products such as low-molecular-weight 

organic acids, alcohols and H2 (Lovely & Klug, 1982). Therefore, the terminal 

consumers play an important role in determining the rate and extent of the overall 

anaerobic decomposition of complex organic matter (Bryant, 1979). Methane production 

and sulfate-reduction are the dominant terminal consumers because conditions are often 

too reduced to allow any other higher energy forming reactions, such as Mn-reduction, 

16 



. CrJ:IaA 
carbohydrates 

' ( t:J co. + He 

Carbon dioxi.de Hydrogen 

Pyruvic acid 

/ 
HCOOH 

Formic acJd 

+ co. 
CH3 

I 
COOH 

Me tUDe 
AceU.c acJd 

CH3 
I 

CHOH 
I 

COOH 

LacUc acid 

CH3 
I 
CH 8 

I cH. 
I 
COOH 

Butyric acid 

CH3 
I 
CH 8 
I 
COOH 

Propionic acJd 

I 
CH3 

60011 + cH. 

Fig. 2.6 Reactions of pyruvate in anaerobic systems, showing major organic acid 

and CILI formation. (from Stevenson, 1986) 

denitrification and <h reduction (Table 2.2) (Reeburgh, 1983). When sulfate is present, 

sulfate-reduction out competes the methanogens for most substrates; when sulfate is in 

low concentrations methanogenesis will proceed (Kuivila et al., 1989). Any factors 

changing the activity and growth of the bacterial population will control decomposition 

rates. Most studies examine methanogenesis and fennentation as a group because the two 

processes are too closely intertwined to separate and the lack of understanding in the 

anaerobic decomposition process only allows the process as a whole to be studied. 
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Table 2.2 Sequences and capacity of organic matter oxidation in marine sediments. (from Reeburgh, 1983) 

Concn in CH20 
Energy hypothetical oxidizins 
yield sediment capacity Depth scales in typical environments 

(kJ mol·• 
Reaction p (e) Eh (mV) CH:O) Typical concn (mM) (mmolliter-• sed.) LowCH 20flux Hish CH20 flux 

0 2 reduction 12.1-12.5 720-740 -475 0-0.09 0-0.85 0-0.85 0-1 em 
Denitrification -12 710 -448 0-0.04 0-0.037 0-0.03 IS em 
Mn(IV) .... Mn (II) 8.0 470 -349 :t Mn: 

> 1.5% in deep sea 43.2 21.6(?) 15-30 em 
(0.27 mmol g- 1) 

..... 0.1 5% in Skan Bay 4.3 2.2(?) 
00 (0.027 mmol g-•) ~ ~I m ~ -1-5 em 

Fe(IJI) - Fe(ll) 1.0 60 -114 :t Fe: 
>4.0% in deep sea 112 28(?) 20+ em 

(0. 7 mmol g- 1) 

2.0% Skan Bay 56 14(?) 
(0.35 mmol g-•) 

Sulfate reduction -3.8 -200 -77 0-30 0-28.2 56.4 
, 

10+ em 
Methanogenesis -4.2 -250 -58 (?) 25+ em 

(fermentation) 

Diss. org. C 1-7 
Part. org. C 4% (3.3 0.95-6.5 

mmolg-•) 528 



2.2.2.1 Microbial Methane Production 

Methane is produced by a special group of bacteria called methanogens, which 

are a member of the phylogenetically distinct group, Archaebacteria. Methanogens 

have the unique energy metabolism of CI4 generation (Jones et al., 1987). Methanogens 

use the substrates acetate, carbon dioxide, methanol, methylamines, carbon monoxide 

and formate, and possibly other simple organic substrates. The central metabolic 

pathway in methanogens involves stepwise reduction of one-carbon units until the 

substrate has been broken down to small molecule end products like CH4, H20, C02 

Fig. 2. 7 Pathway from C02 to Clta in M. thermoautotrophicum. 

(from Jones et al., 1987) 
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(Fig. 2. 7). This reaction can only occur when there is a low reduction potential 

(theoretical Eh of -250 mV)(Reeburgh, 1983). 

2.2.2.1.1. Methanogenesis from C02 and H2 

Production of Cl4 from C02 and H2 can account for 20-50% of Cl4 produced 

within paddy soils but tends to be less in salt marshes and mires. H2 substrate can be 

obtained from the available H2 pool or through interspecies H2 transfer within 

syntrophic bacterial associations (Conrad and Babbel, 1989). lnterspecies transfer of H2 

occurs between juxtaposed cells of H2-producing fennenting bacteria and H2-consuming 

bacteria. H2-producing bacteria are most likely glucose, lactose and ethanol-fermenting 

bacteria (Conrad et al., 1989 b). Symbiotic relationships allow CI4 production in 

localities where the H2 dissolved pool is low or where there is strong competition from 

other H2 consuming microbes, i.e. sulfate-reducers. In paddy soils, 95-97% of C02/H2 

derived CH4 is produced by methanogenic bacterial associations (Conrad et al., 1989 b). 

Methane is fonned by C02 contributing carbon and oxidizing H2 to form CH4. 

Reduction of C02 to CH4 is assisted by three coenzymes which act as one-carbon 

carriers. These three coenzymes, carbon dioxide reduction factor (MFR), 

tetrahydromethanopterin (H4MPT), and coenzyme M are unique to methanogens. About 

95% of C02 reduced to Cl4 is via the 5-formyl-HMPT coenzyme (Jones et al., 1987). 

2.2.2.1.2 Methanogenesis from acetate 

In freshwater areas, over 70% of the CRt may be derived from acetate 

(Woltemate et al., 1984). In a variety of lake sediments, paddy soils and laboratory 

digestors 2 to 70% of the Cl4 was derived from acetate (LaZerte, 1981). Methane 
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production from acetate is dependent upon the cell's ability to cleave the acetate molecule, 

reduce the methyl equivalent, and oxidize the carboxyl equivalent (Jones et al., 1987): 

CH3COO-+ H20 ~ CH3- + H+ + COO +HO--+ CR4 + HC03-

The carboxyl group is oxidized so it can provide electrons for carboxylation during CR4 

formation. These microbes do not have to take up H2 because H20 is cleaved for the 

CI4 and formate is split into H+ and C~ to supply H for cell growth (Zehnder et al., 

1980). As a result, acetate-based methanogenesis may be stimulated when H2 drops to 

low levels (Ferguson and Mah, 1983). 

2.2.2.1.3. Methanogenesis from methanol and methylamines 

Methanol and trimethylamine can be important substrates and produce the bulk of 

CI4 in salt marshes (Oremland et al., 1982). In most cases methylamines are only a 

small portion of the methanogenesis substrate (Capone & Kiene, 1988) but 25% of CI-4 

production in salt marshes has been claimed to originate from trimethylamine (Oremland 

et al., 1987). The importance of these substrates in freshwater environments has yet to 

be studied. Methanol can be produced through bacterial degradation of lignins and 

pectin, and methylated amines can be produced through the decomposition of choline, 

creatine and beataine. Methanogenesis from methanol or trimethylamine can result with 

or without the presence of H2. Only organisms from the family Methanosarcincaea are 

capable of converting methyl carbon to carbon dioxide and CR4 in absence of hydrogen 

because they contain special, membrane bound cytochromes (Jones et al., 1987). There 

must be acetate present before growth of an organism can occur with hydrogen and 

methanol. Acetate does not convert to CI-4 but is used for cell carbon and production of 

an electron donor, C02. M. barkeri requires acetate and Na for growth because Na is 
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involved in the oxidation of methanol to formaldehyde and reactions which turn acetate 

into cell constituents. Some organisms like M ethanospJUzera stadtmaniae require C02 in 

addition to methanol and H2 for cell growth (Muller et al., 1986). 

2.2.2.1.4 Competition for substrates by methanogens 

Energy produced during methanogenesis is similar for all the common substrates: 

carbon monoxide -196.7 KJ moi-l CI4 

hydrogen/ carbon dioxide 

formate 

methanol 

methylamines 

acetate 

-135.6 KJ moi-l CI4 

-130.1 KJ moi-l CI4 

-104.9 KJ moi-l CI4 

- 74 KJ moi-l CI4 

- 31.0 KJ moi-l CI4 

(Jones et al., 1987 ; Ferguson and Mah, 1983). 

The energy produced during methanogenesis is small for the organism relative to the free 

energy required to hydrolyze ATP (-31.8 KJ/mol) which would limit growth and activity 

of methanogens. H2.:.C02 grown cultures are able to produce CI4 much faster than 

methanol-grown cultures and methanol-grown cultures are faster growing than acetate 

grown cultures (Rajagopal et al., 1988). Many methanogens can utilize more than one 

substrate. Surprisingly, methanol is the preferred electron acceptor over H2-C02 when 

both are available to produce the cell energy. When methanogens have both methanol and 

acetate available, methanol will be used preferentially (Ferguson and Mah, 1983). 

Methanogens only use acetate when no other substrate is available or when they can only 

utilize acetate. A Methanosarcina strain which could only thrive on acetate was found to 

have a high affinity for acetate allowing it to compete ecologically with more efficient and 

faster growing methanogens. As a result the fastest growing organisms are not 
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necessarily the most important in nature, for example, in high acetate environments 

(Zehnder et al., 1980). 

2.2.2.1.5 Environmental controls on methane production 

Environmental factors control and limit the production of CH4, either by directly 

influencing the methanogens or else by influencing precursor microbial communities in 

the anaerobic food chain. Decomposition rates in anaerobic conditions will depend on the 

activity of both the fermenting and CH4 producing bacteria. The most restricting 

environmental factors on methanogenesis tend to be: excessive 02 levels, high sulfate 

concentrations, cold temperatures, lack of nutrients and acidic pH levels. Methanogens 

are strict anaerobes and cannot survive in the presence of 02. Water levels are important 

in controlling CH4 production since lower water levels increase the aerobic area 

(Svensson & Rosswall, 1984). Methane production decreases logarithmically with 

decreases in the water table level (Moore & Knowles, 1989). 

The presence of high sulfate concentrations is reported to inhibit methanogenesis 

and the cause of inhibition is substrate competition and not toxicity (Winfrey & Zeikus, 

1977; Lovely et al., 1982; Oremland & Polcin, 1982; Lovely & Klug, 1983a; Capone & 

Kiene, 1988; Kuivila et al., 1989). Methanogens and sulfate-reducers compete for the 

substrates: acetate, carbon dioxide or hydrogen, formate and methanol (Table 2.3 ). 

Sulfate-reducers can produce more energy utilizing these substrates than methanogens. 

Methanogenesis will be suppressed until sulfate concentrations decrease below 30 to 20 

Jlmol (Turner & Fritz, 1983; Capone & Kiene, 1988; Kuivila et al., 1989) or until 

sulfide concentrations exceed 100 J.Lg mL -1 pore water (Winfrey & Zeikus, 1977). 

Additions of acetate and H2 may stimulate methanogenesis if excess amounts of 

substrates are present for the sulfate-reducers to consume (Winfrey & Zeikus, 1977; 
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Table 2.3 Substrates utilized by methanogenic and sulfate-respiring 

bacteria. (Can be used for growth - X; not known at present - ?) 

(from Cicerone & Oremland, 1988) 

Electron donor Methanogens 
Sulfate-
respirers 

Pyruvate X 
Lactate X 
Propionate X 
Butyrate X 
Valerate X 
Malate X 
Succinate X 
Benzoate X 
Glucose X 
Ethanol X 
Propanol X 
Butanol X 
Alanine X 
H2 X X 
Acetate X X 
Methanol X X 
Formate X X 
Dimethyl sulfide X ? 
Trimethylamine X ? 
Dimethylamine X ? 
Monomethylamine X ? 
Ethyldimethylamine X ? 
Carbon monoxide X ? 

Lovely et al., 1982). In some cases sulfate-reducers were using substrates other than 

acetate which was indicated by the lack of suppression of sulfate-reduction with 

molylxlate (Capone & Kiene, 1988). At times when essential elements are limiting or the 

pH is high, sulfate-reducers do not compete for methanol (at higher concentrations) and 

methylated amines with methanogens (Oremland et al., 1982; Oremland & Polcin, 1982; 

Winfrey & Ward, 1983; Capone & Kiene, 1988), allowing Cf4 production to coexist 
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with sulfate-reduction (Oremland et al., 1987; Weider et al., 1990). It is believed that 

sulfate levels in most freshwater systems are too low for _sulfate-reduction to dominate. 

Methanogens can be classed as psychrophilic, mesophilic or thermophilic, with 

CH4 production extending over temperatures from 0 to 90°C. In freshwater systems, 

active methanogens have been isolated from 4°C lake sediments and 30°C paddy soils 

(Conrad et al., 1989a). Methane production was reported to have a significant positive 

relationship with temperature in subarctic peats (Moore & Knowles, 1987). A 74-fold 

increase in Cf4 flux was exhibited over a three-fold temperature increase in an open bog 

in Minnesota (Crill et al., 1988). Between 15°C and 25°C, Cf4 emissions in paddy soils 

increase rapidly (Holzapfel-Pschom & Seiler, 1986; Schutz et al., 1989; Schutz et al., 

1990). 

The nutrient status of the environment may determine the activity and growth 

level of the methanogens. Methane production is positively correlated with a higher 

nutrient status. Methane fluxes are much higher in wetlands amended with fertilizer or 

sewage (Harriss & Sebacher, 1981). In most cases the limiting nutrients are N, P and K 

(Bartsch & Moore, 1985). Higher Cl4 production is associated with more rich nutrient 

environments (minerotrophic habitats) rather than nutrient poor ombrotrophic wetlands 

(Svensson & Rosswall, 1984). The low nutrient status of deep peat often limits the 

mineralization rate because any nutrients added with fresh litter are hydrolyzed and 

mineralized rapidly leaving behind recalcitrant residue (Y avitt et al., 1987). In areas with 

nutrient deficiencies, Cf4 production is directly related to loading rates of new organic 

residues (Molongoski & Klug, 1980). 

The effect pH has on gas production is dependent on the optimum pH range of 

the microorganism and the pH effect on substrate availability, product accumulation and 

microbial interactions. Methanogenic activity tends to increase as pH rises to neutrality 
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(Schutz et al., 1989). Methanobacterium-like and Methanosarcina-like organisms have an 

optimum pH range of 6.4-6.6 (Rajagopal et al., 1988). 

2.2.2.2 Methane oxidation 

Methane oxidation can greatly reduce the net amount of CH4 released to the 

atmosphere. Methane may be oxidized anaerobically and aerobically to C{h by 

microorganisms. Aerobic oxidization of Cf4 by methanotrophic bacteria occurs in oxic 

zones found near plant roots (Schutz et al., 1989), at water-sediment interfaces 

(Lidstrom & Somers, 1984), in oxidized water thermoclines (Rudd et al., 1974) and near 

the soil surface in unsaturated zones (Fechner & Hemond, 1992). In most cases the rate 

of CH4 oxidation is dependent on the concentration of Cf4 (Harrits & Hanson, 1980; 

Kuivila et al., 1988; Zyakun et al., 1988). One third of the carbon from oxidized CH4 

can be assimilated into cell material and extracellular products with the rest being 

converted into C02 (Rudd et al., 1974; Panganiban et al., 1979). Rudd et al. (1976) 

found aerobic methanotrophs became more sensitive to high oxygen concentration when 

they became deficient in N and required N2 ftxation. The Cf4 oxidation was then active 

in facultative environments which would allow simultaneous N2 ftxation. 

The location and existence of anaerobic methanotrophs is under debate 

because no organism has yet been isolated. An active population of aerobically active 

methanotrophs was isolated from anoxic peat (Y avitt et al., 1990). As well in Lake 

Mendota, in Wisconsin, Cf4 in the sediment was converted to C(h under anaerobic 

conditions, yet microorganisms inhabiting the thermocline could oxidize the Cf4 only 

under aerobic conditions, indicating there are two distinct groups of methanotrophs in 

stratified lakes (Panganiban et al., 1979). Anaerobic oxidation results in Cl4 being 

oxidized to C(h only in the presence of acetate and sulfate which were used as cell 
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carbon and an electron acceptor, respectively (Panganiban et al., 1979). Anaerobic 

oxidation increases with increases in the rate of CI4 production, in the partial pressure 

of CI4 and in concentrations of Fe, S042- and Mn02 (Zehnder & Brock, 1980). Some 

research has indicated that anaerobic oxidation is performed by sulfur-reducers (Alperin 

et al., 1988; Beauchamp et al., 1982). Sulfate and acetate may b~ required by the 

microorganisms for anaerobic oxidation (Panganiban et al., 1979). In marine sediments, 

anaerobic oxidation occurs at the base of the sulfate-reducing zone (Reeburgh, 1980; 

Iversen & Jorgensen, 1985) and the sulfate-reducers may be the active CI4 oxidizers 

(Reeburgh, 1976; Devol & Ahmed, 1981). 

The impact of CI4 oxidation on the net CR4 emission rates varies greatly 

(Rudd & Hamilton, 1978). Northwestern Ontario lakes had CI4 aerobic oxidation rates 

of0.15 to 1.0 J.LM hr-1 (Rudd et al., 1974). Lake Kivu in central Africa has an estimated 

aerobic oxidation rate of 0.48 mmoles m-2 d-1 which is the same order of magnitude as 

the CI4 production rates in this lake (Jannasch, 1975). The anaerobic oxidation rate in 

Big Soda Lake, Nevada was 1.36 mmol m-2 d-1 and accounted for the majority of the 

oxidation in the lake (Iversen et al., 1987). While more than 98% of the CI4 can be 

oxidized in the anoxic/oxic boundary of a lake, surface waters may be still supersaturated 

in CI4 with respect to atmosphere (Oremland et al., 1987). Ninety five per cent of the 

CI4 oxidation in a year can take place during fall overturn in Manitoba lakes (Rudd & 

Hamilton, 1978). Methane consumption in an Italian rice paddy (Holzapfel-Pschom et 

al., 1985) and Appalachian mountain wetlands (Yavitt et al., 1988) were up to 80% and 

11 to 100% of the CI4 produced, respectively. 

Aerobic oxidation of atmospheric Cf4 can occur in all unsaturated soils, 

therefore there is a vast area which could be consuming Clf4. Tropical forest soils 

consume small amounts of CI4 which are insignificant relative to Cl4 oxidation in the 
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atmosphere (Keller et al., 1986). Prairie grassland consumes 6.6 g CR4 ha-l d-1 under 

cultivation and the consumption rate decreases with N fertilization (Mosier et al., 1991 ). 

Temperate-forest soils consume up to 3.17 mg CR4 m-2 d-1 with these rates decreasing 

with elevated soil moisture and nitrogen additions. Globally, soils of temperate and 

boreal forests may consume up to 9.3 Tg Cf4 yrl (Steudler et al., 1989). 

2.3 The Global Methane Cycle 

2.3.1 Atmospheric Methane Cycle 

Methane is known as a greenhouse gas because it absorbs outgoing infrared 

radiation in the troposphere while cooling the stratosphere. Methane absorbs the 7. 7 Jlm 

absorption band radiation which makes up a significant proportion of outgoing radiation 

(Cicerone and Shetter, 1981). Heat from long wave radiation is held near the earth's 

surface instead of escaping into space, which causes global warming and shifted 

precipitation patterns. The Cf4 absorption strength per molecule is 20 times that of one 

molecule of C{h. 

Methane released into the atmosphere becomes an integral part of the chemical 

reactions occurring in the stratosphere and troposphere (Fig. 2.8). About 85% of the 

total CI4 flux is consumed by tropospheric OH radicals to produce CO and D3. Methane 

can act in production and protection of 03 in the stratosphere (Mooney et al., 1987). 

Ozone acts as a strong oxidant which damages organisms in the troposphere. The CO 

product will continue to react to form the greenhouse gas, C02, in volumes as great as 

6% of the direct annual release from anthropogenic sources (Cicerone & Oremland, 

1988). The Cf4 which does not react in the troposphere will move up to react with OH 

radicals, Cl and F atoms in the stratosphere. Water produced from Cf4 reactions in the 

stratosphere may contribute to stratospheric clouds which are chemically and radiatively 

28 



Escape of H 

Methanogenesis 

Fig. 2.8 Flow chart of methane from biological and abiogenic sources through 

oxidation pathways found in sediments, waters and the atmosphere. 

(from Cicerone & Oremland, 1988) 

important to the earth's climate. 

The present CI4 concentration in the atmosphere is 1. 7 ppm and has 

increased 1.1 % y-1 between 1951 and 1981 (Rinsland et al., 1985). Methane 

concentrations have increased rapidly from human-caused sources and from the decrease 

in the main sink, the atmospheric OH radicals. Since OH is the major sink for 

atmospheric CRt and CRt suppresses OH concentrations, there is an instability in the 
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system. As a result, increases in CI4 cause decreases in OH which will further increase 

atmospheric CI4 concentrations because there is less OH to destroy the Cl4 (Cicerone 

& Oremland, 1988). Since biogenic Cl4 production is temperature dependent, the 

emissions may increase in response to global warming which will create an even stronger 

greenhouse effect (Mooney et al., 1987). 

2.3.2. Methane Fluxes 

2.3.2.1 Global methane sources 

The total amount of CI4 emitted to the atmosphere is estimated between 400 

to 650 Tg (1012 g) per year (Khalil & Rasmussen, 1983; Mooney et al., 1987). The 

sources of CI4 can be thermogenic or biogenic in origin (Table 2.4). Thermogenic Cl4 

can be released from natural seepage of underground reservoirs, but dominantly is 

released directly from anthropogenic activities and biomass burning. Biogenic CI4 is 

produced in anaerobic soils and enteric fermentation in ruminants and wood-eating 

insects. Microorganisms in the digestive systems of rumen stomach animals such as 

cattle, sheep, and goats are estimated to produce from 60 to 200 Tg CH4 y-1 (Ehhault & 

Schmidt, 1978; Khalil & Rasmussen, 1983). Domesticated animals are estimated to 

produce 74 Tg year -1. The rumen stomach CB4 source is estimated to have increased 

four-fold since 1890 (Mooney et al., 1987). Termites are estimated to contribute 15 to 

150 Tg year -1 and will increase if forest clearing increases the termite population 

(Mooney et al., 1987). 

2.3.2.2 Wetland methane sources 

Total CR4 fluxes from wetlands are estimated at 100 to 200 Tg year 1 

(Matthews & Fung, 1987; Cicerone & Oremland, 1988) which is 20% of the total CH4 

30 



Table 2.4 Annual methane release rates for identified sources 

(from Cicerone & Oremland, 1988) 

Annual Release Range, 
Identity 1012 g CH4 1012 g CH4 

Enteric fermentation (animals) 80 65-100 
Natural wetlands (forested and 

nonforested bogs, forested and 
nonforested swamps, tundra 
and alluvial formations) 115 100-200 

Rice pad~ie.s 110 6Q-170 
Biomass burning 55 50-100 
Termites 40 10-100 
Landfills 40 30-70 
Oceans 10 5-20 
Freshwaters 5 1-25 

HEDC, 
1012 g CH" 

0 

33 
0 
0 
0 
0 
1 
0 

Methane hydrate destabilization 5? Q-100 (future) 5? 
Coal mining 35 25-45 35 
Gas drilling, venting, transmission 45 25-50 45 

Total 540 400-640 119 

"HEDC" represents hypothesized equivalent dead carbon methane. 

added annually to the atmosphere. The CR4 is produced in wetlands, such as marshes, 

swamps, peatlands, paddy soils, and in freshwater lakes and oceans (Table 2.4). Gas 

emission values vary depending on climate, soil type and soil treatment. Swamps and 

marshes in the southeastern USA have fluxes of 1. 7 to 36 g CR4 m-2 y-1 (Harriss & 

Sebacher, 1981; Pulliam & Meyer, 1992). The great Dismal Swamp in this area 

produced up to 7.2 g CR4 m-2 y-1 or consumed up to 1.8 g CR4 m-2 y-1, depending on 

the water levels for the year (Harriss & Sebacher, 1982). A saline wetland in France only 

emitted peak fluxes of 11.2 mg CR4 m-2 d-1 (Giani et al., 1989). 
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Sixty per cent of CH4 emitted from wetlands occurs in the latitudes from 50 ° 

to 70° N (Matthews & Fung, 1987). Minnesota peatlands emit about 207-337 mg CI4 

m-2 d-1 (Harriss et al., 1985; Crill et al., 1988) which, when extrapolated totals 70-90 Tg 

CRt y-1 in peatlands north of 40°. Subarctic northern boreal regions emit 0.2-10 g Cl4 

m-2 y-1 which converts to 14 Tg Cf4 y -1 from northern fens (Moore et al., 1990; Moore 

& Knowles, 1990). A subarctic mire in Sweden produced 0.32 to 960 mg CRt m-2 d-1 

(Svensson & Rosswall, 1984). The arctic region is estimated to emit 42 ± 26 Tg CRt y-1 

(Whalen & Reeburgh, 1992). Methane emissions from rice paddy soils were estimated at 

70 to 170 Tg CRt y-1 in 1979 which revealed that CH4 production from paddy soils 

increased 1.6% per year from 1944 to 1979 due to increased paddy production area, 

irrigation, multiple cropping and possibly, fertilization (Holzapfel-Pschom & Seiler, 

1986). Oceans and freshwater lakes produce low amounts of CI4 relative to the other 

sources, although freshwater and saline lakes in the northwest USA had CRt fluxes 

measuring 0.015 to 1152 mg m-2 d-1 (Miller & Oremland, 1988). Spruce forest soils 

have shown minor potential as a CI4 source during incubations in anaerobic, water 

saturated conditions (Sextone & Mains, 1990). 

The amount of CI4 emitted from a wetland is controlled by the balance 

between CI4 produced and oxidized below the surface, and CI4 transported to the 

surface. The factors controlling ca. production and oxidation have been discussed 

previously. Methane is transported to the atmosphere through diffusion, bubbles or 

ebullition, or plant respiration. Diffusion, being the slowest transport system and 

carrying CI4 in a readily-available dissolved form, has the greatest losses to CI4 

oxidation (Miller & Oremland, 1988). Ebullition (bubble) transport is the release of CRt 

from the depths to the atmosphere. Since ebullitive CH4 moves quickly through aerobic 

oxidizing zones less CI4 is oxidized than in diffusive transport (Chanton & Martens, 
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1988). Ebullition is a common transport mechanism in open water such as lakes and 

through flSSures and tubes in peatlands (Baker-Blocker et al., 1977; Miller & Oremland, 

1988; Fechner & Hemond, 1992). A bubble moves upward when it becomes too large 

for the pocket where it was sitting or when there is removal of overburden pressure 

(Windsor et al., 1992). Lower water levels during dry spells can decrease the above 

water pressure causing a pulse of CRt to be emitted (Moore & Knowles, 1989; Moore et 

al., 1990). Bubbles can also be pushed out of freshwater wetland sediments from tide 

pressure rushing upstream (Chanton et al., 1989). Gas transport in plants is active in rice 

and paddy weeds (Holzapfel-Pschom et al., 1986), water lilies and other marsh plants 

(Cicerone and Shetter, 1981; Chanton et al., 1988). Plant transport of <>2 down to roots 

creates a pathway for the transport of other gases, such as Clf4, C02, NH3, sulfur 

gases, N20, mercury compounds, ethylene or acetylene, from near the roots to the 

atmosphere. In some plants, the deposit of 02 in the roots results in an aerobic 

environment which stimulates CRt oxidation (Burke et al., 1988; Chanton & Martens, 

1988). Gas transport within plants may occur through the different mechanisms of 

molecular diffusion, transpiration or pressurized ventilation. Peltandra, a plant which 

transports Clf4 by molecular diffusion shows no signs of having significant CI4 

oxidation activity at its roots (Chanton et al., 1992). Different transportation systems 

within plants could result in different CRt oxidation activities at the roots. 

2.4. Use of NaturaJ13C Abundance Variations in Carbon Cycling 

Research 

Stable carbon isotopes are useful to trace the origin of carbon in a compound 

since the isotopic value of carbon can reflect its origin. Changes in isotopic values can 

occur in chemical and biological reactions which label the compound as having gone 
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through a specific reaction. The isotopic changes which can occur in reactions also may 

make it difficult to determine the origin of carbon. In order that ol3C values can be used 

as tracers for reactions or origin, knowledge is required about all possible carbon 

transformations and the potential fractionation during the transformations in the 

environment being studied. 

The natural carbon stable isotopes, 12C and I3c, have average terrestrial 

abundances of 98.89% and 1.11 %, respectively (Ehleringer and Rundel, 1989). The 

variations in 12C and 13C abundance are measured as a ratio of the two isotopes. 

Measuring absolute isotopic composition is not as reliable and /or convenient as 

measuring differences between a defined standard and the sample. Isotopic values 

measured in per mil (parts per thousand (%o)) allows small differences between samples 

to be precisely determined. 13C natural abundance variations are measured relative to a 

standard using the delta notation: 

X 1000 
( 13C / 12C) standard (PDB) 

Precisions of 0.02%ofor inorganic carbon (Coplen et al., 1983) and 0.1 o/oofor organic 

carbon (Carr et al., 1986) can be achieved because isotopic discrimination during mass 

spectrometric analysis appearing in both the numerator and denominator are cancelled 

out. Samples with a positive delta value are enriched in 13C relative to the standard; 

samples with a negative delta value are depleted in 13C relative to the standard. The 

accepted carbon standard is PeeDee Belemnite (PDB) and all supplies have been 

exhausted. Various other standards, such as graphite and toilet seat marble, have been 
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provided by the National Institute of Standards and Technology (NIST) and carefully 

standardized against the original PDB (Coplen et al., 1983). 

Variations in the 13C to 12C ratios result during transformations of carbon in 

biological and chemical systems. Isotope fractionation is an alteration of the ratio of 

heavy isotope to light isotope and is typically small. Isotopic fractionation results from 

different behavior in the isotopes due to their different masses (i.e. 12 versus 13). The 

different fractionations which can occur are kinetic, thermodynamic and nuclear-spin 

isotopic effects. 

Kinetic isotopic effects are produced through differences in reaction rates of 

isotopic forms in reactions or transformations. Isotopes with smaller masses (12C) have 

faster velocities than the heavy isotope (13C). Lighter isotopes form weaker bonds than 

heavier isotopes, therefore light isotopes can be released and bonded faster in reactions 

because of a lower activation energy level. The degree of fractionation resulting from 

kinetic effects is dependent on the difference in mass which causes a difference in their 

velocity and activation energy (Galimov, 1985). The kinetic fractionation factor can be 

calculated from the ratio of rate constants for a first order reaction (k121k13)· The 

isotopic ratio is altered during physical and chemical reactions such as diffusion or bond 

rupture. In most cases, the kinetic effect causes an enrichment of the light isotope in 

products and an enrichment of the heavy isotope in substrates left behind. Isotopic 

fractionations in soil and sediments occur primarily from kinetic isotopic effects. 

The thermodynamic isotopic effect is a change in isotopic composition in 

response to a reaction progressing towards the minimum free energy (Galimov, 1985). 

Compounds with heavy isotopes have smaller reserves of free energy than isotopically 

lighter forms of the same compound. Generally heavy isotopes concentrate in molecules 

where bond strengths are greatest (Peterson and Fry, 1987). Thermodynamic 
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fractionation results during adsorption and phase transition reactions. Accumulation of 

heavy isotopes tends to result in the solid phases and oxidized species during isotopic 

equilibrium (Thode et al., 1971). Thermodynamic fractionations are not common in 

natural systems. Often thermodynamic fractionation is temperature dependent, requiring 

higher temperatures than found in normal terrestrial environments and biological 

systems. 

Nuclear-spin isotopic effects may occur in some chemical processes, 

primarily the formation of free radicals, because they are dependent on total electron spin 

of the reacting system. The energy of these processes is dependent on the interaction 

between nuclear spin and electron spin. Nuclei having different spin will produce 

different probabilities of electrons converting from triplet to singlet state. This difference 

in probability for conversion determines the nuclear-spin isotopic effect (Galimov, 

1985). Nuclear spin isotopic effect is considered to be theoretical since only hints of its 

effect or existence have been noted. 

The extent of fractionation which occurs is dependent on the amount of 

substrate available, the pathway in which a compound is formed and the reaction 

temperature. When there is an unlimited supply of substrate available, then maximum 

discrimination between isotopes may be obtained (Fig. 2.9). A more complex case 

results when the amount of substrate is limited, such as in closed or partially closed 

systems. As the size of substrate pool decreases, the ratio of heavy isotope to light 

isotope increases in the substrate causing a decrease in the overall discrimination against 

the heavy isotope observed in the reaction. Complete conversion of substrate to product 

results in products with the same isotopic value as the substrate. Some soils and 

sediments can be considered as partially closed systems. 
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0 
Percent Reaction 

100 0 
Percent Reaction 

Fig. 2.9 Influence of substrate availability on kinetic isotopic 
fractionation 

100 

The reaction pathway converting a substrate to product can greatly vary the 

isotope fractionation. In unidirectional reactions, chemical intermediates are nearly 

quantitatively converted to a final product 

Substrate ~Intermediate..;. Product 

The fractionation would be kinetic in nature and result in a product with a larger amount 

of lighter isotope than the original substrate. The overall isotopic fractionation would 

result in the first step (Substrate ~Intermediate) as long as all of the intermediate is 

converted into the product (Peterson and Fry, 1987). Reactions containing a reversible 

step create a fractionation dependent on the fraction of the 'Intermediate' converted to 

'Product' versus the back reaction of 'Intermediate' to 'Substrate': 

Substrate < ) Intermediate ~ Product 
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It is unknown whether reversible enzymatic fractionation is caused by kinetic (Hoefs, 

1987) or a combination of kinetic and thermodynamic isotopic fractionation (Galimov, 

1985). When there is more than one step containing a fractionation, the fractionations 

from each step are not added together but the total fractionation is more dependent on the 

rate limiting step. Branched reactions with one or more side products depend on 

individual step isotopic discrimination factors and on the mass flow partitioning of 

isotopes between steps: 

kt k2 
Substrate -+ Intermediate ~ Product 1 

~~ 
Product2 

The isotopic composition of metabolites, such as amino acids, proteins and lipids, are 

controlled by branch reactions (Peterson and Fry, 1987). 

Extent of fractionation is dependent on the temperature during the reaction. 

Kinetic fractionation effects decrease with increases in temperature. Reactions in colder 

climates will produce more 13C depleted products than the same reaction occurring in a 

warmer climate. 

B13C variations in natural substances range from carbonates with slightly 

positive delta values to Cf4 with values as depleted as -90 o/oo (Fig. 2.10). Primary soil 

carbonates have B13C values near 0 %a Plants are depleted in 13C by -5 to -24 o/oorelative 

to atmospheric carbon at -8 %a C3 (Calvin cycle) plants have B13C values between -22 to 

-33 o/ooand C4 (Hatch-Slack cycle) plants range in B13C values from -9 to -19 o/oo Plants 

with crassulacean acid metabolism (CAM) fix carbon through C4 and C3 photosynthetic 

pathways, and therefore may contain a B13C value resembling the C4 and C3 Bl3C 

values or anything in between. Soil organic carbon B13C values reflect those of the plants 

from which they were derived, except for a slight enrichment in 13C. 
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Fig. 2.10 Ranges of carbon isotope ratios in terrestrial systems 

2.4.1 Natural Be Abundance in Soils 

Isotopic values of soil organic carbon reflect the B13c of the plants from 

which it is derived, except for a small enrichment of about 1 to 5 o/ooin aerobic conditions 

(Nadelhoffer & Fry, 1988). Soil B13C values range between -30 to -15 o/04 depending 

on whether the plant residue is from C3, C4 origin or a combination of the two (Fig. 

2.11). Peat is usually produced from C3 plants and therefore has B13C values varying 

between -35 to -20 %a Lake sediments show a wide range in carbon isotopic 

composition (-8 to -38 %o) reflecting the values of the land and aquatic plants. Primary 

and secondary carbonates usually range between -6 to +2 o/oo (Deines, 1980) and can 

greatly enrich the total carbon B13C values if not removed. 
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Fig. 2.11 Carbon isotopic composition of organic matter in continental 
sediments. (from Deines, 1980) 

2.4.1.1. Organic matter decomposition and humification effect on ()13C 

2.4.1.1.1 Aerobic soils 

()13C values for organic matter in aerobic soils usually become more 

positive with depth. Isotopic studies in forest soils consistently show 13C enrichments 

with depth (Fig. 2.12)(Ladyman & Harkness, 1980; Schleser & Pohling, 1980; Becker

Heidmann & Scharpenseel, 1986; Volkoff & Cerri, 1987; Nadelhoffer & Fry, 1988; 

Skjemstad et al., 1990). Enrichments with depth have been found to be greater in Bt 

horizons where older organic carbon is bound to clay (Becker-Heidmann & 

Scharpenseel, 1986). Exceptions to 13C enrichment with depth result when soluble 13C 
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Fig. 2.12 Model of isotopic changes during decomposition 
of forest soil organic matter. 

(Nadelhoffer &Fry, 1988) 
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depleted organic matter is illuviated into lower horizons as found in subtropical grassland 

soils (Volkoff & Cerri, 1987) or when the dominant vegetation type changes from C3 to 

C4 plants (Schwartz et al., 1986). 

Enrichment with depth corresponds to an increase in decomposition and 

humification. 13C enrichment could be the result of overall discrimination against 13C 

during organic matter decomposition or due to preferential preservation of litter 

components or organic matter which is rich in 13C. In incubation studies, overall 

isotopic fractionation during decomposition produces 13C enrichment in residual soil 

carbon (Nadelhoffer and Fry, 1988). A model has been developed to estimate the overall 

13C enrichment caused by decomposition, assuming a kinetic fractionation favoring 13C 

over 12C during respiration (O'Brien & Stout, 1978). The discrimination against 13C 

during respiration would be less than or equal to 0.5 % during decomposition. This 

discrimination is enough to create 13c enrichment with depth but still evolve C02 from 

decomposition which is the same or very slightly depleted compared to the soil o13c 

values. Measurements of C02 evolved during soil decomposition produced o13C values 

with equal (Nadelhoffer and Fry, 1988) or slightly depleted values to the decomposing 

material (Schleser & Pohling, 1980). A higher preferential loss of 12C results during 

animal metabolism (i.e. earthworms) relative to microbial metabolism (O'Brien & Stout, 

1978). 

By examining isotopic values of plant components during degradation, 

preferential decomposition of 12C rich components appears unlikely. Easily degradable 

compounds such as proteins, nucleic acids and polysaccharides tend to be 13C enriched 

(Deines, 1980), so the decomposition of these easily degradable biopolymers by 

microorganisms would result in 13C depleted residues. Enriched easily degraded 

compounds could been polymerized and stabilized in the soil to increase 13C enrichment. 
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Degradation resistant compounds such as lignins and waxes tend to have 13C depleted 

values (Smith, 1972; Deines, 1980). More resistant compounds are left in the soil or 

transformed into stable humic acid-like compounds. If 13c depleted lignins persist in the 

soil, then soil o13c values will deplete as the proportion of lignins increase while other 

plant compounds are degraded (Benner et al., 1987). It is suggested lignin is not 

preferentially preserved in aerobic soils but must be decomposed in later stages of 

decomposition (Nadelhoffer and Fry, 1988). Transformations of lignin and other stable 

organic compounds with losses of 13c depleted functional groups may accompany 13C 

enrichment (Galimov, 1985). 

The o13C values of organic matter fractionated into fulvic acids (FA), humic 

acids (HA) and humin have been used to distinguish between terrestrial or marine

derived origin and study transformations of organic compounds in sediments (Brown et 

al., 1972; Nissenbaum & Kaplan, 1972; Gob et al., 1977; Streurmer et al., 1978). 

Separations of organic matter into HA and FA tends to show HA to be depleted in 13C 

relative to FA (Nissenbuam & Schallinger, 1974; Gob et al., 1976; Gob et al., 1977) 

which could be explained by HA originating from 13C depleted lignins (Nissenbaum & 

Kaplan, 1972). The humin fraction is usually the same or depleted in 13C relative to HA 

(Gob et al., 1976; Gob et al., 1977). 

Organic matter decomposition rates can be measured by using the large 

differences between isotopic values of organic matter derived from C3 or C4 vegetation. 

A change in vegetation type (C3 or C4) will result in new organic matter bearing o13c 

values similar to the present vegetation type and the old, resistant organic matter having 

o13C values resembling the previous vegetation type (Skjemstad et al., 1990; Vitorello et 

al., 1989; Balesdent et al., 1988, 1987). The change in soil o13C values from different 

plants has been used as an indicator of vegetation change in the Congo (Schwartz et al., 
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1986). Knowledge of 813C values for soil developed under original C3 vegetation and 

under C4 vegetation, and the time of cultivation with the new vegetation allows the 

calculation of percentage carbon turnover since the vegetation change. After 13 years of 

C4 plant cultivation on a Southwestern France soil, only 22 % of soil carbon was from 

the C4 plant (Balesdent et al., 1987). At least 50% carbon was incorporated from the 

introduced C4 plants after 100 years of cultivation on Missouri prairie with the half life 

of the easily mineralized component being 10-15 years (Balesdent et al., 1988). In Sao 

Paulo in southeast Brazil, deforestation and then 12 years of sugar cane production 

resulted in 83% of the carbon still originating from the forest, while after 50 years of 

cultivation 60% of carbon was from forest (Vitorello et al., 1989). Growing C4 grasses 

on a rain forest soil in northern New South Wales, Australia resulted in 49 % 

replacement of the native organic carbon after 35 years, and 7 5 % after 80 years. A much 

larger percentage of the original carbon remained with increased depth of profile 

(Skjemstad et al., 1990). 

Measuring 813C values for different particle size fractions in turnover 

studies has produced clues on how different size fractions are involved in organic 

decomposition. Soil particle fractions> 50J.Ull and< 2J.UI1 contained 813(: values closely 

matching the present C4 vegetation, thereby suggesting these fractions contain the 

youngest and most rapidly decomposed organic matter (Balesdent et al., 1987). The 

large fractions contain freshly added litter pieces while the fme clay fraction is believed to 

contain the active microorganisms. Coarse clay and silt sized fractions maintain 813(: 

values resembling the previous C3 vegetation 813C values, indicating slow turn over 

(Balesdent et al., 1987; 1988). The percentage turnover decreases as the soil size fraction 

decreases, except for the fme clay fraction, therefore most of the original carbon is 

contained in fmer fractions. 815N values have also indicated similar turnover activities in 

44 



the different size fractions (Tiessen et al., 1984 ). Brazilian soils did not show the rapid 

turnover in the fine clay fraction suggested to be from m1crobial origin (Vitorello et al., 

1989). After 50 years, turnover of original organic matter in the sand fraction was 67%, 

while only 30.5% in the fine clay fraction. 

An examination of o13C values for microaggregates and macroaggregates in 

a turnover study revealed that microaggregates contain a larger amount of the original C3 

organic matter, and therefore are more stable (Skjemstad et al., 1990). The proportion of 

original C3 organic matter remains higher in the microaggregates relative to the 

proportion in macroaggregates. The calculated turnover for microaggregates (< 1.6 Mg 

m-3) in the three depths, 0-7.5, 7.5-15, 60-80 em, were 75, 108 and 348 years 

respectively which is more stable than the macroaggregates with the turnover times of 

60,95 and 276 years for the same depths. 

Isotopic values of organic matter also can be used to trace plant community 

changes (Dzurec et al., 1985: Ugolini et al., 1981) and the pedogenic effects of plant 

community changes (Schwartz et al., 1986; Ladyman & Harkness, 1980). The 

difference in organic matter o13C values developed under C3 versus C4 plants provides 

a tracer for the origin of the organic matter (Dzurec et al., 1985; Schwartz et al., 1986; 

Chmura et al., 1987). 

2.4.1.1.2. Anaerobic soils 

There has been little research on the isotopic composition of organic matter 

in anaerobic environments. Organic carbon in peat usually contain o13C values which 

vary between -35 to -20 %a, with more 13C depletion in colder environments. Lake 

sediments have o13c values ranging from -8 to -38 %a, reflecting the values of aquatic 

and land plants, respectively (Fig. 2.11). Wetland soils usually bear o13C values for 
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organic carbon which remain constant with depth (Deines, 1980), possibly because of 

poor decomposition. Some anaerobic soils can have 13e depletions, since the proportion 

of lignin may increase relative to other components as decomposition proceeds and lignin 

is more 13C depleted proportionally to the rest of the litter (Hedges & Mann, 1979; 

Benner et al., 1987). It has been found that lignin proportionally remains the same as 

peat ages, but proteins are preferentially preserved (Lahdesmaki & Piispanen, 1988) and 

proteins are t3c enriched (Deines, 1980). 

Some studies use the isotopic values of the sediments to determine the 

transport and mixing of organic compounds from freshwater and saltwater (Chmura et 

al., 1987; DeLaune & Lindau, 1987; Peters et al., 1978; Peterson et al., 1985). The 

information on transport and mixing can be used to produce mixing models of freshwater 

and saltwater organic matter which are used to study food chain ecosystems (Chmura et 

al., 1987; Peterson et al., 1985). 

Most stable carbon isotopic studies in anaerobic conditions focus on Cf4 

and its production because methanogenesis is a dominant and important carbon 

mineralization process in anaerobic environments. Methane, biogenically produced in 

wetlands, has highly depleted o13c values of ·-31 to -94 o/oo due to a large isotopic 

fractionation during methanogenesis. Highly depleted methane o13C values were found 

in areas ranging from the Alaskan tundra to Japan rice paddies to Amazon wetlands 

(Woltemate et al., 1984; Martens et al., 1986; Oremland et al., 1987; Burke et al., 1988; 

Chanton et al., 1988; Quay et al., 1988; Tyler et al., 1988; Uzaki et al., 1991; Alperin et 

al., 1992; Burke et al., 1992; Chanton et al., 1992; Wassmann, 1992). 

The major factors creating variations in the o13C values of Cf4 are: (1) the 

o13C values of the organic matter in the site, (2) the kind of methanogen precursor, (3) 

the isotopic values of methanogen precursors, ( 4) the isotopic fractionation in the 
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production pathways, and (5) isotopic fractionation associated with Cl4 oxidation 

(Alperin et al., 1992; Burke et al., 1992). Differences in the 813(: values of total organic 

carbon can account for part or all of the difference in o13CJ4 values between two sites 

(Tyler et al., 1988; Alperin et al., 1992). 

Methane can be produced from acetate, C{h or methanol in nature and each 

has a different degree of fractionation as it is converted to CH4. The 13(: discrimination 

for substrates in decreasing order is methanol > C02 > acetate (Krzycki et al., 1987). 

Acetate only produces one third the fractionation of methanol, in the order of -21 %o 

(Krzycki et al., 1987). Methane produced from acetate commonly tends to have an 

isotopic value between -50 to -62 %o(Woltemate et al., 1984; Whiticar et al., 1986). The 

methyl group in acetate may be 13e depleted, with a value of -26.4 o/oo, relative to the 

whole acetate molecule while the carboxyl groups are enriched with a value of -6.0 %o 

(Blair et al., 1987), so part of the depletion in the CH4 may result from the more 13c 

depleted methyl group within the acetate. Carbon isotopic fractionation during C02 

reduction to CH4 ranges between -25 to -61 o/oo in laboratory studies, and is dependent on 

the bacterial species and environmental conditions (Games et al., 1978; Whiticar et al., 

1986; Krzycki et al., 1987). Methane production from methanol by a mixed bacterial 

culture in the laboratory produced a -94 o/oo fractionation (Rosenfeld & Silverman, 1959) 

and Methanosarcina barkeri caused a -73 o/oo fractionation (Krzycki et al., 1987). 

Therefore, CH4 produced from methanol is the most depleted in 13C. Seasonal variations 

in 8 13CH4 values are attributed to changes in the type of substrate being utilized, 

according to their availability with time (Martens et al., 1986; Alperin et al., 1992; Burke 

et al., 1992; Kelley et al., 1992). 

The isotopic value of CH4 produced from a specific substrate can vary as a 

result of differing amounts of available substrate being used (open versus closed 
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systems), environmental conditions (i.e. temperature, or nutrient status), and/or the type 

of microorganisms which are active. The changes in availability of one substrate through 

different seasons can result in changes in the o13Cl4 values: as the substrate becomes 

less available the system moves from being open to closed and the o 13Cl4 values 

become more 13C enriched (Alperin et al., 1992). 

The o13Cl4 values can be altered if a portion of the Cl4 is oxidized. 

Aerobic methanotrophs will favor the CI4 containing the light isotope during 

oxidation, leaving the residual, unoxidized CB4 enriched in 13C (Fig. 2.13). Bottom 

water CH4 was 12 o/oo heavier than sediment CI4 due to anaerobic oxidation 

(Oremland et al., 1987). Anaerobic and aerobic oxidation combined produced a 

maximum enrichment in CB4 of 64 %o creating unoxidized residual CI4 in the lake 

with o13CB4 values between -22 to -78 %o(Oremland et al., 1987). Methane released 

to the atmosphere can be 16-26 o/oomore enriched in 13C after oxidation (King et al., 

1989). Isotopic values were found to have a 13 o/oo temporal variation in the same site 

with the more enriched values occurring when the water table dropped and Cl4 

oxidation increased (Kelley et al., 1992). Laboratory measurements of isotopic 

fractionation during aerobic CI4 oxidation found the product C(h to be 5-29 o/oo 

depleted in 13C relative to the residual CI4 (Barker & Fritz, 1981 ). The degree of 

fractionation is dependent on the ratio between the rate of entry of CI4 into the culture 

fluid to its consumption by the bacterial cells (Zyakun et al., 1988). A C02 isotopic 

value of -37.1 %o was found in the boundary between the anoxic and oxic zones of 

sediment (Nissenbaum et al., 1972). Anaerobic oxidation has been modelled to create 

a isotopic fractionation of- 8.8 %o(Alperin et al., 1988). Fossils containing carbonates 

produced from precipitating C02 produced during CR4 oxidation had isotopic values 

of -25 to -50 o/oo(Beauchamp et al., 1982). 
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Fig. 2.13 The enrichment of t3c in the epilimnion 813CRa values in Mono Lake, 

California caused by aerobic methane oxidation. 
(from Oremland et al., 1987) 
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. Because CI4 production is accompanied by a -21 to -73 o/oofractionation 

(Krzycki et al., 1987), the organic residues left behind are 13C enriched. If C02 is the 

substrate being used during methanogenesis, then the C02 in Cf4 production locations 

will be 13c enriched due to isotopic fractionation during methanogenesis between the 

Cf4 and C02 (Stiller & Magaritz, 197 4; Carothers & Kharaka, 1980; LaZerte, 1981; 

Turner & Fritz, 1983; Herczeg, 1988). Bicarbonate and carbonate in CH4 production 

areas can have enriched isotopic values of +12 to +14 o/oo (Stiller & Magaritz, 1974; 

Turner & Fritz, 1983). 

2.4.2 Atmospheric o 13Cl4 values 

Methane in the atmosphere is believed to be -46 to -48 o/oo (Lowe et al., 

1991; Wahlen et al., 1989; Lowe et al., 1988; Stevens & Engelkemeir, 1988). The 

o13Cf4 value in the atmosphere can be used to identify the different sources for the Cf4 

because the sources vary in isotopic values (Fig. 2.14). The changes in o13Cl4 values 

over time can be used to identify which Cf4 sources are responsible for the increase in 

Cf4 concentrations. The sources of Cf4 can only be identified when there is knowledge 

of the fractionation caused by the atmosphere reactions of Cl4 and the exact values of 

most CRt sources. Methane isotopic fractionations in the atmosphere are only estimates, 

but it is believed the OR radical causes an enrichment of 1o±7 %oin the o13C value of 

Cl4 emitted (Davidson et al., 1987). There are more o13Cl4 measurements for global 

sources being measured every day but the data set is still incomplete. There are often 

great variabilities in the o13Cf4 values which are not fully understood and could change 

the characteristic value for CI4 from a source. For instance, Cl4 bubbles rising to the 

surface do not result in fractionation of the carbon isotope but plant transport and 

diffusion in water create an enrichment in 13C (Chan ton et al., 1988; Chanton & 
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Fig. 2.14 The a13c of methane and of carbon from various environmental pools, 

relative to PDB carbonate (%D). 

(from Craig et al., 1988) 

Martens, 1988). Plant transport can cause a 12 %oenrichment in the a1SCH4 values 

(Chanton et al., 1988). Current studies show that different types of wetland vegetation 

can vary greatly in the fractionation with transport to the surface (Chanton et al., 1992). 

Until there is a complete data set which has measurements from all the sources and the 

variabilities within those sources, there cannot be completely accurate models of the CH4 

sources and their changes over time. Present data suggests that the a1SCH4 values in the 

atmosphere have increased in the last 50 to 300 years (Craig et al., 1988), therefore 
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suggesting a greater anthropogenic source such as biomass burning (Stevens & 

Engelkemeir, 1988). 

2.5 CONCLUSION 

Carbon cycling follows different pathways in aerobic versus anaerobic 

soils. The anaerobic carbon cycling processes are the least understood. The majority of 

research on fermentation pathways has been performed in laboratory digestors. There is 

limited knowledge on the fermentation and reduction pathways which occur in wetlands. 

The dominant carbon mineralization process in anaerobic soils is methanogenesis. Some 

of the low molecular weight organic compounds used as substrates to produce methane 

have been studied using isolated microbial cultures in the laboratory but research is 

needed to determine which substrates are utilized in natural wetland environments. Some 

recent field studies have shown temperature, water level, and nutrient levels to have a 

variable effect on Cf4 flux, suggesting that these environmental parameters may have 

complicated relationships with Cf4 flux. It is important to reveal the environmental 

variables controlling Cf4 flux in order that accurate Cl4 flux predictions can be 

incorporated into global change models. 

Methane is an important greenhouse gas in the atmosphere. The recent rise 

in atmospheric Cf4 concentrations demands the measurement of natural Cf4 fluxes so 

the source of increased Cf4 can be established. The present values for Cf4 emissions 

from natural sources are rough estimates and many areas lack CI4 flux measurements. 

Flux measurements from boreal forest wetlands are required to achieve an accurate 

estimate of the total CI4 flux from this area. The Canadian wetlands are important since 

they occupy 170 x 106 ha or 18% of Canadian land base ( Zoltai & Pollett, 1983) and 

may be responsible for a seasonal increase in CH4 found in the northern hemisphere. 
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Detailed CI4 flux measurements are required from different peat conformations and 

types to accurately extrapolate data from the measured sites to all of the wetland areas. 

Stable carbon isotopes have been used to study long term carbon cycling in 

aerobic soils as the origin of carbon can be traced using the at3C value. The current lack 

of understanding of carbon cycling in wetland soils requires a method of study, such as 

stable carbon isotopes, to examine anaerobic mineralization processes iil the natural 

environment Methane production and oxidation can be traced with stable isotopes 

because methanogenesis is accompanied by a large fractionation which favors 12C in 

product methane. Therefore, any carbon derived from CI4 in methanogenesis will be 

labeled with a highly depleted ot3c value and any residual substrate left behind will have 

a highly enriched at3c value. 

53 



3. MATERIALS AND METHODS 

The objective of this work is to gain an understanding of carbon cycling in 

wetland soil-plant systems. This is accomplished using a novel combination of gaseous 

carbon flux and stable carbon isotope measurement techniques. Grassland, forest and 

fen soils were all subjected to stable carbon isotope (0 13C) analysis. In the fens, Cl4 

fluxes were measured to gain insight into CH4 production and oxidation processes in 

wetland environments. 

3.1 Site Selection and Characterization 

3.1.1 Grassland and Forest Sites 

Soils from two sites in Saskatchewan as described by Schoenau & Bettany 

(1987) were used: a Brown soil from the semi-arid grassland region (Haverhill 

Association) and a Gray soil from the subhumid boreal forest (Meeting Lake 

Association). At both sites the parent material is a medium textured, unsorted glacial till. 

Each site has 100m long, north-facing slopes which were sampled in the crest and 

depression. Both native, undisturbed soils and soils cultivated for about 70 years in a 

cereal-fallow rotation were sampled at each site. 

3.1.1.1 Native grassland and cultivated site 

The chemozemic soil in the upper slope of the grassland catena was a 

Calcareous Brown while the depression contained a Humic Luvic Gleysol (Fig. 3.1). 

The depression becomes submerged, especially in the spring, about 5 out of every 10 
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Fig. 3.1 Schematic depiction of catenas at the grassland site. 
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Table 3.1 Forms and distributions of carbon in the grassland soil 

Native r.rassland soil 

Genetic Inorganic 
horizon carbon 

% 

Chernozem 

Ah 

Bmk 

Cca 

Ck 

Cksa 

Gleysol 

L-H 

Ahe 

Aheg 

Btg 

0.04 

1.20 

1.20 

1.25 

0.69 

0.06 

0.02 

0.01 

0.01 

Organic 
carbon 

% kg ha-l 

3.07 43750 

1.27 16190 

0.45 6350 

0.40 9400 

0.26 5770 

11.65 16890 

6.35 57790 

2.24 24460 

0.89 42100 
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Cultivated soil 

Genetic Inorganic 
horizon carbon 

% 

Chernozem 

Ap 

Bm 

Ck 

Gleysol 

Ap 

Aheg 

Btg 

0.12 

0.04 

1.27 

0.02 

0.03 

0.04 

Organic 
carbon 

% kg ha-l 

1.42 27050 

0.95 12770 

0.44 11030 

2.72 41210 

3.56 83660 

1.53 45440 



years. Blue grama grass (Bouteloua gracilus) which is a C4 plant, dominated on the 

grassland hilltop, whereas slough grass and other hydrophilic forbs and grasses were 

found in the depression. Standing wheat stubble was present in both profiles of the 

cultivated site. The majority of the organic carbon (>95%) was found in the A and B 

horizons, whereas the majority of inorganic carbon predominates in the form of 

carbonate in the subsurface (Table 3.1 ). In the Chemozemic soils, the native Ah horizon 

contained 54% more organic carbon than the cultivated Ap horizon: while in the lower 

slope Gleysolic soils, the native Abe mineral soil horizon contained 57 % more organic 

carbon than the cultivated Ap horizon (Schoenau, 1988). The lower slope Gleysolic soil 

contained higher organic carbon than the upper slope Chemozemic soils because higher 

moisture in the depression would allow greater biomass production and the anaerobic 

conditions which are present part of the time would reduce decomposition rates. 

3.1.1.2 Parkland forest and cultivated site 

The forest soils were Orthic Gray Luvisols at all profiles, with the lower 

slope remaining drier than the depression in the grassland site (Fig. 3.2). The native site 

contained aspen (Populus tremuloides) as the major canopy and the understory was 

green alder (Alnus crispa) and various grasses and legumes. The majority of the 

inorganic carbon, in the carbonate form, is located in the Ck horizon (Table 3.2). The 

highest organic carbon and about one-half of the carbon is in the L-H of the native 

Luvisol (Table 3.2). When the forest was cleared from the cropped site, the L-H litter 

layer and standing vegetation was scraped off and burned on the hills, and therefore the 

crest profile contained a burn pile. The burn pile, being located on the upper slope 

profile, caused the upper slope to have a greater amount of organic carbon than the 

depression. Therefore, organic carbon contents in cultivated soils developed under forest 
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Fig. 3.2. Schematic depiction of catenas at the parkland forest site. 
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Table 3.2 Forms and distributions of carbon in the Gray Luvisol soil 

Native Gray Luvisol 

Genetic Inorganic 
horizon carbon 

% 

Upper slope 

L-H 

Ae 

Bt 

Ck 

Lower slope 

L-H 

Ae 

Bt 

Cca 

0.17 

0.01 

0.01 

1.61 

0.18 

0.01 

0.02 

3.06 

Organic 
carbon 

% kg ha-l 

28.80 34600 

0.99 16390 

0.66 54530 

0.17 7440 

29.90 58550 

0.85 14280 

0.50 36750 

0.37 9690 
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Cultivated Gray Luvisol 

Genetic Inorganic 
horizon carbon 

% 

Upper slope 

Ap 0.02 

Bt 0.03 

Ck 1.78 

Lower slope 

Ap 

Bt 

Ck 

0.02 

0.01 

1.55 

Organic 
carbon 

% kg ha-l 

2.25 19580 

0.49 28130 

0.23 6880 

1.57 35230 

0.48 42640 

0.27 10430 



are a function of how the forest was cleared and management under agriculture 

(Schoenau, 1988). 

3.1.2 Wetland Study Sites 

3.1.2.1 Prince Albert National Park sites 

Two sites selected for study were located in central Saskatchewan, Canada 

(106° W & 54° N) within the Prince Albert National Park (PANP): 1) an Upland 

watershed and 2) the Boundary fen. This area is categorized as the transitional or 

continental Mid-Boreal wetland district (Fig. 3.3). The mineral soil in the wetlands was 

formed on glacial till parent material of variable texture. 

3.1.2.1.1 Upland watershed 

This site consists of an upland ridge which slopes into a basin (Fig.3.4). 

Accumulation of water in the Upland basin during the spring results in saturated 

conditions for part of the year, while aerobic conditions prevail in late summer and fall 

after the Upland basin has dried. The vegetation canopy in the Upland basin is made up 

of Picea mariana with a floor vegetation comprised predominantly of Sphagnum and 

Pleurozium schreberi mosses. The soil in the Upland basin is classified as a Typic 

Mesisol because it consists of 60 em of peat which is increasingly decomposed with 

depth, especially at the 40-60 em depths (Fig. 3.5). The greater degree of decomposition 

at depth in the Upland basin peat is associated with a higher content of nitrate and 

sulfate, and a higher amount of reduced inorganic S species (fable 3.3). Highly negative 

S34S values indicated active sulfate-reduction in this site (Han, 1991). The peat horizons 

are neutral to basic (pH 6.8-7 .8), while the mineral horizons are strongly alkaline (pH 

9.0-9.1). In the upslope region an Orthic Gray Luvisol was sampled. 
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Fig. 3.4 Upland watershed site viewing the basin below 

3.1.2.1.2. Boundary fen site 

This site consists of a small lake surrounded by a large peat lowland and a 

series of hummocky hills (Fig. 3.6). The lowland is filled with a thick body of poorly 

decomposed peat which is permanently water saturated. The water levels remain 

relatively constant through out the year, except for increases after spring rains and large 

snow melts, which suggests the site is fed by an underground water source as well as 

precipitation. The vegetation growing on the peat mat consists of Sphagnum moss 

species, several sedges of the Car ex species, Larix laricina, Ledum groenlandicum and 
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Fig. 3.5 Schematic depiction of the Upland watershed soil prordes. 
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Table 3.3 Nutrient levels in soil from the Upland watershed 

Horizon depth Organic C Inorganic C Total N TotalP TotalS 
em mg kg-1 

Upland 
0-7 (L-H) 320700 2000 10790 1102 1310 
8-27 (Ae1) 5200 n.d. 427 231 48 
28-52 (Ae2) 5500 n.d. 382 1149 73 
53-127 (Bt) 2900 200 250 540 48 
128-147 (Ck) 1800 9300 118 579 45 

Basin 
1-10 (L-H) 428100 2600 9910 696 1567 
11-20 (peat) 415400 4600 10560 642 1626 
21-30 (peat) 367500 7200 14320 1017 2565 
31-40 (peat) 328600 4000 15850 1677 3010 
41-60 (peat) 225900 2700 12060 1449 2160 
61-80 (mineral) 2600 1900 235 360 48 
81-110 (mineral) 1900 1800 177 363 50 
111-134 (mineral) 1900 4000 265 342 78 

Horizon depth Nitrate Ammonium Inorganic P Reduced- Inorganic 
in organic-S sulfate 

em mg kg-1 

Upland 
0-7 (L-H) 0.2 87.8 44 19.1 14.4 
8-27 (Ae1) 0.1 5.5 150 2.1 2.5 
28-52 (Ae2) 0.2 1.7 417 2.0 n.d. 
53-127 (Bt) 0.1 3.7 499 2.2 1.8 
128-147 (Ck) 0.2 3.8 558 2.1 13.2* 

Basin 
1-10 (L-H) ' 0.8 36.8 155 23.1 16.3 
11-20 (peat) 1.1 33.0 78 26.4 18.6 
21-30 (peat) 5.9 17.8 37 85.0 24.5 
31-40 (peat) 2.9 7.5 8 141.0 18.5 
41-60 (peat) 4.8 5.9 8 124.3 11.1 
61-80 (mineral) 0.2 2.9 237 13.1 1.4 
81-110 (mineral) 0.1 2.6 327 14.6 1.4 
111-134 (mineral) n.d. 3.9 294 5.2 2.1 

*Sulfate co-precipitation with CaC03 was included 
n.d. denotes not detectable 
Values reported are means of triplicate analyses (C.V. < 5%) 
Measurements based on oven dried soil weight 
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Eye of the Bog Boundary Bog Lowlands 

Fig. 3.6 Landscape of Boundary fen, Prince Albert National Park 

Betula pumila (Fig. 3.7). The sampling transect runs from thin peat under spruce trees 

to the open water. Samples were taken from three areas within the fen: a highly 

decomposed sediment below the open water (proftle l)(Aquic peat), a floating peat mat 

overlying sunken peat on top of mineral (inorganic) material (proftle 2)(Hydric Fibrisol), 

and a continuous peat proftle, extending from the surface down to mineral material 

(proftle 3)(Typic Fibrisol)(Fig. 3.8). In the event of increased water levels, the peat in 

this fen tends to expand and/or float to remain at the water surface. A soil proftle from an 
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Fig. 3.7 Boundary fen with a view from the open water back 
to the spruce upland 

upland hummock hill was also sampled (profile 4)(Gleyed Eutric Brunisol) (Fig. 3.8). 

Neutral to basic pH values (6.4-7.6) were observed in the peat layers, reflecting a high 

input of basic cations from lateral subsurface water flow in upland areas. The high pH 

and abundance of calcium in the water create conditions conducive for precipitation of 

carbonate as CaC03. Wetlands, such as these with neutral pH, are found on calcareous 

glacially-derived parent materials in the mid-boreal wetland district Most of the elements 

in the peat are held in organic form, remaining unavailable to plants and microbes (Table 

3.4). All of the available nutrients were at low levels, especially P (Han, 1991). 
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Table 3.4 Nutrient levels in soil from the Boundary fen 

Horizon depth Organic C Inorganic C Total N TotalP TotalS 
em mg kg-1 

Open water 
0-80 (peat) 267800 5000 20090 600 1994 
81-150 (mineral) 19500 19000 1630 513 363 
Thin floating peat 
surface mat 430500 3500 14680 1197 1518 
120-160 (peat) 446500 3600 19910 609 1520 
161-230 (peat) 456000 3600 24320 480 1857 
Thick solid peat 
1-100 (peat) 451300 3500 25090 834 2141 
101-180 (peat) 450500 3700 25880 606 2120 
181-200 (peat) 457100 3300 22270 429 2114 
Spruce island 
0-20 (L-H) 475100 2700 9710 786 1488 
21-56 (gravel) 75300 1700 2290 708 239 
57-70 (red clay) 3000 19400 177 609 147 
71-160 (blue clay) 3600 22200 206 576 175 
161-180 (blue clay) 1900 14400 147 552 120 

Horizon depth Nitrate Ammonium Inorganic P Reduced- Inorganic 
in organic-S sulfate 

em mg kg-1 

Open water 
0-80 (peat) 38.4 50.6 15 18.4 6.1 
81-150 (mineral) 0.4 31.2 464 7.3 7.8 
Thin floating peat 
surface mat 347.7 118.1 166 12.5 18.0 
120-160 (peat) 66.0 33.9 15 10.6 7.3 
161-230 (peat) 4.8 73.8 3 8.8 3.9 
Thick solid peat 
1-100 (peat) 10.1 36.5 10 9.0 5.1 
101-180 (peat) 17.4 48.0 4 7.6 3.9 
181-200 (peat) 20.6 58.8 5 8.9 12.7 
Spruce island 
0-20 (L-H) 0.5 42.8 130 14.5 30.6 
21-56 (gravel) 0.3 13.0 224 2.4 3.2 
57-70 (red clay) 0.1 7.3 588 2.4 2.9 
71-160 (blue clay) 0.2 8.4 556 2.5 1.9 
161-180 (blue clay) 0.1 5.9 543 2.5 8.6 

Values reported are means of triplicate analyses (C.V. < 5%) 
Measurements based on oven dried soil weight 
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Fig. 3.9 Canwood fen with a view from the fen center at profile 1 
to the forest at profile 5. 

3.1.2.2 Canwood Forest Reserve site 

The Canwood fen is filled with a solid layer of peat throughout the fen 

(Fig.3.9). The sampling transect runs from thin peat under trees at the edge of the fen 

(Gleyed Humic Regosol) into shalloe peat (Terrie Mesisol) to peat approximately 130 em 

deep in the center of the fen (Typic Mesisol) (Fig. 3.10). The parent material in the area 

is a sandy textured (up to 98% sand) glaciofluvial material. The vegetation in the area 

undergoes a rapid transition from jack pine (Pinus banksiana), reindeer moss (Cladina 

spp.) and grasses in the sandy mineral soil to black spruce, willows and Sphagnum and 

feather mosses in shallow drier peat and then to swamp birch, sedges and Sphagnum in 

the fen. The fen is patterned with ridges and wetter areas (flarks) perpendicular to the 

length of the fen through which water slowly flows. The raised areas tend to have a 

greater proportion of Sphagnum mosses combined with dwarf birch. The lower areas are 
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filled with a mixture of sedges and Sphagnum. In the spring, water flows through the 

center of the fen and when spring rains occur, the whole fen may flood. An Fe 

precipitate is found on the surface of the fen in the spring and early summer, presumably 

formed from a change in redox potential as the Fe is translocated from more reduced 

locations. Algae growth was found on the surface during the summer in cooler locations 

and when water levels were above the peat surface. The Canwood fen is also basic in 

reaction with pH values of 8.0. Measured C:P ratios of 300 to 400 likely indicate rapid 

microbial immobilization of Pin the organic matter (Van Cleve et al., 1983). Despite low 

C:N ratios (14:1 to 18:1) which suggest potential for N mineralization upon 

decomposition, the amounts of available N03- and NJ4+ in the interstitial water is low. 

Table 3.5 Nutrient levels in peat from profile 3 of the Canwood fen. 

Horizon depth Total C Total N Total P TotalS TotalK 
em % mg kg-1 

1-5 (L-H) 43.2 30812 1425 2495 658 
6-10 (peat) 43.7 27150 1434 2311 491 
11-15 (peat) 45.4 32421 1269 2423 369 
16-25 (peat) 40.8 23175 1004 2060 897 
26-35 (peat) 45.5 28320 969 2026 316 

Horizon depth Available Available Available Inorganic Inorganic K 
nitrate ammonium inorganic P sulfate 

em mg kg-1 

1-5 (L-H) 2.5 3.2 3.6 54.7 11.1 
6-10 (peat) 6.6 3.3 5.8 23.5 9.7 
11-15 (peat) 6.5 4.0 4.5 15.2 6.5 
16-25 (peat) 3.9 3.3 3.4 26.2 7.1 
26-35 (peat) 8.6 5.3 3.7 15.8 7.8 

Values reported are means of triplicate analyses (C.V. < 5%) 
Measurements based on oven dried soil weight 
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3.2 Peat Elemental Analysis 

Fresh peat samples were obtained using a hand-held coring device in the 

summer of 1990 for the PANP samples and in the fall of 1991 for the Canwood fen. 

Sub-samples for all sites were air dried and ground to pass a 0.15 mm sieve. Total 

carbon content was measured using dry combustion and two end-point titration. The 

addition of HCl and a two-endpoint titration was used to determine inorganic carbon 

(Tiessen et al., 1983). Soil organic carbon was calculated from the difference between 

total and inorganic carbon. Carbonates in the peat were identified as calcite through x-ray 

diffraction (Phillips PW 1310 X-ray). Total N, P and K were determined by digesting 

the samples with H2S04 and H202 for 10 hours at 360 °C. During digestion theN is 

converted to NH4+ (Thomas et al., 1967) which is measured colormetrically by the 

ammonia-salicylate method of Technicon (1973). The P content is determined 

colormetrically by the acid-molybdate blue procedure {Murphy & Riley, 1962). The 

concentration of K was measured through atomic absorption (Perkin Elmer 31000). 

Total S was measured by the alkaline-oxidation method (Tabatabai & Bremner, 1970). 

In this method, all of the S is oxidized to sulfate by sodium hypobromite at 260°C. The 

sulfate is then reduced to sulfide by hydriodic acid, formic acid, and hypophosphorus 

acid on a Johnson-Nitshita reduction distillation apparatus (Johnson & Nishita, 1952). 

The S is determined colormetrically by the methylene blue procedure (Gustafsson, 

1960). 

Fresh samples from P ANP were refrigerated after sampling and analyzed 

for inorganic sulfate and reduced inorganic sulfur. Soluble ND3- was determined by a 

2N KCl extraction followed by colorimetric analysis (Technicon, 1973). Inorganic 

sulfate was removed in a 0.05 M KH2P04 extraction and analyzed colonnetrically by the 

methylene blue procedure (Johnson & Nishita, 1952). Reduced inorganic sulfur 
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(elemental S, hydrogen sulfide and pyrite sulfur) was measured using a modified version 

of the Zn HCl reduction procedure described by Aspiraset al. (1972). 

Available N03-, NJ4+, P, S042- and K+ in the peat were measured by 

shaking the peat with anion exchange (HCD3-) and cation exchange (Na+) membranes 

for 16 hours (Qian et al, 1992). The adsorbed ions were stripped with 0.5 N HCl and 

the nutrient concentrations were analyzed using a Technicon autoanalyzer and an atomic 

absorption spectrophotometer. Values reported are means of triplicate analyses. 

3.3. CILJ Flux Measurements 

3.3.1 Field CB4 Flux Measurements 

Static chambers were set out in the field to collect Cf4 emission from the 

end of April, 1992 till freeze up in October, 1992. The collection chambers were located 

at all proftles at the Can wood fen, the Upland basin, and in Boundary fen proftles 1 

through 3, plus a fourth location in shallow, solid peat located half the distance between 

proftle 3 and 4. The chambers were clear plastic storage tubs ( 40 em by 55 em by 22 em 

deep) with a rubber septum installed in the bottom. The storage tubs were inverted over 

the vegetation and made air tight by sinking the open edge below the water surface. A 

trench was cut into the peat in the shape of the opening so the chamber could be sunk 

below water level with minimal disturbance to the peat surface. The chamber in the open 

water was made from the same type of storage tub but was fitted with 5 em by 15 em 

planks around the outside and above the bottom edge (Fig 3.11). The planks provided 

buoyancy for the tub while keeping the bottom edge below the water surface. The 

chamber was pushed down in the water until the water reached a mark on the side. Then, 

the chamber was sealed with the septum creating a suction which held the water up to 

that point The higher water level in the chamber prevented the air seal on the chamber 
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from breaking even in windy conditions and provided a space for the gases so they could 

not escape out the bottom. Anchors with flat bottoms which reduce sediment disturbance 

were attached to the outer edge of the planks. The 15 em width of the plank provided a 

large enough distance between the anchor and the opening of the chamber that bubbles 

released by the anchors touching the sediment did not rise into the chamber. The 

chamber was pushed out into the open water from a boardwalk with a pole and the 

anchors were pushed off the plank into the water at the desired location. The chamber 

was pulled in for sampling by a rope. 

Gas samples were taken from the chambers weekly. After CH4 

accumulated in the chamber for one week, a gas sample was taken and then the chamber 

was aired out to the atmosphere and resealed. One day later a gas sample was taken 

again, the chamber was aired to the atmosphere and resealed for the next week long 

sampling period. The short sampling period was used to estimate measurement errors 

due to temperature alterations and Cl4 accumulation over the week long period. A 

sample of atmospheric gas was taken 1.5 m from the surface facing the wind, before the 

chambers were resealed and the quantity of Cl4 in the atmosphere was used as the 

starting amount of Cl4 in the chamber before accumulation of gases. The chamber gas 

was frrst mixed by pumping the syringe 3 times and then drawn into and locked in a 

syringe. The 20 mL plastic syringes used were equipped with a gas lock which was 

situated between the needle and the barrel. After extraction, the gas was injected into 10 

mL vacutainers. The vacutainers were baked in an oven at 80 °C before use, to ensure 

removal of any Cl4 released from the inner coating and evacuated to 1 o-4 bars before 

use. 
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Methane samples were measured within 3 days of sampling on a Hewlett 

Packard 5890 Series II gas chromatograph equipped with a flame ionization detector 

(FID) ran at 150°C, using a 2m long Porapaq Q column maintained at 50°C. The 

sampling loop in the gas chromatograph was flushed with 8 ml of the gas sampled, 

filled, allowed to adjust to atmospheric pressure and opened to transfer the sample to the 

column. If a highly concentrated sample was run through the gas chromatograph, then 

the sample loop was flushed with 20 mL of atmospheric gas before the next sample to 

prevent contamination. The gas chromatograph was standardized with 2, 192, 1100 and 

9900 ppm CR4 standards which were prepared and calibrated by Acklands Ltd. The 

Cl4 concentration was calculated from a peak emitted 1.5 minutes after the gas was 

injected using a Hewlett Packard 3396 Series II Integrator. 

The CR4 flux was converted from ppm (Jl.L CR4 L-1 air) to mg m-2 d-1 by 

considering the volume and area covered by the chamber and the chamber temperature 

and pressure in the formula: 

moles of CR4 =PV /RT 

Assuming: P= 1 atm, V = volume, R= 0.08186 for CR4 and, T= chamber temperature, 

The volume occupied by CR4 in the chamber was calculated by multiplying the volume 

occupied by air in the chamber by the ppm CR4. The moles of CR4 emitted during a 

collection period was adjusted to moles of CR4 emitted in one day and divided by the 

area covered by chamber (0.21 m2) to form the units: mmoles CR4 m-2 d-1. The mmoles 

of Clf4 converts to mg through multiplying by the molecular weight of CR4 equaling 

16. 

On every field trip at each flux chamber, the temperature of the peat was 

taken at 15 em depth, the water level was measured from the surface of the peat, and a 

water sample was removed. From the interstitial water samples, the available quantities 
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of phosphate, N03- and S04-2 were measured on a Dionex Ion Chromatograph (Dionex 

System 2110i). Peat temperatures and redox values were measured with depth at 0.5 m 

depth intervals down to 2.5 m (Fig. 3.12). The temperature probe was made from a 

wooden pole with a groove containing thermowires with epoxy sealed ends for 

protection against water damage. A portable, battery-operated temperature meter was 

attached to the top of the wires to read the temperatures at the depth of wire placement. 

Redox potentials were measured using copper wires attached to platinum electrodes 

inside a PVC pipe. The platinum electrodes were prepared by soaking in a 2M HCl acid 

solution followed by washing and soaking in deionized distilled water. A 2 em hole was 

drilled through each side of the pipe to allow exposure of the electrodes to the 

environment at that depth. A small generator and pH meter was carried to the site and 

used to measure the redox in millivolts. The PVC pipe containing the electrodes was left 

in the fen for 2 weeks before taking redox readings to allow the site to stabilize. The 

electrodes were standardized with solutions at 475 mV. The measured values were 

standardized to 10°C at 0.8 mV reduction in potential per °C (Clymo, 1983). 

3.3.2 Incubation Methodology 

A series of incubations were performed to study the effect of temperature, 

water level and substrate on CR4 emissions. Intact cores of peat were removed from the 

Canwood fen, near profile 3, during freeze up in October, 1991. The cores were 

removed, with minimal disturbance, in 7.5 em diameter by 120 em length PVC pipes or 

in 6 em by 100 em long clear acrylic pipes. The sharpened end of the pipe was pushed 

into the fen. The cores had two holes drilled in near the top which were used to anchor a 

handle which was used during core extraction from the fen. Once sunk into the peat, the 

top of the pipe was plugged with a large rubber stopper to create a vacuum which would 
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allow the pipe to be pulled out with the peat and water inside remaining intact. The 

bottom of the pipe was sealed off with a sheet of latex, plastic and a PVC cap after the 

pipe was withdrawn from the fen. The peat cores were transported back to the laboratory 

and kept frozen until used. 

In preparation for incubation the cores were removed from the freezer and 

placed into a 4 °C chamber to thaw slowly. The cores were sealed at the top with a sheet 

of latex, 2 sheets of plastic and a strong rubber band. These holes were sealed with 

rubber septums which were used as gas sampling ports. Gas samples were taken every 

36 hours with 20 mL plastic syringes fitted with a gas lock. The gas in the core 

headspace was mixed by plunging the sampling syringe twice before drawing up and 

locking in the sample. The sample was injected into the gas chromatograph from the 

same sampling syringe. The chambers were opened between sampling to allow 

equilibration with the atmosphere before resealing. 

Incubations were used to measure the response in CI4 flux to changes in 

temperature, water level or substrate. Three intact cores were used for a temperature 

study in a controlled environment chamber where the temperatures were changed 

stepwise from 5 °C to 10°C, 15 °C, 20 °C, 25 °C, 15 °C day/10 °C night, and down to 4 

°C. Methane flux measurements started 2 days after each temperature change to permit 

temperature to equilibrate throughout the cores. The CI4 measurement period took place 

over 5 to 17 days at each temperature with a greater number of sampling times used at 

the warmer temperatures due to fluxes which became more variable at higher 

temperatures. 

The water level study used 3 cores maintained at 15 °C in the day and 10 °C at 

night. The initial water level was 20 em above the peat surface and was then 

progressively lowered to 10 em, 0 em, -5 em, and then to 10 em below the peat surface 
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by siphoning off water. The CI4 flux measurements started 2 days after each water level 

change and continued for 15 days. 

Acetate, methanol and carbon dioxide substrates were added to 2 cores each in 

a phytotron maintained at 15 °C in the day and 10 °C at night. A constant 0.5 moles of 

substrate were added to each core, resulting in a concentration of about 40 mM substrate 

in each core. This amount of substrate was thought to be greater than any natural 

concentrations of substrates, but the large amount was used to distinguish a significant 

effect on flux from the added substrate. The acetate was added in the form of 

Mg(C2H302)2·4 H20 dissolved in 100 mL of water. The acetate solution and methanol 

were inserted into the peat through a pipet releasing the liquid in 3 evenly spaced 

locations from the surface to 30 em deep. The C02 was added to the cores by placing a 

block of dry ice on the peat surface and resealing the core. 

3.4 Determination of 13c Natural Abundance in Soils and Plants 

3.4.1. Introduction 

The determination of 13c natural abundance in plants and soils requires two 

analytical steps: 1) the conversion of carbon to highly purified C02 and 2) mass 

spectrometric analysis of the C02. Production of highly purified C02 follows slightly 

different procedures depending on the form of carbon. Inorganic carbon is converted to 

C02 through an acid reaction (Craig, 1953), whereas combustion is used to convert 

organic carbon to C02. Cryogenic separations are then used to separate the C02 from 

other gases through differences in freezing temperatures of contaminant gases, such as 

S02 and NOx. Inorganic carbon samples cannot be converted to C02 through 

combustion like organic carbon, because of isotopic fractionation resulting from 

production and loss of CO. A dynamic method has been used to produce high purity 
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C(h from carbon-containing samples by repeatedly cycling the gas through a furnace by 

means of pumps (Craig, 1953; Schleser and Pohling, 1980; Minagawa et al., 1984). 

However, the equipment required for the dynamic method is complex and expensive. 

More recently a sealed-tube combustion method has been employed. In this method each 

sample is sealed in quartz or pyrex tubes with a solid oxygen source, combusted in 

batches in an oven, followed by cracking of the tubes and release of the C02 for 

purification through cyrogenic separation (Sofer, 1980; Boutton, 1991; Swerhone et al., 

1991). The method developed and described in this paper involves combustion of 

individual organic carbon samples with an oxygen donor. The product gases are sent 

directly into a cryogenic purification line (Shimoyama & Matsubaya, 1985). The 

preparation line employed (Fig. 3.13) was originally designed for the conversion of S to 

SOl for 34S abundance determination (Schoenau & Bettany, 1988). This method offers 

the following advantages: 

(i) The preparation line can be used without modification to prepare samples for 

both 13C and 34S analysis. The simple addition of an acid reaction chamber 

allows the preparation line to be used for 13C analysis of inorganic carbon 

(carbonates). 

(ii) The preparation line is simple and inexpensive to construct, requiring a 

minimum of glassware and glass blowing. Since the combustion to C02 and 

its purification is performed in one step, sample loss and contamination 

problems are avoided. 

(iii) Only a small piece of quartz glass is required for each sample, decreasing 

costs and allowing high combustion temperatures which ensures that all 
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organic carbon, even complex organic molecules, are converted to C02 

(Boutton et al., 1983). 

3.4.2. Conversion of soil and plant carbon to C<h 

3.4.2.1. Organic carbon 

When determining organic carbon S13C, it is necessary to remove the 

inorganic carbon before combustion because carbonates will also convert to C{h during 

combustion. Carbonates are removed by an acid pretreatment which converts the 

carbonate carbon to C{h. In this pretreatment, soil samples are soaked in 3N HCl at 

room temperature over night. The acid is then removed from the soil sample by leaching 

through a MilliporeTM filter with deionized, distilled water. After leaching, the soil 

samples are dried at 110 °C. Samples were scanned by x-ray diffraction to confmn 

complete removal of all carbonates. 

In liquid samples, such as soilleachates, carbonates are removed through 

acidification and bubbled out as C02. First, particulate matter was removed from the 

leachates using a MilliporeTM filter. Then the pH of the leachate was lowered below 2 

with sulfuric acid. Carbon dioxide-free air was then bubbled through the acidic leachate 

for 10 minutes or more to remove dissolved inorganic carbon (DIC). Leachate containing 

0.6-0.9 mg of dissolved organic carbon (DOC) was then collected by drying down the 

leachate onto Ottawa sand in a beaker. The sand was previously purified by burning off 

contaminants in an evacuated oven at 1000°C for 1 hour. The sand particles, coated with 

organic carbon, are used for ot3C determination. 

After the removal of any inorganic carbon, the organic carbon sample is 

prepared for combustion to C02 inside a quartz combustion tube with an 02 donor, 

Cu20. Cu20 (cuprous oxide) was produced and purified by heating CuO (cupric oxide) 
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in a ceramic combustion boat at 950 oc for 8 hours under a vacuum of lo-4 bars. 

Heating the CuO to Cu20 ensures that any carbon contaminants are burned away. 

Samples containing 0.3 mg of organic carbon are mixed with Cu20 at a 50: 1 Cu20 to 

carbon ratio to provide enough 02 to produce C02 rather than CO and yield an easily 

handled volume. The C-Cu20 mixture was packed between quartz wool plugs into a 40 

mm open-ended 5 mm x 7 mm quartz tube to produce a charge. 

The vacuum combustion and C02 purification system (Fig 3.13) used in 

sample preparation is the same as that described by Schoenau & Bettany ( 1988) to 

produce and purify S02 for o34S analysis. The compact structure minimizes dead 

volume and therefore sample loss, and is relatively inexpensive to construct The system 

is easily disassembled allowing for quick removal and repair of broken glass. 

The vacuum-combustion system is prepared by preheating the combustion 

tube to 900°C. This temperature is hot enough to bum all organic substances, but 

remains cool enough to enhance life of the furnace elements and combustion tube. The 

sample charge and a magnetic push rod are inserted into the cold portion of the 

combustion tube (Fig.3.13). The system is then sealed by placing a Cajon Ultra-torr 

union with a sealed end onto the combustion tube and connecting a breakseal via a Cajon 

Ultra-torr union onto the line. A Dewar flask containing liquid nitrogen is placed around 

the waste gas trap to prevent the gases from contaminating the vacuum pump oil 

(Fig.3.13). The entire system is evacuated to 1o-4 bars for 7 minutes as measured by a 

Pirani ion gauge. Valve 3 is closed and the charge is pushed into the oven by the 

magnetic push bar with a magnet on the exterior of the combustion tube. After 7 minutes 

of combustion, liquid N2 is placed around the cold trap, valve 2 is closed and for 3 

minutes valve 3 is opened, allowing gases produced during combustion to be drawn into 

the sample cold trap. 
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The C02 produced is purified by separating it from other gases in a series of 

cryogenic separations. Valve 3 is closed and valve 2 is opened to remove gases which 

did not freeze in the liquid N2 (Fig.3.13). Mter 1 minute, valve 1 is closed and liquid 

N2 is placed around the breakseal. The liquid N2 around the cold trap is replaced with an 

n-propanol-liquid N2 slurry ( -130 to -135°C) which causes the C02 to sublime and 

diffuse to the break seal, while S02 and H20 remain frozen in the cold trap. When the 

transfer of purified C~ to the breakseal is complete (5 minutes), the breakseal is sealed 

by heating it with a microtorch until the tube collapses 3 em above the liquid N2. The 

breakseal, now sealed at both ends, can keep the purified C02 gas sample indefinitely 

with no chance of contamination from atmospheric gases. 

Before the next sample is started, the breakseal stub is replaced with a new 

breakseal, the charge pulled out of the oven with a stainless steel hook and the sample 

cold trap is heated with a hot air gun to release the H20 and sulfur gases. 

3.4.2.2. Inorganic carbon 

Carbonate carbon is converted to C02 by addition of H3P04 to the sample. 

The presence of organic carbon does not appear to interfere in the determination. 

Addition of acetate (813C = -35.2 o/oo) to an NIST carbonate standard of a known 813C 

value ( + 1.93 o/oo) did not produce a significant shift in the measured 813C value when the 

following technique was used. 

The preparation of carbonate samples required the construction of a carbonate 

reaction unit (Fig 3.14) which can be attached to the vacuum-combustion system. The 

reaction chamber is made of Pyrex glass in a Y -shape to separate the carbonates and 

H3P04 during evacuation of atmospheric gases. The reaction unit can be installed easily 

and removed for placement in a water bath. The carbonate reaction unit is placed onto the 
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purification line by inserting the reaction valve into the valve 3 position beside the sample 

cold trap (Fig 3.15). 

A sample containing 0.3 mg of inorganic carbon is placed into the main 

compartment of the reaction chamber (Fig 3.14). Two mL of H3P04 are poured into the 

side-arm of the reaction chamber through a glass funnel with a curved stem. The reaction 

chamber and reaction valve are joined with a ground glass joint and secured with a 

spring. The reaction unit is then attached to the purification line by an 0-ring joint and all 

valves are opened to allow complete evacuation of the reaction chamber for 5 minutes. 

The reaction valve is closed tightly and the unit is removed from the purification line. By 

tipping the reaction unit, H3P04 will flow from the side-arm into the compartment 

containing the sample. The inside walls of the reaction chamber should be coated 

completely with H3P04 to ensure complete contact with the sample. The carbonate 

reaction unit is then placed in a 25°C bath for 15 hr or over night to allow complete 

reaction of the acid with the carbonate. This is within recommended reaction times for 

calcite, but longer times may be required for dolomite (Thyne & Boles, 1989; 

Matsumoto, 1990). 

When the conversion of carbonate carbon to C(h is complete, the carbonate 

reaction unit is placed back onto the purification line. All valves but the reaction unit 

valve are opened to evacuate the line for 5 min. Valve 2 is closed, liquid N is placed 

around the sample cold trap, and the reaction unit valve is opened for 3 min, transferring 

the product C02 into the cold trap. The reaction valve is closed, valve 2 is opened to 

release any unfrozen gases. Then valve 1 is closed, liquid N is placed around the 

breakseal, and ann-propanol-liquid N slurry is placed around the sample cold trap to 

allow a 5 minute transfer of C02 to the breakseal. 
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3.4.3. Mass Spectrometer Analysis of C02 

Sample carbon, now in the form of C02, is released into the mass 

spectrometer when the breakseal is broken inside the gas inlet system under high 

vacuum. The o13C value is established in the mass spectrometer by measuring the ratio 

of the ion currents produced at the masses 44 and 45. The mass spectrometer employed 

is a VG IsoGas SIRA 12 dual inlet, triple collector instrument with an internal precision 

of 0.05 o/oo. A triple collector mass spectrometer is convenient to correct for 170. The 

12C160170+ species can artificially increase the 45 mass reading. Since the mass 

fractionation for terrestrial oxygen in physical and chemical processes involving 170 and 

180 containing species is approximately, 

o18o = 1.88 ot7o 

a correction factor for 12Cl6Q17Q may be derived from measuring the 46 mass ion beam 

and considering the three species contributing to its intensity (Carr et al., 1986). 

Variations from all other factors such as combustion temperature, slush temperature and 

transfer times are minimized because the reference and sample are treated similar during 

preparation. 

3.4.4 Evaluation of C02 preparation line 

Contamination by nitrogen oxides is a concern in preparing C02 from organic 

carbon since some of the oxides which may be formed during combustion equal the 

mass of the C02 species and cannot be separated cryogenically from C~. For this 

reason, preparation lines often implement a platinum (Pt) or MnO catalyst to breakdown 

any nitrogen oxides which may form. In this study, the use of Pt wire coil in the oven or 

MnO mixed in the charge did not show a significant effect on o13C values of soil 

samples (Table 3.6). Furthermore, mass scans showed an absence of impurity gases in 
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Table 3.6 Use of Pt or MnO catalysts to avoid nitrogen oxide contamination 
in ot3C analysis of organic carbon. 

Catalyst Number of Mean o13CpoB of a sample Standard 
samples including catalyst against a deviation 

reference which is the same 
sample without a catalyst (%o) 

Ptwire 14 -0.08 0.07 

MnO 7 -0.06 0.10 

the prepared samples. 

Once the system was determined to produce pure samples, the 

reproducibility of the preparation line was tested. A homogenized leaf litter sample was 

selected for use as a routine working standard. To calibrate the working standard, it was 

run repeatedly against a reference material of known o13C value with respect to PDB. 

For 68 replicates of the working standard analyzed over three months the standard 

deviation was 0.16 o/oo(Table 3.7), well within the reported normal range of 0.1 to 0.3 

o/oo (Carr et al., 1986). Replicates were ran at least three weeks apart to include maximum 

variability in experimental conditions. The reproducibility of the organic 813C values 

subsequently measured in various plant and soil samples was usually on the order of± 

0.3 %o which is highly acceptable when the heterogeniety of many of the samples is 

taken into account However, the precision was slightly lower in samples which required 

leaching to remove carbonates, possibly because of the loss of acid soluble organic 

components. Slight losses of organic compounds near the mean isotopic value of the 

organic carbon are of less concern than any method which incompletely removes 

89 



inorganic carbon, since the difference between the 813C of inorganic and organic is 

usually large. As a minor compromise, the leaching method appears to provide the least 

alteration to isotopic values. 

Conversion of carbonate carbon to C02 also generated highly reproducible 

813C values. The standard deviation of a carbonate sample ran against itself 8 times over 

2 months was 0.03 o/oo 

Table 3. 7. Reproducibility of the C02 preparation procedure for 813C analysis 
of organic carbon. 

Month Number of samples Organic carbon stanaara deviation 
working standard 

813CPDB %o 

1 17 -26.58 0.07 

2 35 -26.55 0.17 

3 16 -26.51 0.18 

mean= -26.55 %o 

standard deviation= 0.16 %o 

When measuring inorganic 813C values in peat, it was found that the 

reaction between carbonate and the acid was incomplete in 100% pure H3P04. Addition 

of water to the sample resulted in further rapid release of C02. It is believed that water is 

required to effect complete reaction between the acid and inorganic carbon when the 

inorganic carbon is intimately associated with organic matter. Therefore, 80 to 90% 

H3P04 was used to ensure a complete reaction. 

The accuracy of organic carbon methodology was tested by running our 

working standard against two different reference materials with known 813CpoB values 
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as well as analysis by an independent laboratory (Geological Sciences Department, 

University of Saskatchewan) (Table 3.8). Excellent agreement between working 

standard values indicate values produced by the system will be comparable with results 

from other methods. 

Accuracy of calibration to the PDB isotopic scale by the carbonate 

methodology was tested by running one NIST standard against another. Agreement in 

o13C values among different laboratories is best achieved by normalizing ()13C values 

with a second reference standard (Coplen et al., 1983). Solenhofen limestone (NIST 

#20) run against reference toilet seat marble (NIST #21) three times produced a mean of 

-1.05 o/oo with a standard deviation of 0.06 o/oo. The accepted value for Solenhofen 

limestone is -1.06 o/oo with a standard deviation of 0.02 o/oo (Coplen et al.,1983). 

Considering the Solenhofen samples can produce variable results because of fine texture, 

the low variability suggests that the method is both reproducible and accurate. 

Table 3.8 Comparison of ol3cPDB values obtained for an organic 
carbon routine working standard. 

Reference 

NIST # 21 graphite 

(o13CPDB -28.3) 

SW graphite 

(o13cPDB -25.9) 

Geological Sciences Department 

independent analysis 

Working Standard 

(o13CPDB in %o) 

-26.6 

-26.3 

-26.4 
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3.4.5 Organic Matter Fractionation 

The organic matter was fractionated into humin, humic acid (HA) and fulvic 

acid (FA) in the organic proftles of the Upland basin and proftles 1 and 2 in Boundary 

bog. Five grams of peat were suspended in 25 mL of deionized distilled water, stirred 

and centrifuged at high speed. The supernatant, containing any inorganic carbon, was 

discarded and 50 mL of 0.5 M NaOH was added to the peat. Each bottle was flushed 

with oxygen free nitrogen and capped to avoid formation of inorganic carbon with 

atmospheric carbon in the sample. The samples were shaken for 18 h and then 

centrifuged at high speed. The NaOH containing dissolved organic matter is poured off 

to be fractionated into HA and FA. The humin left behind was dried and weighed. HA 

and FA were separated through acidification at pH 1.5 with 6M H2S04. The FA 

supernatant was poured off into beakers. FA and HA were dried and weighed. The 

ratios of Humin: FA: HA were calculated to compensate for changes in weight from 

chemicals added. Stable carbon isotopes were measured on the organic fractions in the 

same manner as for organic carbon 813C as described in section 3.4.2.1. 
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4 RESULTS AND DISCUSSION 

The purpose of this thesis is to gain a greater understanding of carbon 

cycling, especially carbon mineralization processes, in boreal forest wetlands. Since 

methanogenesis is a major mineralization process in saturated conditions, it is important 

to measure the Cf4 fluxes and environmental variables which control Cf4 flux. To 

examine the long term carbon cycling processes in wetlands stable carbon isotopes were 

employed 

4.1 Field Methane Fluxes 

Methane flux measurements obtained from the field by surface chamber 

techniques represent the net amount of Cf4 leaving the peat Therefore, the fluxes equal 

the gross amount of Cf4 produced in the anaerobic region minus the Cf4 oxidized 

before it reaches the surface minus the amount of Cf4 not transported to the surface. 

Methane fluxes therefore reflect the Cf4 production activity in the peat below and 

represent a loss of carbon from the carbon cycle in the soil. 

4.1.1 Upland Basin 

Methane fluxes from the Upland basin were low and only significant when the 

peat was thawing (Fig.4.1). The small amount of Cf4 released (0.0087 g Cf4 m·2), 

occurred when the peat soil was thawing and snow melt water was on the surface. 
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Fig. 4.1 Methane Dux from the basin in the Upland watershed. 

When the surface of the peat started to thaw on May 10, tiny bubbles were observed on 

the surface of the peal By May 25, the thawing of the peat was complete and the fluxes 

decreased to less than 0.00012 g Clf4 m-2 d-1. High oxidation is unlikely to be 

responsible for lower Clf4 flux since the CF4 flux decreased while the water level was 

still above the peat surface. Since the small amount of Clf4 release was associated with 

the physical thawing process it is difficult to determine when it was actually produced. 

Low CF4 production in the Upland basin may be due to inhibition of methanogenesis 

by sulfate reducers. High levels of sulfate and reduced sulfur depleted in 34S were 

found in the Upland basin, suggesting active sulfate reduction (Han, 1990). Sulfate 
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reducers may out-compete methanogens for common substrates in freshwater systems 

(Capone & Kiene, 1988). Therefore, if sulfate reduction is occurring, methanogenesis 

may be virtually eliminated (Lovely et al., 1982). 

4.1.2. Boundary Fen 

The estimated yearly Cl4 flux in Boundary fen ranges from 4 to 10 g Cl4 m-2 

yr 1. Over the peak flux period, the profiles at Boundary fen had a mean Cl4 flux of 

0.148 g CR4 m-2 d-1, with fluxes reaching values as high as 0.547 g CI4 m-2 d-1. 

These CR4 fluxes are comparable to fluxes reported for wetlands around the world 

(Table 4.1 ). 

Table 4.1 Methane fluxes from freshwater wetlands 

Location Flux rate Yearly flux Reference 
g CI4 m-2 d-1 g Cl4m-2 yr1 

Subarctic Canada 0.2-10 Moore et al., 1990 
Moore & Knowles, 1990 

Alaska, USA 1.9-17.6 Whalen & Reeburgh, 1992 

Michigan, USA 0.28 Baker-Blocker et al., 1977 

NWUSA 0.000015-1.15 Miller & Oremland, 1988 

Minnesota, USA 0.42 Harriss et al., 1985 

Minnesota, USA 0.2 Crill et al., 1988 

SEUSA 0.048-0.068 1.7-2.58 Harriss & Sebacher, 1981 

SEUSA -1.8 to +2.58 Harriss & Sebacher, 1981 

Georgia, USA 0.1 27 Pulliam & Meyer, 1992 

Sweden 0.3 Svensson & Rosswall, 1984 

France 0.0112 Giani et al., 1989 
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Methane emissions occurred for a relatively short period during midsummer in 

the Boundary fen. The majority of the Cl4 emission occurred from mid-June till the 

first of September (Fig. 4.2). During the ftrst part of August, a large decline in Cl4 

flux occurred, which was associated with a strong frost. It appears that the death of 

sedges and other plants in the fen as a result of the frost may have altered the 

environment so as to decrease Cl4 fluxes. Other control variables, such as water level 

and the temperature below the peat surface remained unchanged. Plant transport of Cl4 

to the atmosphere may be reduced or eliminated by the death of the plants. Plant 

transport of <>2 down through roots forms a pathway for transport of other gases near 

the roots, such as Cf4 upwards to the atmosphere. Gas transport occurs in water lilies 

and other marsh plants (Cicerone and Shetter, 1981; Chanton et al., 1988). The frozen 

plant matter may also increase the supply of soluble organic compounds and thereby 

alter microbial activity to increase Cl4 oxidation. 

The Boundary fen released considerable amounts of Cf4, even during cold 

periods in spring, indicating Cf4 production likely is active in cold temperatures. 

Methane production may occur in unfrozen peat at depth during the winter. Methane 

accumulation under the ice may be partly responsible for a small Cl4 surge observed 

during spring thaw in the solid peat profJ.le. Any possible surges from the open water 

were missed because of dangerous conditions in sampling during ice retreat A small 

CH4 surge was also noted during freeze-up in open water. Methane at depth can be 

released to the atmosphere during fall turnover of water caused by water at depth 

becoming less dense at temperatures colder than 4 °C and moving to the surface (Rudd 

& Hamilton, 1978). 

Methane fluxes varied according to the conformation of the peat in the area (Fig. 

4.3). Methane fluxes were found to be highest over open water. Similar to this study, 
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Minnesota peatlands, which are open or have standing water overlying peat, produce 

much higher CH4 fluxes than bogs with trees and water below the peat surface (Crill et 

al., 1988). In Boundary fen, fluxes increased with greater thickness of solid peat. At 

the edge of the Boundary fen, lower fluxes may be explained by a more dense tree 

cover, creating a cooler location with a shorter Cf4 flux period than found in the center 

of the fen. The floating peat had lower CI4 emissions relative to the thick solid peat. 

Floating peat mats can trap CI4 bubbles released from submerged peat below. The 

floating peat, containing plant roots which can transfer Ch to the bottom of the mat, may 

create an ideal environment for CRt oxidation. The open water in the center of the fen 

has higher emissions (10.22 g CRt m-2 yr1) presumably because there is no peat on 

the surface to trap bubbles as they move to the atmosphere, which decreases the chance 

of the CH being oxidized. Much higher releases of Cf4 in the open water occurred 

during windy periods (data not shown), presumably because the wave action disturbed 

the sediment below. Open water in the Boundary fen proved to have lower flux rates 

than some open waters in Michigan, 0.30 g CRt m-2 d-1, (Baker-Blocker et al., 1977) 

or Minnesota, 0.66 g CI4 m-2 d-1, (Harriss et al., 1985; Crill et al., 1988). 

4.1.3 Canwood Fen 

The estimated 1992 flux from the profiles in Canwood fen varied from 0.28 to 

9.94 g CRt m-2 yr 1. The mean CI4 production levels of profiles in the Can wood fen 

equaled 0.098 g CRt m-2 d-1 from June 9 to August 1, 1992, with fluxes reaching 

0.293 g Cf4 m-2 d-1. These fluxes are intermediate in comparison to fluxes from 

wetlands around the world (Table 4.1 ). 

The Canwood fen showed similar seasonality in CRt flux patterns to Boundary 

fen, except large fluxes started two weeks earlier, in the frrst part of June. This location 
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warms faster in spring because it is located about 100 km farther south and has more 

open stand of vegetation than Boundary fen which allows warming by the sun 

(Fig.4.4). The early frost in August also dramatically reduced the Cf4 fluxes at this 

site. 

The Canwood forest and fen edge profiles (4 and 5) began releasing Cf4 later 

in the season and ended earlier because they are shaded by trees and remain colder 

(Fig.4.4). The highest Cf4 emissions occurred at profile 2 in the fen. At this location a 

slight pulse of Cf4 was noted during spring thaw, likely from Cf4 accumulated under 

the ice during the previous fall and winter. 

In the Canwood fen; the CI4 flux was greater in areas where the peat was 

thicker (Fig.4.5), similar to the Boundary fen. Low fluxes in the forest profile may 

reflect cooler temperatures created by the shading of trees as well as lower water levels 

creating less strongly reduced conditions and a greater opportunity for oxidation. Lower 

than expected CI4 fluxes in profile 1 of the Can wood fen could be attributed to water 

flow through the area, especially during spring snow melt and rains. Water movement 

increases the 02 levels in the peat which may lower Cf4 production and increase Cf4 

oxidation. The Canwood fen has lower CI4 fluxes than the Boundary fen, possibly 

due to a shallow peat depth (Fig.4.5). 

4.1.4 Relationship of Methane Flux to Temperature 

Surface peat temperatures 

The peat temperature at 15 em depth was recorded at every chamber 

location during gas sampling. The temperatures were measured at one point in time and 

were paired with the week long and one day CI4 fluxes. As the net CI4 fluxes from 
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the surface are not necessarily related to Cl4 production, the temperature/flux 

correlations do not directly represent the response of methanogens to temperature. 

In the Upland basin, the CI4 flux started below 0 °C and stopped when 

the temperature approached 11 °C (Fig. 4.6). This response is opposite to the expected 

relationship of Cl4 flux increasing with increases in temperature starting near zero. The 

physical thawing process appears to release Cl4 produced previously, possibly at 

depth during the winter. The flux is low and ceases early because of inhibited CI4 

production and/or active CI4 oxidation during the normal CI4 flux period. 

Methane fluxes were positively related to temperature at the open water 

and thin floating peat profiles in Boundary fen (Fig. 4. 7). The significant correlation 

suggests temperature is an important variable in controlling Cl4 flux. The highest 

fluxes at these profiles are the farthest points from the curves. The largest fluxes in all 

profiles were often sporadic, which may indicate ebullition fluxes. Many of the highest 

fluxes came from the open water during windy periods and therefore were a factor of 

wind speed more than temperature. Ebullition is controlled by· CI4 accumulation and 

peat structure which would not have close relations with temperature. The high 

correlation between temperature and Cf4 flux in the floating peat profile relative to the 

other profiles may indicate less ebullitive flux as a result of the bubbles being trapped in 

the floating mat. The CI4 fluxes from the fen edge and solid peat profiles were not 

significantly correlated with temperature. Temperature may not be as important in these 

proftles because other environmental factors such as water level may override the effects 

of temperature. The correlation between water level and CR4 flux was slightly higher in 

these two profiles (data shown in Fig. 4.14 ). 

The Canwood fen showed significant positive exponential relationships 

between CI4 flux and temperature (Fig. 4.8 a) which suggests a large acceleration 
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of methanogenic activity when temperatures increase alx>ve 12°C. If data collected after 
-

the August 1 frost are eliminated from the curve then the Canwood site temperature-

CI4 flux correlation improves (Fig. 4.8 b). The temperature-04 flux correlation in 

profile 2 is markedly improved. Profile 2 was located in a hollow dominated by Carex 

species vegetation which is capable of transporting gases to the atmosphere (Chan ton et 

al., 1992). Temperatures remaining high in the peat after August 1 suggests the rapid 

decrease in Cl4 flux was due to environmental controls other than temperature, such as 

death of the vegetation. 

The CI4 flux is related to temperature in more profiles in the Canwood 

fen than the Boundary fen site. Excluding the data points collected after the August 1 

frost did not change the correlations at Boundary fen suggesting there are other 

variables which have a major influence on fluxes throughout the year. The Canwood 

CH4 fluxes were more consistent over the summer than fluxes at Boundary fen. 

Diffusive transport may be more important in solid peat profiles (Miller & Oremland, 

1988) such as those in Canwood fen. Diffusive transport is more sensitive to 

temperature than ebullitive flux. 

The different temperature responses within Boundary fen and Canwood 

fen indicates that different wetlands and peat types in an area may have different 

sensitivities to temperature. The relationship between temperature and CI4 flux in 

wetlands is complex. A variety of functions have been used to describe the relationship: 

linear (Svensson & Rosswall, 1984), polynomial (Baker-Blocker et al., 1977), log

linear (Holzapfel-Pscorn & Seiler, 1986; Crill et al., 1988. Moore & Knowles, 1990) 

and exponential (Moore et al., 1990). A positive relationship between CI4 flux and 

temperature in these locations implies that global warming would increase Cf4 flux 

which in turn would intensify the greenhouse effect. However, temperature impact 
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on hydrology through greater evapotranspiration rates lowering the water level may be a 

more important factor influencing the greenhouse effect (Pulliam & Meyer, 1992). 

The soil temperatures were similar among all profiles within a site 

throughout the summer (Fig. 4.9 a &b). The heavily treed areas such as the edge profile 

in the Boundary fen and forest (profile 5) in Canwood fen were slower to warm in the 

spring and to start releasing CRt. The lower flux in the thin-floating profile in 

Boundary fen is not due to a temperature difference because that profile maintained or 

exceeded the temperatures of the other peat profiles. 

Peat temperatures with depth 

Temperatures were measured in all profiles at various depths within the 

peat. Temperatures showed the same trends and are represented by one profile in each 

of the Boundary and Can wood fens (Fig. 4.10 & 4.11 ). In the summer a difference in 

temperature was found between the peat surface and the peat at depth for both sites. The 

peat at depth was cooler and the temperature was more stable because warm air 

advection and sun heats the surface but the peat acts to insulate itself at depth. As fall 

approaches the temperature spread in peat with depth narrows until the temperatures are 

similar throughout the profile in October for Boundary fen and mid-September for the 

Canwood fen. The surface peat cooled with a decrease in ambient temperature to the 

temperatures found at depth. The more open vegetation in Can wood fen allowed a more 

rapid cooling of the surface peat which caused the peat surface to become colder peat in 

the beginning of October (Fig 4.11). 

In both sites the upper 50 em decreased in temperature beyond the end of 

July. Rapid cooling also was found in the upper 40 em of an Arctic tundra in the fall 

(Whalen & Reeburgh, 1992). Peat at 100 and 135 em remained at similar temperature 
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from July through mid October because the peat above provided insulation from cooler 

ambient temperatures. Peat at 150 and 200 em in the Boundary fen continued to increase 

in temperature up to September 3, by slowly absorbing heat from the peat layers above. 

The continued warming at depth into the fall suggests that CI-4 production could be 

highly active until late in the year, yet there was little CI-4 flux after August. It is 

unlikely CI-4 oxidation was limiting the flux in fall because the surface temperatures 

were likely too cold for intense microbial activity near the surface. Methane production 

may have been limited by factors other than temperature such as lack of substrates since 

peat at depth is known to be poorer in quality and have lower CI-4 production (Given & 

Dickenson, 1975). Methane transport to the surface may have been reduced as diffusion 

is slower in cooler temperatures and more importantly, gas transport by plants would be 

stopped. Continued Cf4 production at depth in late fall could explain CI-4 surges 

which have been measured at spring thaw (Whalen & Reeburgh, 1988, Moore et al., 

1990; Windsor et al., 1992). 

4.1.5 Methane Flux and Water Levels 

The water levels at the study sites were lower than average in the sampling 

year (1992). The water level was measured and expressed in relation to the surface of 

the peat. Solid peat profiles can expand with higher water levels, causing smaller 

changes in the water level relative to the peat surface than the actual change in depth of 

water. The water level relative to the peat surface changes little in the floating peat 

proftles because the peat floats on the water surface. Transitional areas between solid 

and floating peat remain solid in drier periods while the peat separates to become a 

floating and sunken peat mat in periods of higher water. 
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A regression curve (not shown) revealed water level in the Upland basin 

had no correlation with CRt flux as expected, since CRt was only released during 

spring thaw. All of the peat proftles in Boundary fen varied little in water level, except 

for the open water (Fig. 4.12). It is therefore difficult to establish a trend between CRt 

flux and water levels at this site. Drier conditions resulted in water levels that remained 

at the surface or below for the peat proftles. There is a slight tendency for the highest 

CI4 fluxes to occur when the water levels approach the peat surface. The open water 

levels varied by 40 em during the year while the water level in the peat proftles only 

varied by 18 em, reflecting the ability of the peat to swell with increased water. Despite 

the wide range of water levels in the open water, there is no relation between water level 

and Cl4 flux when there is overlying water (Fig. 4.12). Greater CI4 oxidation 

stimulated by lower water levels would have the largest effect on the diffusive ca. 
flux. Since diffusion provides an insignificant proportion of the Cf4 flux relative to 

ebullition in open water locations (Miller & Oremland, 1988), the total flux would not 

be greatly altered by changes in the amount of water above the sediment 

The Canwood fen contained only solid peat proftles which went through a 

wider range of water levels because of spring rains. Despite the varying water levels, no 

significant correlations were found between flux and water levels (Fig 4.13). However, 

there was a trend for the highest fluxes to occur when the water levels were near the 

peat surface. 

Exponential curves were found to best describe the relationship between 

CH4 flux and water levels for both Canwood and Boundary fen sites but the 

correlations were not significant. The driest locations on the fen edges had the highest 

R 2 values suggesting a greater influence of water level at these locations. Past 

incubation studies have suggested that Cl4 flux is logarithmically related to water levels 
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between 10 em above to 70 em below the peat surface with a rapid decrease in flux from 

0 to -20 em (Moore & Knowles, 1989). A field study in Canadian Shield wetlands 

showed only weak correlations between flux and water level, but the water levels 

explained some trends, such as a surge in CI-4 flux when water levels dropped 

suddenly to decrease overlying hydrostatic pressures (Moore et al., 1990). A long term 

study in the tundra showed unclear relationships between water levels and CI-4 flux 

(Whalen & Reeburgh, 1992) 

4.1.6 Relationship of Methane Flux to Sulfate, Nitrate and Phosphate in 

Interstitial Water 

The limiting nutrients within wetlands are often N, P and K (Bartsch & 

Moore, 1985). Some studies have found much higher CI4 fluxes in wetlands with 

fertilizer or sewage additions (Harriss & Sebacher, 1981 ). No evident relationship 

appears between soluble sulfate, nitrate and phosphate and the CI4 flux in any of the 

sites (Figs. 4.14 a & b). Overall, these nutrients were present in small quantities, which 

is common for anaerobic environments (Sikora & Keeney, 1983). In the Upland basin, 

however, the levels of S04-2 were quite high (Fig. 4.14 a). The more intense 

decomposition during aerobic periods in the Upland basin could be the cause of higher 

levels of S04-2. Lower CI-4 fluxes in the Upland basin may be attributed to the higher 

S04-2 contents which could stimulate sulfate-reduction and inhibit CH4 production. It is 

difficult to relate S04-2 contents to CI-4 flux in the Upland basin because the amount of 

so4-2 varies little during the flux period and the flux was mainly associated with 

thawing. 

The Cf4 flux at Boundary and Can wood fens show did not change as the 

S04-21evels varied between 0 and 0.14 J.Lg S04-2-S mL-1 in the interstitial water (Fig. 
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4.14 b). Big Run Bog, West Virginia had decreases in CR4 flux at the surface and no 

change at depth when the so4-2-s concentration approached 0.13 Jlg so4-2-s mL-1 

levels (Yavitt et al., 1987). In Lake Washington CR4 production dominated when there 

was less than 2.9 Jlg S04-2 mL-1 (Kuivila et al., 1989). The concentration of sulfate 

which is inhibiting can vary because it is dependent on the amount of available 

substrate, such as H2 or acetate (Winfrey & Zeikus, 1977). 

There was also no relationship evident between nitrate, phosphate and 

CH4 flux for all sites, possibly because there were such small (< 0.1 Jlg mL-1 ) 

amounts of available nutrient present at any time (Figs. 4.14 b). The N source believed 

to be used by methanogens is NR4+ but when NRt+ is not available, methanogens may 

fix atmospheric N2 (Mah et al., 1977; Rajagopal et al., 1988). Nitrate is usually not 

available as a substrate because of rapid denitrification under the reduced conditions 

necessary for methanogens. Nitrification has been associated with CR4 oxidation 

(Harrits & Hanson, 1980) and therefore the presence of high N03- may correspond 

with lower net CR4 fluxes. Available phosphate concentrations in the interstitial water 

are similar to those reported in an Ontario marsh, ranging between 0 and 0.026 Jlg P 

ml -1 (Nicholls & MacCrimmon, 1974). Despite several measurements in which the 

phosphate concentration was too low to detect, suggesting a P deficiency, the CR4 

fluxes remained strong (Fig. 4.14 b). 

It appears that the macronutrient levels at these sites may not be strongly 

related to the CR4 flux possibly because there is another factor which is limiting activity 

of the methanogens and methanotrophs, such as organic substrate availability, 

temperature or 02. The commonly isolated and possibly the most numerous 

methanogenic bacteria depend on other organisms in their natural habitat to supply 

directly methanogens with essential nutrients (Mah et al., 1977). 
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4.17 Redox measurements with peat depth 

Redox potentials were measured to find possible areas of CI4 production 

and oxidation. Redox measurements in both the floating and solid peat profiles in 

Boundary fen and in profile 3 of the Canwood fen showed that the wetlands have 

strongly reducing conditions, especially at depth (Table 4.2 & 4.3). 

The redox potentials change with depth to reflect differences in peat 

conformation. The floating peat mat which was 115 em deep, had redox values at 50 

and 100 em depths reflecting the presence of Oz. The Oz will diffuse in from the surface 

as well as possibly be transported into the mat by plant roots. The presence of Oz may 

stimulate CR4 oxidation in the floating peat mat. The redox values in the peat at 150 em 

depth had more oxidizing conditions than the floating mat since it was located in the 

water column between peat mats. The presence of Oz in the water column indicates CI4 

dissolved in the water may be easily be oxidized. Low redox values were measured at 

200 em depth which is located in the sunken peat mat. The sunken peat is the only 

location at all times that is reduced enough to sustain CI4 production and likely 

supports the majority of methanogenesis. 

On July 31, the mid-floating profile in Boundary fen was only partially 

anaerobic in the top 150 em, with redox values around -35 to -89 m V (Table 4.2), 

which is suitable for facultative anaerobic microorganisms such as methanotrophs 

(Table 4.4). At 200 em, the peat is highly anaerobic ( -285 mY) which would be 

conducive to methanogenesis. 

Precipitation and water levels appear to control redox values within peat 

especially near the surface. A drop in water level relative to the peat surface by 3 em 

between July 31 and August 7 created less reducing conditions throughout the peat 
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Table 4.2 Redox values in Boundary fen 

Depth 
(em) 

Date 50 100 150 200 

rep 1 rep2 rep 1 rep 2 rep 1 rep2 rep 1 rep2 

mV* 

floating peat profile 

31-Jul -75 -89 -73 -36 -35 -42 -500 -470 

7-Aug 40 -44 58 -15 79 53 -304 

13-Aug -92 -249 -241 -225 -21 -75 -444 

14-Aug -47 -197 -194 -177 32 -26 -399 

solid peat proftle 

3-Sept. -351 -377 -321 -346 -424 -324 

4-Sept. -357 -384 -328 -354 -427 -329 

*redox values adjusted to 10°C and pH 7 [Eh7=Eh-0.059 (pH-7) V] 

Table 4.3 Redox values in profile 3 of Canwood fen 

Depth 
(em) 

Date 50cm 100cm 150cm 

rep 1 reE 2 reE 1 reE 2 reE 1 reE2 

mV* 

3-0ct 54.6 47.6 -156.6 -196.6 -410.6 -403.6 

*redox values adjusted to 10°C and pH 7 [Eh7=Eh-0.059 (pH-7) V] 
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proftle (Table 4.2). The small drop in water level appears to allow a greater diffusion of 

<l2 into the peat and interstitial water. The lower water levels will likely reduce the CRt 

production area and increase the CH4 oxidation area causing an overall decrease in CRt 

flux. Heavy rains on August 12th caused the redox values on August 13th and 14th in 

the floating mat to drop by 184 m V on average relative to the previous August 7th 

measurement A heavy rainfall caused a similar drop in redox potential by 45 m V in a 

floating sphagnum peat mat, presumably because of decreased <l2 diffusion (Haavisto, 

197 4 ). Such large drops in redox potential could result in large increases in CRt 

production after heavy rains. 

The solid peat profiles had highly reduced conditions throughout the 

proftle with redox values equalling -321 to -427 on September 3fd and 4th. Water levels 

were slightly higher during this measurement which could decrease the redox values. 

Table 4.4 Possible systems operating in flooded environments as related to 

redox potential. (from Sikora and Keeney, 1983). 

System 

Oxygen disappearance, 
Nitrate disappearance 
Mn 2 + formation 
Fe2 + formation 
Sulfid~ formation 
Hydrogen, methane formation 

Redox potential 
range (mV)*' 

+500 to +350 

+350 to + 100} 
below +400 
below +400 
0 to -150 
below -150 

•corrected to pH 7 [Eh1 = Eh -0.059(pH -7) V]. 
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aerobes 

facultative anaerobes 

obligate anaerobes 



The redox values of the solid peat are low throughout the proftle which may indicate 

that there is a much greater area associated with CI4 production. The higher CI4 flux 

in the solid peat relative to the floating peat mat could be explained by the difference in 

redox values with depth since the floating peat mat tended to have a large area conducive 

for Cf4 consumption and the solid peat had a large area which was highly reduced and 

would produce CI4 

The redox values in Canwood fen were only measured in proftle 3 on 

October 3 (Table 4.4). The redox values at 50 and 100 em were higher in comparison 

with solid peat in the Boundary fen but water levels were low on October 3 which 

would increase the redox values. The peat at 150 em was highly reduced at -403 mV. 

4.2 Inftuence of Temperature, Water Level and Substrate on Methane 

Flux Measured in the Laboratory 

4.2.1 Temperature 

As intact peat cores thawed for the incubation experiments, an average of 

19 J.lllloles Cf4 per core or approximately 0.4 mg CI4 m-2 was emitted from cores 

thawing from the completely frozen state to half the contents in the core filled with ice. 

These fmdings correspond with the observed release of Cf4 during the thawing of peat 

in the Upland basin and the solid and edge proftles in Boundary fen. It appears that 

CB4 bubbles trapped between the peat fibres are released by physical changes resulting 

from the thawing. Similar releases of Clf4 have been observed in the field during spring 

thaw (Sebacher et al., 1986, Moore & Knowles 1987, 1990; Whalen & Reeburgh, 

1992, Moore et al., 1990; Windsor et al., 1992). The amount of Cf4 released is likely 

dependent on the amount of Clf4 trapped in the peat upon freezing and the amount of 

CI4 produced below the frozen peat during the winter. 
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Fig. 4.15 Mean methane ftux at ditTerent incubation temperatures. 

In the peat core incubations, the amount of Cl4 emitted increased as the 

temperature rose (Fig. 4.15). The Cl4 flux at 5 °C is considerable (5.9 mg Cf4 m-2 

d-1 ), suggesting that methanogens can be active at the cold peat temperatures found for a 

few months in the spring and fall, and at depth in the peat during the winter in the boreal 

forest Only the temperature increasing from 15 to 20 °C produced a significant increase 

CH4 flux. The temperature study in the field also showed high CF4 fluxes only at 

temperatures greater than 12°C (Figs. 4.7 and 4.8). In the Canwood fen where the 

incubation cores were obtained, most of the high Cl4 fluxes occurred at temperatures 
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above 15 °C. In the incubations, the Cf4 fluxes increased 300 fold when the 

temperatures were increased to 20 and 25 °C, closely following the trends in the field. A 

5.4 to 13 fold increase in ca. flux was associated with an increase in temperature from 

10 to 20 °C in a Minnesota peatland (Crill et al., 1988).1n paddy soils Cf4 emissions 

also increase rapidly between 15·c and 25·c, (Holzapfel-Pschom & Seiler, 1986; 

Schutz et al., 1990). 

The relationship between the ca. flux and the temperature increases from 

5 to 25 °C in the incubation are best described by an exponential curve (Fig. 4.16). The 
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Fig. 4.16 Exponential relationship between methane flux and increasing temperature. 
(**** = 0.001 signiilCallce level) 
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exponential relationship is similar to that found in the field (Figs. 4.7 & 4.8). The 

incubation CRt flux/temperature curve has a much higher correlation than the field 

curve because the incubation environment results in controlled conditions for 

temperature at all depths in the peat core. 

The Cf4 fluxes were also measured as the incubation cores were cooled 

down to 15 °C days/10 oc nights, 4 oc and then frozen (Fig. 4.15). The CRt fluxes 

remained higher during cooling than they had been during warming at corresponding 

temperatures. The core temperatures were cooled completely to each recorded 

temperature before fluxes were measured. The additional Cf4 emitted may be attributed 

to the release of Cf4 produced during the wann temperatures which accumulated in the 

peat. These results suggest that despite cool temperatures in the fall, Cf4 fluxes could 

remain higher than expected. On the contrary, the 1992 field Cf4 fluxes decreased 

below expected fluxes relative to temperature. Other environmental parameters which 

may be linked with the early frost killing the vegetation appear to be associated with the 

decrease in fluxes in 1992. 

A pulse of Cf4 ranging between 38.5 and 85.8 mg m-2 d-1 with a mean of 

62.7 mg m-2 d-1 occurred as the incubation cores froze in the laboratory, and then the 

flux ceased. In field studies, similar fall surges of Cf4 have been noted in the field 

(Rudd & Hamilton, 1978) which have been attributed to Cf4 being forced out of the 

peat as the water expands during freezing. Increases in atmospheric CH4 

concentrations, in the northern hemisphere during the fall (Nisbet, 1989), suggests that 

there is some seasonal source of CRt in the north (Nisbet, 1989). The fall surge was 

not observed in our field study, except for a small amount in the proftles 1 and 2 in the 

Can wood fen (Fig. 4.4 ), presumably because the surface of the peat froze rapidly, 

locking in any CRt. 
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Only the fluxes at 20 and 25°C temperatures in the laboratory approached 

or exceeded the average field CI4 fluxes for the summer in the Canwood fen. The CI4 

flux readings for each temperature in the incubations are below the fluxes measured in 

the field at the same temperatures (Fig. 4.7 & 4.8). Incubation fluxes may be lower than 

field fluxes possibly because the absence of plants eliminates plant transport of Cf4 to 

the atmosphere and plant exudates may act as substrates. As well there would not be 

any nutrient or substrate additions from water draining from surrounding uplands into 

the fen. 

The rest of the incubations were carried out at temperatures of 15 °C in the 

day and 10 °C at night. Methane fluxes are limited at temperatures of 15 °C and below 

(Fig. 4.16). Therefore, the Cf4 fluxes for the other incubation experiments are likely 

restricted by low temperatures. 

4.2.2 Water Level 

The location of the peat in relation to the water surface appears to be an 

important factor in Cf4 release. In the water level incubation, all of the cores started 

with 20 em of water above the peat surface. At this level CH4 fluxes were rather low 

with a mean of 12.4 mg CH4 m-2 d-1 (Table 4.5). After the water levels were lowered 

to 10 em above the peat surface, the peat in two of the cores (2 and 3) separated into 

floating and submerged peat layers with a column of water in between the layers (Fig. 

4.17). When the water level was lowered from 20 em to 10 em above the peat surface, 

the CI4 flux in core 1 was reducted by 37 %, likely because more 02 could diffuse to 

the peat surface to increase aerobic oxidation of CI4. Cores 2 and 3, with the floating 

peat, had 7 and 16 fold reductions in CI4 flux relative to a 20 em water level and were 

much lower than core 1. The peat floating to the surface forms an ideal location for Cf4 
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oxidation to occur because <>2 can readily enter the surface peat and oxidize both CF4 

diffusing to the surface and CF4 bubbles which are trapped in the floating mat These 

floating peat cores simulate the floating peat proftle in Boundary fen which also had 

much lower CF4 fluxes than solid peat proftles (see section 4.1.2). 

Table 4.5 Methane Dux at differing water levels. 

Water level relative to the peat surface (0 em) 

Cores 20cm 10cm floatins Ocm -Scm -10cm -15cm 

mgm-2d-l 

1 15.8 9.9 5.6 51.3 26.2 7.3 

2 9.5 1.3 5.6 27.9 28.7 5.6 

3 11.9 0.9 41.1 19.8 24.2 0.2 

A further decrease in the water level down to 0 em in core 1 caused a 

43% decrease in CF4 flux likely because the loss of the 10 em water layer increased 

the amount of Cl4 oxidation. Lowering the water level in cores 2 and 3 resulted in the 

loss of the water column between the peat (Fig. 4.17) and an increase in Cl4 flux 

(Table 4.5). The high redox values found in the water column in the floating peat site in 

Boundary fen showed that the water may be a prime CF4 oxidation area. The loss of 

the water column by dropping the water level would therefore reduce the volume of 

CI4 oxidation. The solid peat sites in the field also became more strongly reduced with 

depth than the floating peat, which indicates that a solid peat proftle may have a greater 

area suitable for CI4 production. 

Many studies have shown that as the water levels drop below the peat 

surface, the Cf4 fluxes decrease because the CRt oxidation area becomes larger and 
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the CJ4 production area becomes smaller (Moore & Knowles, 1989, 1990). On the 

contrary, our study showed CB4 fluxes increasing 2 or 3 fold relative to the fluxes from 

water levels at 20 em above the peat. It should be noted that these fluxes are still only 

20% as large as those recorded from the Canwood fen during the summer of 1992. An 

episodic CB4 flux was found in an subarctic fen in northern Quebec which was caused 

by a lowering of the water table by 5 to 10 em during dry periods (Moore et al., 1990; 

Windsor et al., 1992). One suggested reason for the increased flux is lower overburden 

pressures releasing CJ4 trapped in the peat depths (Moore et al., 1990). The peat may 

compress to force out trapped CJ4 and the more compact peat would let less <>2 in for 

methanotrophs (Windsor et a1., 1992). Fibric peat may not compress to squeeze out CB4 

but a water level drop of 10-15 em would allow macropores to drain (Hemond & Chen, 

1990), while leaving the peat surface saturated due to capillarity (Ingram, 1983). Air 

entry into the largest pores would increase CJ4 diffusivity (Fechner & Hemond, 1992), 

while not significantly increasing the potential for oxidation in the upper layers 

(Windsor et al., 1992). The water level which releases the most CB4 varies among the 

cores likely according to the location of CB4 production and accumulation. In all of the 

cores, CB4 flux decreased 59 to 94% once the water level dropped to 15 em below the 

peat surface. A 20 em drop has been found to let air into smaller pores increasing CB4 

oxidation (Hemond & Chen, 1990). 

4.2.3 Substrates: Carbon Dioxide, Acetate, Methanol 

The effect of different substrates on Cf4 flux was evaluated. The addition 

of CD2 to the peat core produced a highly significant increase in Cf4 flux (Table 4.6) 

which indicates that there is a microbial population present which readily reduces CD2 

to Cf4. To a small extent, Cf4 oxidation may have been reduced by flooding the core 
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Table 4.6 Methane flux response to substrate additions. 

Substrate 

C<h 
Acetate 

Methanol 

<Dl+Methanol 

C0:2+Acetate 

Methanol+Acetate 

C'(h+Methanol+ Acetate 

Probabili!I ratin~ according to a elanned F test 

99% -higher CRt flux 

90% -higher CRt flux 

no difference 

95% 

99% 

no difference 

no difference 

-higher CRt flux 

-higher CRt flux 

with C02, but the major oxidation area at the peat surface was allowed to equilibrate 

with atmosphere before Cf4 fluxes were measured. Acetate addition produced a 

significant increase in CI-4 flux at the 90% probability level (Table 4.6), indicating that 

this substrate may also be used to produce Cf4 but not to the same extent as C02. 

Acetate would not physically displace 02 in the peat like C~ to reduce CRt oxidation. 

Carbon dioxide and acetate are the most commonly found substrates in freshwater 

systems (Ferguson & Mah, 1983). The amount of available H2 and the pH will control 

whether acetate or C02 dominate Cfi4 production. Carbon dioxide dominates when H2 

is readily available and acetate dominates when there is a shortage of H2 (Winfrey & 

Zeik:us, 1979). In a mildly acidic lake, acetate dominated as the substrate but as the pH 

was increased C02 dominated (Phelps & Zeikus, 1984). The pH of this site is near 8 

which would favor C02 as the dominant source for Cf4. The addition of both C02 and 

acetate results in a highly significant increase in CRt fluxes which could be attributed to 

both substrates being used simultaneously as was measured in Lake Mendota, 

Wisconsin (Winfrey & Zeikus, 1979). 
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The addition of methanol did not significantly increase the Cf4 flux (Table 

4.6), which suggests methanol availability is not limiting Cf4 production. This may 

reflect that methanol is not a commonly used substrate by methanogens in the boreal 

forest wetlands. Methanol was the source of only 5 %of the CF4 produced in the 

eutrophic Wintergreen Lake in Michigan (Lovely & Klug, 1983b). The combination of 

methanol and C(h resulted in a significant increase in Cf4 flux, most of which is likely 

due to the C(h. The combination of methanol and acetate, or methanol, acetate and C(h 

did not significantly increase the Cf4 emissions. It appears that the combination of 

methanol with another substrate lowers the flux response relative to the other substrates 

alone which suggests methanol may slightly inhibit increases in CRt fluxes. 

The ca. fluxes before adding substrates or after adding methanol 

remained lower than fluxes measured in the field under similar environmental 

conditions. The peat in the field may have higher substrate levels and fluxes in mid

summer because of increased quantities of substrates through the addition of organic 

compounds from new living and dead plants which were present in the fen, but not 

present in the incubations. 

4.3. 13C Natural Abundance Variations and Their Relationship to the Soil 

Carbon Cycle 

4.3.1 Organic Carbon 

Stable carbon isotope abundances (513C) were measured in a grassland, 

parkland forest, boreal Upland basin and two fens with the intent of using the 813C 

values to help reveal carbon sources and transformations. Carbon isotopes (813C) were 

first applied to native grassland soils with well documented carbon cycles to gain an 

understanding of how carbon isotope abundances can be affected by carbon cycling. 
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The o13C technique was then applied to forest and wetland environments where carbon 

cycling processes are not as well understood. 

4.3.1.1 Grassland 

An examination of the organic carbon isotopic values in the prairie soil 

profiles may suggest the carbon assimilation path of the vegetation and the extent of 

decomposition and humification. Organic matter in aerobic soils usually becomes 

enriched in 13C with depth. Unlike a typical enrichment in 13C with depth found in 

well-drained soils (O'Brien & Stout, 1978), the upslope Chemozemic soils are depleted 

with depth (Fig. 4.18). Exceptions to 13C enrichment with depth is usually attributed to 

soluble 13C depleted organic matter having been illuviated into lower horizons (V olkoff 

& Cerri, 1987), or are from dominant plant type changes from C3 to C4 or differential 

preservation of litter components depleted in 13C in anaerobic conditions. Narrow 

C:N,P,S ratios and a greater preponderance of fulvic acid at depth in these sites have 

suggested translocation of low molecular weight, nutrient rich organics over 

pedogenesis (Schoenau & Bettany, 1987). Side chains and functional groups which are 

13C depleted (Nissenbaum & Schallinger, 1974; Galimov, 1985) are removed during 

humification which then may be leached down to the B and C horizons. Subtropical 

grassland soils showed a depletion in 13C with depth which was due to an illuviation of 

13C depleted soluble compounds (Volkoff & Cerri, 1987). The soluble organics would 

remain more depleted in l3C in the Cksa horizon because further decomposition may be 

limited by high salt concentrations as well as low (h and temperature. 

The Gleysolic proflle in the lower slope has a l3C depleted L-H horizon at 

the surface, representing relatively recent organic matter which is poorly decomposed. 

The larger sized litter components (> 2 mm) were depleted by about 1 o/oo relative to the 
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Fig. 4.18. o 1l: of organic carbon in the prairie grassland site. 
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smaller ( < 2 mm) fraction, reflecting the lower degree of decomposition and younger 

age of the large detrital particles. Measurements of of3C values for different size 

fractions in past turnover studies has produced clues to the involvement of different 

size fractions in organic matter decomposition. Larger mineral particle fractions are 13C 

depleted relative to smaller size fractions because the organic matter is younger 

(Anderson,l994). o15N values of the largest and smallest organic size fractions also 

have the same o15N value as the present plant community (Tiessen et al., 1984). 

In the native Gleysol, slight I3c enrichment in the Ahe and Aheg horizons 

most likely reflects aerobic decomposition during unsaturated periods. Higher 

decomposition causing enrichment would result from the combination of sufficient 

moisture and oxygen which would greatly increase the microbial activity. The lower Btg 

horizon becomes more depleted in 13C probably from the leaching of 13C depleted 

organics during unsaturated periods and lower rates of decomposition and humification 

resulting from longer durations of saturated conditions in the subsoil. 

The organic carbon in the upslope profile of the native grassland is 13C 

enriched relative to the lower Gleysolic site (Fig. 4.18). The drier conditions in the 

upslope would create a greater water use efficiency (WUE) which is correlated with 13C 

enrichment in plant and soil organic matter (Van Kessel et al., 1994). The Upslope has 

a dominant C3 population with some C4 plants, such as blue grama grass (Boueloua 

gracilus). C4 plants are enriched in 13C relative to C3 plants and may create a more l3C 

enriched soil organic matter on the upper slopes. 

Cultivation in a wheat-fallow rotation for 80 years caused a 2 to 3 o/oo 

enrichment of 13C in the upper horizons relative to the native horizons. Enrichment in 

the upper slope surface soil resulted despite a change in vegetation from the native, C3 

and C4 mixed community to C3 plants (wheat), which have more depleted isotopic 
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values. Cultivation may create drier conditions, causing a higher WUE and 13C 

enrichment in soil organic matter (Van Kessel et al., 1994) The general carbon lost due 

to cultivation may be 13C depleted compounds or groups, possibly aliphatic side chains 

on humus polymers. Isotopic enrichment during rapid decomposition suggests that the 

most labile components in soil are 13C depleted and the most stable components are 13C 

enriched. An enrichment in o34S values was also found to occur from decomposition 

during cultivation (Schoenau & Bettany, 1988). 

4.3.1.2. Parkland forest 

The parkland forest soil follows the general trend in forest soils of 13C 

isotopic enrichment with depth (Schleser & Pohling, 1980; Becker-Heidmann & 

Scharpenseel, 1986; Volkoff & Cerri, 1987; Nadelhoffer & Fry, 1988; Skjemstad et 

al., 1990). The enrichment is believed to result from the soil organic matter becoming 

more decomposed and humified with depth. The native forest L-H layer is the most 13C 

depleted horizon because it contains fresh plant litter which is less decomposed (Fig. 

4.19). The L-H horizon in the depression is 0.9 o/oomore depleted than the upslope L-H 

horizon likely because of greater litter additions (Nadelhoffer and Fry, 1988) and 

greater WUE on the upslope (Van Kessel et al., 1994). The depression will gain more 

moisture by accumulating runoff which in turn allows greater plant growth and litter 

additions. 

Different degradation rates of plant components may not be responsible for 

the enrichment found during decomposition in forest soils. In the decomposition of 

aspen leaves and spruce needles, proteins and amino acids are rapidly decomposed but 

the largest portion of the litter, represented by cellulose and lignin, are more resistant to 
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degradation (Lahdesmaki and Puspanen, 1988). The easily degradable compounds such 

as proteins and nucleic acids tend to be 13C enriched and degradation-resistant 

compounds such as lignins and waxes tend to have 13C depleted values (Deines, 1980). 

Therefore, either a general kinetic fractionation occurring during production of C(h or 

the transformations within organic compounds during decomposition and humification 

causes the 13C enrichment in soil. 

In upper slope horizons below the L-H layer, isotopic values remain 

relatively constant throughout the profile which suggests the majority of litter 

decomposition occurs on the soil surface. The dry conditions in this proftle may restrict 

further decomposition of organic matter below the surface. The Bt horizon of the lower 

slope soil is enriched in 13C possibly because higher moisture levels in this lower slope 

enhances decomposition and humification, but is more likely ascribed to the illuviated 

clay which is associated with older carbon (Becker-Heidmann and Scharpenseel, 1986). 

Easily translocated, fme clays can be adsorbed or complexed with older organic carbon 

compounds which are more 13C enriched (O'Brien & Stout, 1978; Anderson, 1994). 

The lower slope Bt horizon is likely to accumulate more clay-carbon complexes from 

upslope and horizons above than the Bt in the upslope and therefore shows a greater 

13C enrichment. 

The cultivation of the native forest is not associated with an obvious 13C 

enrichment in isotopic values like that found in the grassland soils (Fig. 4.19). The 

variable amount of forest organic matter left after forest clearing may conceal some of 

the effects of cultivation on the organic matter. The site was cleared completely and the 

litter horizon and forest vegetation pushed into piles and burned. Forest litter is known 

to be highly resistant to decomposition during cultivation (Vitorello et al., 1989; 

Skjemstad et al., 1990). The upslope Ap site was a location where the clear cut litter 
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was piled and burned which could explain the continued 13C depletion in the Ap 

horizon. The slight depletion in the Ap from the Luvisolic soil relative to the Ap in the 

grassland site (Fig. 4.18) may reflect the presence of resistant forest litter and a slightly 

wetter environment in the Luvisol. The greater illuviation of clays under cultivation may 

explain a slight enrichment in both the upslope and depression Bt horizons. 

4.3.1.3. Upland watershed profiles 

The stable carbon isotopes in the vegetation and organic matter were 

measured in profiles in the upslope and basin locations within the Upland watershed. 

Vegetation was consistently depleted in I3c by 2 to 3.7 %a relative to the L-H horizon. 

The enrichment of 13C in dead plant matter appears to begin even during senescence 

before the debris reaches the ground because the ol3C values were more enriched for 

plant clippings which were browning. 13C depleted carbon may be preferentially lost 

from dying leaves via carbonaceous compound(s) emitted to the atmosphere in gaseous 

form or lost as soluble components leached from leaves. 

In the upland location, organic carbon becomes enriched in I3c with depth 

(Fig. 4.20). Enrichment in the mineral horizons relative to the L-H layer is likely due to 

the presence of I3c depleted, fresh, undecomposed litter in the L-H layer but, also 

could be due to more advanced decomposition in the lower horizons and/or 

translocation of old, clay bound carbon into lower horizons. 

Wetland soils and peats containing poorly decomposed organic matter usually 

bear o13C values which are constant with depth (Deines, 1980) or decrease due to the 

accumulation of 13C depleted lignins (Benner et al., 1987). The top 20 em of organic 

matter in the Upland basin is aerobic for the majority of the year and therefore shows 

enrichment with depth reflecting the higher degree of decomposition to the 20 em depth. 
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The saturated soil below 20 em depth has constant o13C values with depth, whether 

mineral or organic horizons. Anaerobic conditions would largely limit decomposition 

and humification resulting in little carbon isotopic fractionation. The peat below 20 em 

has a more humified physical appearance with depth, suggesting the organic matter 

transformations are not accompanied by a 13C enrichment. The dominant anaerobic 

transformations occurring would include methanogenesis and sulfate-reduction. 

Methanogenesis appears to be limited, considering the limited CI4 fluxes from this 

Upland basin. Sulfate-reduction does appear to be active in this location because of the 

presence of the distinct S gas odor and 34S depleted sulfides (Han, 1991). Past studies 

have indicated sulfate reduction may not cause carbon isotopic fractionation, which is 

consistent with relatively constant values of the organic matter (Presley and Kaplan, 

1968; Nissenbaum et al., 1972; Carothers and Kharaka, 1980; Murphy et al., 1989). 

It is interesting that similar o13C values occurred at depth within the 

aerobic upland soil and the anaerobic basin soil, despite the vastly different organic 

matter contents, decomposition pathways and end products. Volkoff & Cerri (1987) 

noted soils developed under C3 and C4 plants with different o13C values, had the same 

o13C values at depth. 

Stable carbon isotopes were measured on leachates in the Upland 

watershed to determine if dissolved organic carbon (DOC) has different isotopic values 

than the total organic matter. Since DOC would contain some of the substrates for 

methanogens and sulfate-reducers, the o13C values of the DOC may aid in evaluating 

the sulfate-reduction and methanogenesis within the soil. Allleachates remained similar 

in carbon isotopic value despite sampling at different times and locations on a hillside 

(Table 4. 7). The leachate isotopic values were about 1 o/oo depleted relative to 

surrounding organic matter and equal to isotopic values of the litter layers. DOC usually 
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has depleted o13C values relative to the total organic matter (Volkoff & Cerri, 1987). 

The slight depletion in isotopic values for DOC may suggest a partial origin from 

surface, fresh plant debris. The small depletion in the leachate relative to the total 

organic carbon suggests translocation of soluble carbon would cause little alteration in 

total organic carbon isotopic values, unless there was a large amount of leachate 

accumulation. The leachate isotopic values in the upper slope location are slightly 

enriched relative to mid slope locations (Table 4. 7). The enrichment upslope may be 

explained by a more mobile and depleted leachate moving downslope or by the 

difference in vegetation between the upper and mid slope locations. 

Sulfate reduction has been documented in this site (Han, 1991 ), and 

would leave the DOC isotopic ratios unchanged. Since sulfate reducers can out compete 

the methanogens for substrates (Capone & Kiene, 1988; Kuivila et al., 1989), limited 

CH4 production would be expected in the Upland basin. Methane production has 

occurred in sulfate-reducing environments when acetate levels are in excess of what can 

be used by the sulfate-reducers (Winfrey & Zeikus, 1977; Lovely et al., 1982). 

Table 4.7 ol3C values of leachates in the Upland watershed. 

Date Location on slope 

of sampling Upper Upper-mid Basin 

% 

29/6/89 -27.6 

5/6/90 -26.8 -27.2 -26.5 

16/7/90 -26.8 -27.4 -27.0 
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4.3.1.4 Boundary fen 

Organic carbon stable isotopes were measured in the vegetation and soil on 

a transect from an upland island into a fen (Fig. 4.21). Vegetation in the area produces 

similar isotopic values, despite changes in species and moisture gradients. In the upland 

island the vegetation was depleted by 3.1 to 3. 7 %o relative to the L-H horizon. The 

upland island soil proftle has decreasing isotopic values with depth to the red clay 

horizon (Fig. 4.21 ). Generally isotopic values become enriched with depth because of a 

greater degree of humification and decomposition with depth. Evidently, some process 

other than decomposition is altering the 13c abundance in the gravel and red clay 

horizons. The gravelly texture of the first mineral horizon would allow translocation of 

soluble organics from the L-H horizon down to the red clay horizon. Leachates can 

travel through the gravel horizon but will accumulate at the finer textured red clay 

horizon. A high content of leachates in the gravel and red clay horizons may explain the 

13C depletion in these horizons. The isotopic values for organic matter in these upper 

horizons are still enriched relative to the plant material from which it originated 

indicating decomposition and humification has occurred to a considerable degree. 

o13C values in the blue clay are enriched relative to the above horizon. The 

organic carbon in the blue clay horizons may originate mainly from root growth and 

death at that depth. The isotopic pattern in the gravel, red and blue clay horizons may be 

partially explained by the eluviation of 13C enriched organo-clay complexes from the 

red clay and gravel horizons into the blue clay. Translocation of older carbon bound to 

clay into the blue clay horizon is supported by an increase in clay content and a constant 

organic carbon content despite an increase in depth from the surface. Isotopic 

enrichment in the blue clay also may result from methanogenesis occurring in the gleyed 

blue clay, leaving behind enriched residues. 

140 



The peat in Boundary fen has an unchanged physical appearance with 

depth and depleted 13c values similar to the vegetation suggests a low degree of 

decomposition and humification. Lower peat proftles showed some 13C enrichment 

despite the lack of a highly decomposed appearance (Fig. 4.21). The anaerobic carbon 

cycling processes occurring at depth would be sulfate-reduction and/or methanogenesis. 

Stable sulfur isotopes have indicated that little if any sulfur reduction is occurring in this 

site (Han, 1991). Therefore, methanogenesis is likely the dominant carbon cycling 

process which would be altering the 13C values, especially since CB4 production is 

accompanied by a large fractionation. Methane produced is highly 13C depleted leaving 

behind enriched substrate residues. Enrichment locations in the peat proftles may be 

areas of CB4 production hot spots. Enrichment in the organic matter suggests that the 

substrates used were organic compounds (i.e. acetate, formate, methanol) and not C(h. 

Despite the large fractionation from CH4 production, 13C enrichment in the total organic 

matter would only be slight since the amount of enriched residual material would be 

very small relative to the total organic carbon in peat. In this site, greater 13c 

enrichments were found in middle peat proftles at 0 to 180 em in solid peat proftles, on 

the surface of the peat mat buried under the water, and in the mineral soil below the 

peat. 

4.3.1.5 Canwood fen 

The 513C values were measured over small depth intervals for proftle 3 

(Table 4.8). The isotopic values do not remain constant with depth as expected in a 

poorly decomposed wetland. Unlike the Upland basin and Boundary fen, the top 15 em 

were split into three groups for analysis. If the top 15 em had been combined the 

isotopic values would have been depleted like those found in the Boundary fen •. 
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However, the divisions into 0 to 5, 5 to 10 and 10 to 15 em peat layers show an 

enrichment of 13C in the surface 0-5 em. It would be expected that the surface would be 

the most depleted since it has the most recent and undecomposed plant litter. The top 5 

to 8 em were live and dead sedges and Sphagnum which were above the water surface. 

Depleted soluble organics may be leached from newly decomposing litter at the surface 

to create the depletion gradient. The lower peat depths remain constant with depth 

except for the 25 to 35 em depths which are enriched, possibly associated with a zone 

of Cl4 production. 

Table 4.8. Organic carbon isotopic values of peat in profile 3 of the 

Canwood fen 

Depth B13CValue 

em %o 

0-5 -26.5 

6-10 -28.2 

11-15 -29.4 

16-20 -28.3 

21-25 -28.2 

26-30 -27.1 

31-35 -27.3 

36-40 -29.1 

41-45 -28.7 

4.3.1.6 Humic acid, fulvic acid and humin fractions 

The organic matter was divided into humic acid (HA), fulvic acid (FA) and 

humin fractions in an attempt to establish the active fractions in carbon cycling in 
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wetlands. The organic fractions in the Upland basin and Boundary fen showed a 

general trend of FA being enriched in 13c relative to HA and humin (Tables 4.9 & 

4.10). Fulvic acid has been claimed to bear 813C values closer to the original plant 

material than HA, and therefore FA is an intermediate in the formation of HA 

(Nissenbaum & Kaplan, 1972; Nissenbaum & Schallinger, 1974). Plant matter 

consistently has depleted 813C values relative to the soil (Deines, 1980). Fulvic acid, 

being the most enriched organic fraction in soil, has the furthest isotopic resemblance 

from the original plant material. Therefore the FA in these wetlands is not a clear 

intennediate between plant material and HA. 

HA tends to be depleted in 13C relative to FA in most studies 

(Nissenbaum & Kaplan, 1972; Nissenbuam & Schallinger, 1974; Goh et al., 1976; 

Gob et al., 1977) and the same or 13e enriched compared to the original plant material 

and more enriched than the lignin. Degradation resistant compounds such as lignins and 

waxes are usually 13C depleted and can be transformed into stable humic acid-like 

compounds (Deines, 1980). It is suggested that plant lignins are transformed into 813C 

depleted humic acids and organic compounds through removal of 13C enriched 

carboxyl groups (Nissenbaum & Kaplan, 1972; Nissenbaum & Schallinger, 1974). 

Lignin tends to be 13C depleted relative to HA. Galimov (1985) suggests 

transfonnations of lignin and other stable organic compounds may accompany 13C 

enrichment with losses of 13C depleted functional groups which appears to be a more 

logical pathway. Studies in forest soils show lignin may not be preferentially preserved 

but decomposed in later stages of decomposition (Natelhoffer and Fry, 1988) and 

therefore, may not be a major precursor of HA. 

The humin and HA fractions were nearly equal in isotopic values (Table 

4.9 & 4.10) which was similar to the fmdings of Gob et al. (1976; 1977) where the 
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Table 4.9 Upland basin organic matter fractions (humin, fulvic acid 

(FA), humic acid (HA)) and their isotopic values. 

Horizon Humin:FA:HA B13CPDB (o/oo) 

Humin FA HA Total soil 

0-2cm 20: 3: 1 -29.1 -29.2 -29.6 -30.1 

2-10cm 14:3:1 -27.5 -26.0 -27.7 -27.2 

10-20cm 34:3:1 -26.7 -26.2 -26.6 -26.5 

20-30cm 11:3:1 -26.7 -25.6 -26.6 -26.2 

30-40cm 13:3: 1 -26.2 -25.5 -26.4 -26.2 

40-50cm 13: 3: 1 -26.3 -25.5 -26.4 -26.1 

humin fraction was usually the same or depleted in 13C relative to humic acids. If the 

enrichment in peat humin and HA fractions is due to kinetic fractionation, then there 

must be as much old and transformed carbon in the humin fraction as found in the HA 

fraction. 

Comparing the B13C values of organic fractions to other research should 

be done cautiously because o13C values in the organic matter fractions can vary in 

different soils and may be affected by extraction procedures. In some cases the mass 

balance of the isotopes in the different fractions do not add up to the total organic o13C 

value for the soil (Goh et al., 1976; Goh et al., 1977). 

Upland basin 

Carbon isotopes of the HA, FA, and humin fractions in the Upland basin 

all showed 13C enrichment with depth, indicating decomposition and humification were 
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affecting all three fractions (Table 4.9). The transition to greater enrichment with depth 

was more pronounced for FA than the other two fractions, possibly suggesting a faster 

decomposition associated with this fraction. The HA fraction shows a 13C enrichment 

in the 10 to 20 em depth which may be due to fermentation activity. The humin: FA: HA 

ratio showed that the FA and HA remained in constant proportion at all depths. HA and 

FA were proportionally lower in abundance than humin in the surface 2 em and at the 

10-20 em depth. In the surface, much of the dead plant material would belong to the 

humin fraction and development of FA and HA would have just begun. A decrease in 

amount ofHA and FA in the 10-20 em depth could be explained by a higher activity of 

sulfate reduction which may use substrates contained in these fractions. The FA fraction 

would contain acetate which is the most common substrate for sulfate reduction in 

freshwater systems (Winfrey and Zeikus, 1977; Oremland and Polcin, 1982). Stable 

sulfur isotopes indicated a higher sulfate reduction activity below the 10 em depth (Han, 

1991 ). The enrichment in the HA fraction from 10 em and deeper may result from 

fermentation activities since sulfate-reduction may not cause fractionation. The FA 

fraction showed a further enrichment in depths below 20 em which may be due to Cl4 

production. 

Boundary fen 

Separations into humin, HA and FA fractions were carried out on soil 

profiles below the open water and for the floating and sunken peat profile (Table 4.10). 

The organic fractions which are affected by Cf4 production activity are not clear from 

the organic fraction a 13c. 

The submerged peat at 120-230 em, which was considered a possible 

localized region of Cf4 production, had proportionally lower amounts ofF A and HA. 

145 



Table 4.10 . Boundary fen organic matter fractions (humin, fulvic acid 

(FA), humic acid (HA)) and their isotopic values. 

Horizon Humin:FA:HA o13CpoB (o/oo) 

Humin FA HA Total soil 

Open water 

0-80cmpeat 9:3:1 -27.1 -26.7 -28.2 -26.7 

80-150 em peat 17:3: 1 -28.1 -27.2 -27.7 -27.5 

150-180 em peat 20:56:1 -24.4 -26.4 -27.0 -26.6 

Floating peat 

surface peat 13:2: 1 -28.9 -27.4 -29.4 -28.5 

120-160 em peat 26:2:1 -26.8 -25.9 -27.6 -26.8 

160-230 em peat 14:2:1 -27.8 -26.6 -27.8 -27.1 

The decreases in HA and FA could reflect consumption of these fractions by 

methanogens. A limitation of substrate will cause less or no isotopic fractionation in the 

organic matter which could explain only moderate enrichment in the organic fractions. 

The exception to FA being the most enriched organic fraction is the humin 

fraction in the mineral horizon below the peat in the open water. The majority of the 

total carbon 13c enrichment seems to be associated with the humin fraction, suggesting 

enriched residues from CRt production could be left behind in the humin fraction. Such 

13C enriched residues are likely associated with the mineral fraction, in particular the 

clay-sized component. 
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4.3.2. Inorganic Carbon 

The inorganic o13c values in the wetlands provides information on the 

origin of the carbon from which the carbonate was formed. Carbonates in the mineral 

(inorganic) material have o13c values which are near zero per mil (Figs. 4.22 & 4.23), 

indicating the carbonates are mainly from fossil (primary) origin. Carbonates associated 

with the peat have more negative o13c values, suggesting that they are secondary 

carbonates formed from biogenically produced C02 (Rightmire & Hanshaw, 1973 ). 

Most C02 in wetlands originates from fermentation, sulfate reduction, and/or C!tJ 

oxidation (Weider et al., 1990). Although the carbonates will only dominate in wetlands 

formed on calcareous parent materials, the clues they provide about carbon cycling in 

wetlands will likely apply to most wetlands in the mid-boreal forest regions of Canada. 

4.3.2.1. Upland watershed 

Carbonates in the Ck horizon of the upslope profile in the Upland 

watershed had o13C values near 0 o/oq indicating that these carbonates are largely 

primary in origin (Fig. 4.22)(Craig, 1953; Rabenhorst et al., 1984). Horizons above 

the Ck horizons have had the carbonates removed during pedogenesis. The lack of 

depletion in the isotopic value for Ck carbonates suggests little or no presence of 

secondary carbonates and, therefore little accumulation of reprecipitated carbonates from 

the above horizons. The carbonates in the Upland basin were much more depleted in 

13C indicating dominantly a secondary origin. Carbonates from upper horizons of the 

upland may have been removed in lateral transport and deposited in the basin. 

Pedogenically formed carbonates have depleted isotopic values which are dependent 
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only on the 813C of the soil carbon dioxide gas (Rabenhorst et al., 1984). 

Reprecipitated carbonates would be derived from carbon contained in the original 

carbonates and C{h released during organic matter decomposition. 

The Upland basin contains carbonates in the peat horizons with depleted a13c 
values indicating a biogenic origin (Fig. 4.22). Substantial amounts of C02 or 

bicarbonate can be released as a byproduct of sulfate-reduction or fermentation of low 
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molecular weight organic compounds. It is hypothesized that sulfate reduction, 

according to the reaction: 

produces dissolved inorganic carbon (DIC) with isotopic values equal to that of the 

organic matter from which it was derived (Murphy et al., 1989). Carbon isotopic values 

of dissolved inorganic carbon (DIC) tend to approach the values of dissolved organic 

carbon (DOC) in environments conducive to sulfate-reduction (Carothers & Kharak:a, 

1980; Nissenbaum et al., 1972). Sulfate reduction produced HC03- with carbon 

isotope composition of -20 o/oofrom organic matter at -25 o/oo (Presley & Kaplan, 1968). 

Carbonate o13c values in the 30 to 60 em depth are -25.7 to -21.9 o/oocompared with 

the surrounding organic matter which has a o13c of- 26 o/oo Large accumulations of 

34S depleted sulfide indicate there is substantial sulfate reduction occurring in this 

Upland basin, especially from 30 to 60 em (Han, 1991). The slight 13C enrichment in 

the carbonates relative to the organic matter could be ascribed to the enriched carbonate 

produced during aerobic periods. The largest carbonate accumulation at 20-30 em has a 

o13C value of -18.8 %o (Fig. 4.22), which could be derived from sulfate reduction and 

possibly aerobic decomposition. Carbonate produced from aerobic decomposition has 

an estimated 813C value of -10 %osince the isotopic values of product C02 will be equal 

to or slightly depleted relative to the organic matter (O'Brien & Stout, 1978) and the 

conversion of C02 to carbonate creates a I3c enrichment of 14 to 16 o/oo (Ceding et al., 

1989). The 20 to 30 em layer of peat is close enough to the surface to be exposed to 

oxygen for long periods. The 813C value remains depleted compared to aerobically 

produced carbonates (-10 %o) because sulfate reduction would still result during water 

saturated conditions. Measured o13c values for carbonates in the upper 10-20 em peat 

layer (Fig. 4.22) were quite depleted at -33.6 %a The large depletion may indicate the 

149 



carbonates do not originate from aerobic conditions but are precipitated only during 

anaerobic periods. Most of the C02 produced during aerobic conditions could easily 

diffuse into the atmosphere instead of transforming into carbonates. These carbonates at 

10 to 20 em depth may originate from Clf4 oxidation and sulfate reduction. Unless 

carbonates produced from sulfate reduction can be more isotopically depleted than the 

theoretical values suggest, then these o13C values would reflect origin dominantly from 

Clf4 oxidation. Methanogenesis has been shown to coexist with sulfate-reduction when 

different substrates are available for each process (Weider et al., 1990; Oremland et al., 

1987) and when there are excess amounts of substrates used by sulfate-reducers 

(Lovely et al., 1982). 

The mineral soils below all of the peat horizons contain carbonates with an 

isotopic value near -9 %a Despite a high sulfur reduction activity, indicated by depleted 

o34S values (Han, 1991), these carbon isotopes are much more enriched than -26 o/oo. 

Enrichment in the mineral horizons is likely due to the presence of primary carbonates. 

These primary carbonates likely bear isotopic values similar to the isotopic values near 0 

o/oo found in the upland profile. 

4.3.2.2. Boundary Fen 

Isotopic values measured in the Boundary fen indicate mineral horizons 

contain primary carbonates and the peat horizons contain secondary carbonates (Fig. 

4.23). Carbonates in the upland island are located in the lower clay horizons and range 

from -2.4 to -4.4 o/oo. Some of the carbonate could be secondary in nature as primary 

carbonates dissolved from the gravel and red clay horizons reprecipitate in lower 

horizons. These reprecipitated carbonates would bear slightly depleted isotopic values 

relative to primary carbonate because of the inclusion of depleted C02 produced during 

150 



-Ul -
Open 
water 

Floating 
peat 

Solid 
peat 

13 
Fig. 4.23 8 C values of carbonate C in the Boundary fen. 

Spruce 
island 

....._ _ ___, C:3.S ±0.1) 

Blue 
Clay I (-2.4 ±O.t) 



decomposition. The first blue clay horizon contains a greater amount of carbonates 

(Table 3.4) and bears a more depleted B13C value than the horizons above or below 

suggesting the accumulation of secondary carbonates. 

The Boundary fen contains secondary carbonates with highly negative 

a13c values (-97 %o) in the floating peat mat of profile 2 (Fig. 4.23). Carbonate a13c 

values near -97 o/oo are on the outer limits of the terrestrial carbon isotopic scale and 

provide evidence of CI4 oxidation in the peat mat. While carbonates originating from 

CI4 oxidation with a13c values of -25 to -50 %opos have been reported in a few 

marine environments (Matsumoto, 1990; Beauchamp et al., 1982; Thyne & Boles, 

1989; Hovland et al., 1987), this carbonate with a a13c value at -97 o/oois reported for a 

terrestrial environment. The highly 13c depleted nature of the calcite suggests that its 

origin may be from the oxidation of Clf4 to C02 in the surface peat layer. Methane 

production is accompanied by a -21 to -73 %ofractionation (Krzycki et al., 1987) and is 

the only natural process which produces o13c values below -45 o/oo (Zyakun et al., 

1988; Whiticar et al., 1986). Methane produced in freshwater wetlands tends to have 

o13c values near -50 to -70 o/oo(Quay et al., 1988; Kelley et al., 1992; Lansdown et al., 

1992). Aerobic CI4 oxidation pathways cause a further 13c depletion in the product 

C02 by -5 to -31 %o relative to residual CR4 (Barker & Fritz, 1981; Games et al., 

1978). As a result, the C02 product is Be depleted from high oxidation areas and Cf4 

emitted is enriched in 13c relative to CH4 below the oxidation zone (Oremland et al., 

1987; Kelley et al., 1992). 

Since Cf4 oxidation causes the carbonates to be enriched by 5 to 31 o/oorelative 

to the original CI4 (Barker & Fritz, 1981; Zyakun et al., 1988) then the original CI4 

would be approximately -92 to -66 %o. According to laboratory studies, o13C values of 

Cl4 originally produced from methanol, H2 and C02 and, acetate could equal-78 to 
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-155 o/oq -30 to -92 o/~ and -50 to-62 o/oo, respectively. Therefore if laboratory results 

can be applied to the field, the Cl4 produced in the fen could originate from either 

methanol or H2 and C02 alone or a combination of the substrates, but not acetate alone. 

Acetate is considered a dominant substrate in freshwater wetlands (LaZerte, 1981; 

Woltemate et al., 1984), yet may not dominate in the Boundary fen. 

The floating mat provides an ideal environment for oxidation of CILt 

produced at depth in the mire. Methane rising from below is captured by the mat, and 

may be oxidized by 02 moving down roots of vascular plants such as sedges growing 

in the mat (Fig. 4.24). The aerobic surface peat in wetlands has been found to be an 

active CH4 oxidation zone consuming 11 to 90 % of the CH4 produced (Yavitt et al., 

1988; King et al., 1990; Fechner & Hemond, 1992) and plant photosynthetic processes 

greatly affect the oxidation rates (King, 1990). High N03- concentrations found in the 

floating peat mat may be associated with this zone of Cl4 oxidation (Table 3.4). Nitrate 

can accumulate during the co-oxidization of ammonia and Cl4 by methanotrophic 

bacteria in the areas of intense Cl4 oxidation (Harrits & Hanson, 1980). 

Methane oxidation appears to occur in buried peat below the floating mat 

in profile 2 of site 1 (Fig. 4.24). The calcite in this poorly decomposed peat also bears a 

low a13c value ( -48.6 %o), indicative of Cf4 oxidation. Since 02 is usually present 

only within the frrst few millimeters of sediment under a water body (Kuivila et al., 

1988; Lidstrom & Somers, 1984 ), Cl4 oxidation could be occurring under anaerobic 

conditions in this layer. Anaerobic CI4 oxidation has been documented in fresh water 

environments (Panganiban et al., 1979; Zehnder & Brock, 1980; Iversen et al., 1987) 

and has been predicted through models to cause a fractionation of -8.8 o/oo in product 

C02 relative to substrate CH4 (Alperin et al., 1988). 
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The carbonates in the saturated wetland peat with o13c values of around -

30 o/oo, probably originate from C02 produced from both Cl4 oxidation and 

fermentation. Carbonates produced from fermentation should have similar isotopic 

composition to the original organic matter. As well, the conversion of C02 to 

bicarbonate will cause an enrichment in 13c by about 9 to 12 o/oo at 25 to oo C (Mook et 

al., 1974). The 13c depletion rather than enrichment in carbonates relative to the 

original organic matter likely reflects the inclusion of highly 13c depleted C02 

produced from CH4 oxidation. 
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S. CONCLUSIONS 

The magnitude of CR4 fluxes and the interpretation of stable carbon isotope 

ratios suggest that, although decomposition in boreal forest wetland soils is limited by 

anaerobic conditions and low temperatures, CR4 production and oxidation are major 

carbon cycling processes, especially in fens which remain permanently saturated. Cl4 

flux rates indicate the permanently flooded boreal forest wetlands are a substantial 

natural source of CR4 in the global CI4 cycle. Upland organic soils which are aerobic 

for part of the year have lower CR4 emissions, making them less important as a Cl4 

source. Peat conformation, temperature and substrate availability all play important roles 

in Cl4 cycling within saturated wetlands. 

The CR4 flux period for wetlands in the boreal forest is relatively short, 

with most CR4 released between mid-June and the beginning of August. The CR4 

fluxes in these boreal wetlands were similar to rates reported in peat in other wetlands 

throughout the world. The Can wood fen had a mean flux from all profiles of 0.098 g 

CF4 m-2 d-1, with fluxes reaching 0.293 g CR4 m-2 d-1; while the Boundary fen had a 

mean flux of 0.148 g CR4 m-2 d-1, with fluxes reaching 0.531 g CR4 m-2 d-1. The 

Upland basin released a small amount of CR4 (0.0087 g CR4 m-2) over the entire 

measurement period but mainly during spring thaw. The small amount of CF4 emitted 

from the Upland basin may be attributed to sulfate reduction activity in the peat which 

inhibits methanogenesis. Sulfate-reduction appears to dominate over methanogenesis in 

upland organic soils which are aerobic for part of the year and have more available 

sulfate. Since, yearly fluxes are comparable to other areas in the world and the northern 
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hemisphere has a large area covered by such wetlands, the wetlands are likely 

substantial contributors to the atmospheric Cf4 load. 

The CI4 emission rates from different peat conformations are important 

variables for modeling the total CI4 emissions from the boreal forest. The Cl4 fluxes 

were found to be highest in open water and in deep (> 1 m) peat profiles. Surges of 

Cl4 flux from the open water appeared to coincide with windy periods, which suggests 

air pressure and wind may be important controls on Cf4 flux. Separation of peat into a 

floating and sunken peat mat reduces CI4 emissions, possibly due to greater CI4 

oxidation in the floating mat which was supported by high measured redox potentials 

and depleted o13c values in carbonate carbon. Shallow peat under trees will have lower 

fluxes because of cooler, drier conditions. 

The environmental variables which may control Cf4 fluxes were examined 

in the field and intact peat cores in the laboratory. The larger CI4 flux found at higher 

temperatures suggests an increase in global temperatures due to the greenhouse effect 

would stimulate increased Cf4 fluxes which, in turn, would further contribute to the 

greenhouse effect. Lowering water levels in an area resulting from lower precipitation 

and/or higher evapotranspiration would decrease the overall Cf4 fluxes from the area, 

according to the findings in this study. Therefore the overall greenhouse effect on Cf4 

flux would be dependent on the balance between the temperature and water level effects. 

This study suggests that increases in temperature would have a stronger influence on 

increasing CI4 flux than the water level has in decreasing the flux. Therefore the 

greenhouse effect would stimulate larger CI4 emissions. Research must be carried out 

to determine the degree of increase in C02 fluxes resulting from water level decreases in 

wetland environments. 
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Increased temperature increased CI4 fluxes, especially once temperatures 

exceed 12 °C. The beginning of CI4 fluxes at temperatures as low as 5°C suggests CI4 

production may be occurring much of the year at depth in peat. Production of CI4 at 

cool temperatures could partially explain fall and spring pulses of CRt. The physical 

changes which occur in peat during the freezing and thawing processes also appear to 

release Cl4 stored within peat. The correlation between water level and CRt flux was 

weak, but did show a trend of largest CI4 fluxes occurring when the water level was 

near the peat surface or above the peat surface. The floating peat mats are an exception 

to this trend because the water level is always near to the peat surface and yet CI4 

fluxes are lower. Lower fluxes in floating peat mats are attributed to the trapping of CI4 

in the peat mat where it could be oxidized. A drop in water level below the peat surface 

sometimes caused an initial surge in CI4 flux but with time a decrease in CI4 flux. 

The addition of the substrates, C02, acetate and methanol, into intact peat 

cores in the lab resulted in an increase in CI4 flux with highly significant increases in 

flux from C02 additions and significant increases from acetate additions. The large 

increase in CI4 flux suggests substrate availability is an important controlling variable 

on CI4 flux. The positive response to C02 suggests that methanogens in the boreal 

forest wetlands prefer and may commonly utilize CD2 as a substrate. However, the lack 

of enriched ()13C values for carbonates within the peat indicates a lack of CD2 substrate 

residues, such that either C02 is not a common substrate or it is completely consumed. 

Soils are enriched in 13C by 3-5 o/oo relative to the vegetation from which 

they originated. ()13C values became more enriched in aerobic soils with increased 

decomposition and humification. Most aerobic soils become 13C enriched with depth 

and cultivation likely because of greater decomposition. The poorly decomposed nature 
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of peat was reflected in a low degree of I3c enrichment in the Boundary fen peat 

relative to the vegetation from which it was derived. 

The organic carbon isotopic values indicated that the Upland basin, which 

becomes unsaturated in late summer, may have dominantly sulfate-reduction rather than 

Cl4 production while the permanently saturated fens (Canwood and Boundary) had 

high CI4 production. The B13C values in the Upland basin remained constant with 

depth which is consistent with the hypothesis that sulfate-reduction is not accompanied 

by any carbon isotopic fractionation. Bl3C values for carbonates in the Upland basin 

suggest C(h originates from sulfate-reduction, aerobic oxidation and CI4 oxidation. 

The Boundary and Canwood fens had organic 13C enrichment at depth in the peat 

which may be associated with areas of intense Cl4 production in which 13C enriched 

residual organic substrates are left behind during the production of highly 13C depleted 

Cf4. 13C enrichment was observed in all organic matter fractions but the majority of 

enrichment and accumulation of organic substrate residues from CI4 production 

appeared in the humin and FA fractions. 

Methane production and oxidation in Boundary fen was confirmed through 

B 13C values as low as -97 %o found in carbonate minerals in floating peat mats. 

Methane production and oxidation are the only natural processes which can produce 

B13C values this negative. Based on the o13C distribution, methane produced in the 

lower peat layers and mineral sediments appears to be primarily oxidized in the floating 

peat mats, with the product C02 retained in the wetland via the formation of carbonate 

minerals. Redox potentials measured in the floating peat mat and water column were 

conducive for methanotrophs. Oxidation rates are likely higher in wetland areas covered 

by floating peat mats than in open water regions resulting in lower flux rates in floating 

peat mat areas. As mires mature, floating peat mats grow in covering open water to 
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decrease CH4 fluxes and then, as the peat grows to form a solid body, fluxes will 

increase again. 
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