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ABSTRACT 

Spring snowmelt in open environments is characterized by a high degree of spatial 

variability due the combination of a highly variable end of winter snow cover and spa

tially variable snowmelt energy fluxes. This often leads to the quick development of a 

mosaic pattern of coexisting snow covered and snow free patches. Snow cover and melt 

energy variabilities and the resulting melt patterns greatly affect timing, location, and 

rate of meltwater release, as well as the surface energy balance of the composite land

scape. Although spatially variable snow covers and melt energy fluxes have been con

sidered for mountainous regions, the importance of the various controlling factors for 

snowmelt in low relief regions is not well known. As a result of the lack of previous 

studies, it has not been possible to properly address these processes in applicable hy

drologic or land-surface models. The goal of this study is to provide a better under

standing of the relative magnitude of the small-scale variabilities in snowmelt of open 

environments, and if important, to make recommendations on how to include these 

processes in both hydrologic and land surface models. 

The present dissertation specifically considers the small-scale variability in snow

melt over arctic tundra surfaces, although the methods used could be applied to a wide 

variety of open environments. A "state of the art" coupled hydrologic model - land sur

face scheme, W ATCLASS, was employed to simulate snowmelt in the study basin. The 

study shows that while the timing of snowmelt and meltwater runoff was fairly well pre

dicted by the model, the spatial variability of the snowmelt processes was not well cap

tured. The study indicates that the omission of topographical effects on end of winter 
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snow cover and snowmelt energy fluxes limited the models capability to simulate 

snowmelt patterns of snow covered and snow free areas. 

The topographical influences on two major factors of the snowmelt energy bal

ance, incoming solar radiation and turbulent fluxes of sensible and latent heat, were, 

therefore, studied in detail with small-scale (resolution = 40 m) model simulations. The 

results show that small-scale variabilities in both energy fluxes play an important role 

for determining melt rates, meltwater runoff, and surface energy balance values even in 

the relatively gentle terrain of the study area. 

Finally, the obtained energy fluxes were used to compute a spatially distributed, 

full snowmelt energy balance. The results show that the overall variability depended 

strongly on cloud cover and dominant wind directions in relation to incoming solar ra

diation angles. The energy balance was subsequently used in combination with a vari

able end of winter snow cover to simulate the progress of melt throughout the research 

basin. The study shows that in order to accurately predict the first snow free areas and 

areas with late lying snow drifts, small scale variabilities in end of winter snow cover 

and snowmelt energy fluxes need to be considered. Little inter - annual differences were 

found in the distribution of snow covers and energy fluxes suggesting that it might be 

possible to statistically link small-scale variabilities in snowmelt processes to certain key 

terrain properties for use in larger scale models. However, more studies in different to

pographical settings are needed to test this approach. 
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1. INTRODUCTION 

1.1 Research Background 

Much of the vast circumpolar regions of the earth is dominated by arctic tundra 

vegetation (V orosmarty et al. 2001 ). The Arctic, a fragile yet highly productive ecosys

tem supporting a wide variety of animal and plant species, is covered by snow for 8 to 

10 months of the year depending on elevation and latitude. This snowpack has major 

effects on both the hydrology and the energy exchange between land surface and atmos

phere. Snow considerably affects the surface short wave radiation balance due to its high 

albedo. The long wave radiation balance and the turbulent fluxes of sensible and latent 

heat are also affected by the surface temperature limitation of snow covered surfaces. 

Furthermore, snow cover insulates the underlying soil due to its low thermal conductiv

ity (Gerland et al. 1999, Walker et al. 1999). Spring snowmelt is generally the dominant 

hydrologic event for arctic regions, as snow that has accumulated over the winter period 

melts fairly rapidly, leading to annual high flows and producing the majority of the 

annual flow volume (McNamara et al. 1998, Marsh et al. 2002, Woo and Young 2003). 

Furthermore, snowmelt has important implications for aspects such as lake water budg

ets, soil moisture conditions, active layer depth, and other permafrost characteristics 

(Kane et al. 1991, Hinzman et al. 1998, Nelson et al. 1998, Marsh 1999, Liston et al. 
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2002). Melting snow covers also affect animal and plant life by supplying nutrients and 

other chemicals on which nival and subnivean organisms rely (Evans eta/. 1989, Tranter 

and Jones 2001, Nelleman and Thompson 1994, Walker eta/. 1993, 1999). 

During the spring melt period, arctic snow covers are typically characterized by a 

high degree of spatial variability with the development of a patchy snow cover often 

being observed soon after the onset of melt. This phenomenon can be attributed to the 

combination of a spatially variable end-of-winter snow cover and snowmelt energy 

fluxes. Arctic end-of-winter snow covers usually vary considerably in their snow water 

equivalent (SWE) due to redistribution of snow during frequent blowing snow events. 

The sparse, low arctic vegetation along with low temperatures and the absence of winter 

freeze-melt cycles leave arctic snow covers particularly susceptible to blowing snow 

events. These events scour snow from exposed areas especially on windward slopes and 

ridgelines, while snow is accumulated in locations with higher shrub and forest vegeta

tion, as well as in areas in the lee of topographic obstructions (Liston and Sturm 1998). 

Pomeroy eta/. (1997) show SWE varying from 54o/o of measured snowfall in open tun

dra areas, to 193% in shrub tundra, 185% in sparse forest, and 419% in snow drift areas 

on steep leeward slopes and in river channels for the 1993 end-of-winter snowpack in a 

small arctic basin. Superimposed on this variable snow cover are snowmelt energy fac

tors that also vary spatially mainly due to topographic influences on the two dominating 

factors of snowmelt, solar radiation and turbulent fluxes of sensible and latent heat 

(Williams and Tarboton 1999). 

Most studies of local scale hydrological, energetic, and biological processes in this 

environment have to consider the variability of melting snow covers. Hydrological 

studies have shown that areas on windward slopes become snow free first and as a result 
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are characterized by a deeper active layer, lower water table, and less soil moisture dur

ing the summer months (Carey and Woo 1999). This causes them to have much longer 

response times to summer precipitation events due to the observed reduced hydraulic 

conductivities in lower soil layers (McNamara et al. 1998, Quinton and Marsh 1999). 

Eventually these slopes might become completely hydrologically disconnected from the 

stream network. On the other hand, late lying snow drifts keep the down slope water 

tables close to the surface and allow quick runoff response times to summer precjpitation 

through the highly conductive upper peat layers. Late lying snowdrifts also have a con

siderable effect on the runoff regime of arctic rivers as they augment the typically low 

summer runoff (Marsh and Woo 1981 ). These considerations demonstrate the impor

tance of the developing snowmelt patterns for snowmelt runoff models, especially those 

operating on the principle of varying runoff source areas. Studies have also shown the 

impact of topographic control, through differences in snow accumulation and ablation 

patterns, on plant communities and small mammal distribution (Walker et al. 1999, Ger

land et al. 1999). Windward slopes supported vegetation that was able to adapt to lower 

soil moistures, whereas late lying snow drifts on leeward slopes continued to supply 

water and nutrients, deposited over the winter in the snowpack, to vegetation. Further

more, the timing of snow cover disappearance determines the overall length of the grow

ing season (Walker et al. 1993). 

Snow also affects hydrological and atmospheric processes at a regional scale. 

Snowmelt runoff in conjunction with ice jam events typically causes the highest 

observed water levels especially in northward flowing rivers. The severity of ice jam

ming in any given year is controlled by regional scale factors such as snowmelt dis

charge from upstream areas and local scale processes such as river ice melt (Marsh et al. 
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2002). The high water levels have considerable impacts on natural ecosystems (Marsh 

and Hey 1989) and human activities (Prowse and Beltaos 2002). Studies have shown 

that the thermal heterogeneities caused by large differences in surface properties be

tween snow covered and snow free areas may lead to the generation of regional scale 

atmospheric circulations (Pielke et a/. 1997, MacKay et a/. 2001 ). These circulations 

enhance the exchange of turbulent fluxes of sensible and latent heat between land sur

face and atmosphere. 

On a global scale, snow cover and snowmelt runoff plays a central role in regulat

ing both the planetary heat balance and the global circulation of oceans. Arctic rivers 

provide the majority of freshwater influx into the Arctic ocean, and are therefore crucial 

for maintaining ocean water circulation processes. Snow cover is also a key factor in un

derstanding the impact of predicted climate change on atmospheric circulation patterns. 

Changing temperatures and precipitation patterns will affect the length of snow coverage 

and amount of freshwater delivered to the Arctic ocean. Resulting changes in snow al

bedo and salinity of the Arctic ocean are identified as important feedback mechanisms 

affecting atmospheric processes (V orosmarty et a/. 2001 ). 

Due to the crucial role of snowmelt in many basins around the world a wide vari

ety of hydrologic snowmelt runoff models has been developed. They can generally be 

divided into two categories: simple empirical index models and more complex energy 

balance models. Index models like the Snowmelt Runoff Model (SRM) or W ATFLOOD 

generally use the degree day approach to simulate snowmelt. In this approach snowmelt 

rates are calculated using only air temperature and an empirical degree day melt factor 

(Rango 1992, Kouwen and Mousavi 2002). The models can be extended to incorporate a 

radiation balance (Brubaker et a/. 1996). Since only air temperature is used as meteoro-
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logical forcing data to calculate snowmelt energy balance, any spatial variability in the 

energy balance is tied to the distribution of air temperature. Air temperature in index 

models is often distributed using elevation gradients or statistical averaging methods 

(e.g. Kriging or inverse distance relationship) if several meteorological stations are 

located in the study area. Index models have the advantage of being easy to implement, 

computationally efficient, and having low data requirements. However, they lack suffi

cient physical basis to predict the spatial distribution of melt in heterogeneous terrain 

(Williams and Tarboton 1999). Studies have also shown that air temperature is a poor 

indicator of available melt energy in open, sparsely vegetated, areas like tundra basins, 

where melt due to solar radiation plays an important role (Hamlin et a/. 1998). Further

more, index models are inadequate for studying the effects of changing land covers on 

snowmelt patterns. Liston eta/. (2002) note that the predicted above average warming 

trend in arctic regions should result in an expansion of shrub tundra areas with consider

able impact on arctic snow cover and snowmelt. 

It becomes evident that any study of the small-scale interactions between a spa

tially variable snow cover and melt energy fluxes must employ a full energy balance 

snowmelt model. These models usually address small-scale spatial variability by defin

ing areas that are assumed to behave hydrologically similar. The most commonly used 

approaches are hydrological response units (HRU), which are areas of varying size and 

shape with similar hydrological properties (Abbott et a/. 1986), and grouped response 

units (GRU). A GRU is defined as a computational unit that is subjected to uniform 

meteorological conditions and small runoff routing times compared to overall basin 

travel time. Within each GRU, runoff contributions from hydrologically similar areas are 

5 



calculated separately, summed up, and routed to the stream system (Kouwen et a/. 

1993). 

Understanding the magnitude of small-scale variability in arctic snowmelt is espe

cially important as large scale hydrologic models, atmospheric models, and land surface 

schemes are increasingly being used for regional investigations (Woo and Young 2003 ). 

Modelled surface energy fluxes over melting snow covers are strongly dependent upon 

the accurate prediction of the fractional snow cover (Arola and Lettenmaier 1996). Un

fortunately, sub-grid variability in snow covered area and snowmelt energy balance fac

tors are often grossly simplified in atmospheric models and land surface schemes, lead

ing to possibly large inaccuracies in simulation results (Essery 1997). Luce et a/.(1999) 

describe an approach to account for the sub-grid variability of snow distribution in a 

large scale lumped model by using snow cover depletion curves to relate basin wide 

average SWE to fractional snow coverage. The dimensionless depletion curves are de

rived from observations of SWE patterns near the time of peak snow accumulation. Mar

shall and Oglesby (1994) describe another approach in which snow cover fraction is 

computed as a function of snow depth and surface roughness. The idea behind this con

cept is that in areas of transient snow, some objects like trees or other tall vegetation will 

always stick out of the snow cover while the snow might almost completely be swept 

away by winds in fully exposed areas. CLASS uses a straight depletion curve relating 

snow depth to snow covered area once the predicted snow depth has fallen below the 

threshold of 10 em (Davison 2003). 

Sub-grid scale variability in energy balance factors is handled in several ways by 

larger scale climate models and land surface schemes. Grid cell averages can be calcu

lated from effective parameters. This approach, however, performs poorly when a sig-
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nificant snow cover is involved .(Essery 1997). Another approach is to subdivide the grid 

cell into fractional areas ("tiles") covered by different surface types (e. g. snow covered 

and snow free areas). Separate energy balances are then calculated for the individual 

tiles and a weighted grid cell average is computed (Claussen 1991). Giorgi (1997) notes 

that the tiles can be further subdivided to better capture sub-grid variability by using sta

tistical methods like probability density functions. Finally sub-grid variability can be 

addressed by running fully distributed boundary layer models. However, these models 

require large amounts of data and ground truthing (Essery 1997). 

1.2 Research Objectives 

The processes leading to the melt of a snow cover and the subsequent percolation 

of melt water through the snowpack are fairly well understood at the point scale. How

ever, a large knowledge gap remains between these point-scale process understanding 

and snowmelt modelling at larger scales. This problem is especially crucial for snowmelt 

studies in arctic regions due to the observed large spatial variability in arctic spring land

scapes (Brown-Mitic et al. 2001) and the scarcity of climate data sources in the Arctic. 

Woo and Young (2003) note that the extension of climate and snow information 

obtained from the few stations, usually located in accessible areas of arctic basins, is a 

necessary step towards large scale modelling of the changing snow cover and snowmelt 

runoff. Pomeroy et al. (2003) point out that due to the strong influences of slope and 

aspect on melt energy balance factors and snow conditions melt representations that are 

based on flat plane averages may require substantive corrections that should be explored 

in modelling studies. While there has been increased use of radiation models and rough 
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terrain wind flow models, these models have not been fully utilized in order to gain a 

better understanding of energy fluxes over melting snow covers and to estimate their 

spatial variability (Marsh 1999, Woo et al. 2000). 

Contrary to this scaling up process, many larger scale land surface schemes, 

regional and global climate models, and weather prediction models need to "scale down" 

in order to include sub-grid variabilities especially in open environments with patchy 

snow covers. Woo et al. (2000) found the ability to scale processes both up and down to 

be generally lacking with particular needs identified for effects of varying slope and 

aspect on blowing snow redistribution, snow covered area depletion, and snowmelt en

ergetics. 

The present study will attempt to address some of these concerns. It is the objec

tive of this study to simulate the small-scale variability in the dominant snowmelt energy 

fluxes (solar radiation and turbulent fluxes of sensible and latent heat) in a low relief 

arctic tundra basin. The study will quantify the variability present even in this gentle 

topography and investigate the relative importance of the simulated differences for the 

development of a patchy snow cover, meltwater runoff, and the surface energy balance 

of the composite spring landscape. The study will suggest approaches with which the 

presented sub grid scale variability in end-of-winter snow cover and energy balance 

could be included in larger scale models without the need for additional simulation at the 

small scale used in this study. The results of the study will be applicable to a wide vari

ety of open, snow covered environments. 

The study is using relatively simple, computationally efficient, methods that can be 

readily applied to other study areas, although the choice of models and model resolutions 

might have to be adapted depending on terrain or application. The modelled spatially 
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variable snowmelt energy terms will be combined with a spatially distributed end-of

winter snow cover to simulate the progression of spring melt. The model results will be 

validated against point observations at several locations throughout the study area, 

against values of observed basin wide snow covered area (SCA), and against observed 

spatial snowmelt patterns obtained from satellite images and air photos. 

1.3 Thesis Structure 

The dissertation starts by examining the feasibility of using a current "state of the 

art" hydrologic land-surface scheme (W ATCLASS) to simulate snowmelt and meltwater 

runoff in the 63 km2 study basin . The purpose here is to determine if and to what degree 

subgrid processes are important in this landscape. The model calculates snowmelt rates 

from a full, vertical energy balance. The resulting meltwater is delivered to the stream 

network by three mechanisms, overland flow, interflow and baseflow, and eventually 

routed out of the basin (Soulis et al. 2000). The model handles spatial variability using 

the GRU concept. The GRU's are subdivided into vegetational land cover classes on the 

assumption that key energetic and hydrological parameters used by the model are con

stant within the vegetational classes (Kouwen et a/. 1993 ). The present study runs the 

model with a resolution of 1 km to test the applicability of this approach to the arctic 

spring landscape. Model performance is assessed by comparing simulated and observed 

runoff data and by comparing predicted SCA within individual grid cells and across the 

basin to SCA obtained from a series of satellite images throughout the spring melt 

period. Based on the simulations recommendations are made on how to possibly extend 
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the GRU approach to preserve important aspects of the sub grid processes while remain

ing computationally efficient. 

Results from this study suggest that the observed spatial variability was not well 

simulated by the W A TCLASS approach at the 1-km scale. It was therefore decided to 

reduce model resolution and to focus on the influence of topography on key factors of 

the snowmelt energy balance. The third chapter addresses the spatial variability in 

incoming solar radiation due to topographic effects. Point measurements of global radia

tion are used together with a simulation of theoretical incoming clear sky radiation on a 

horizontal plane to determine cloudiness and amounts of direct and diffuse radiation on 

an hourly basis. The direct radiation is then distributed within the study area according 

to slope and aspect of each grid cell using a DEM with a resolution of 40 m, while the 

diffuse radiation is evenly applied over the study area. The ·model results are validated 

against point measurements of global and diffuse radiation. The chapter shows the rela

tive importance of diffuse radiation for snowmelt rates and meltwater runoff. Further

more, the effect of sun angle and cloudiness on spatial variability of incoming solar ra

diation is studied and the impact of diurnal variations in solar radiation on melt rates of 

slopes of different steepness and aspect is investigated. Hourly maps of spatially distrib

uted incoming solar radiation are combined to illustrate the accumulated differences 

within the study area over the full spring snowmelt period. The differences are converted 

to differences in potential snowmelt amounts to show their impact on progress of snow

melt and development of a patchy snow cover. The chapter also quantifies the effect of 

changing model scales on simulated spatial v¢ability of incoming and reflected solar 

radiation by running the model at 4 different model scales. 
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Chapter 4 deals with another important snowmelt energy term. It focuses on topog

raphic influences on the surface wind field and the resulting small-scale variabilities in 

turbulent fluxes of sensible and latent heat over snow covered surfaces. Results of a field 

experiment show the magnitude of topographic impact on wind speeds even in the rela

tively gentle terrain of the study area. The performance of a simple wind model (Liston 

and Sturm 1998) is tested using wind field patterns observed in the field and wind meas

urements at three additional locations throughout the basin. Turbulent fluxes of sensible 

and latent heat are calculated for the main meteorological station in the study area using 

bulk aerodynamic formula and subsequently distributed throughout the study area using 

hourly wind field outputs from the model at a resolution of 40 m. The study describes 

how hourly, daily, and complete model period variabilities of turbulent fluxes over snow 

covered surfaces are affected by wind direction, slope and aspect of hillslopes, and sur

face conditions. The impact of the obtained variabilities on snowmelt and meltwater run

off in the basin is studied by converting the accumulated differences to potential snow

melt rates. Furthermore, interactions between end-of-winter snow cover distribution and 

spatial variability of turbulent fluxes are examined. 

The fifth chapter studies the small-scale interactions between the spatially distrib

uted end-of-winter snow cover and variable melt energy fluxes. Simulated spatially vari

able fluxes of incoming solar radiation and turbulent fluxes of sensible and latent heat 

are combined with evenly distributed values of long wave radiation and ground heat flux 

to compute a full snowmelt energy balance. An additional energy balance factor termed 

local advection is included for the latter stages of melt simulation. This lateral transfer of 

sensible heat from snow free patches to snow covered areas has been identified in sev

eral studies as an important factor of the snowmelt energy balance (Liston 1995, Neu-
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mann and Marsh 1998, and Marsh et a/. 1999). The study tests a fairly simple approach 

with which local advection can be quantified in snowmelt models. Factors increasing or 

decreasing the variability of the full energy balance on an hourly, daily and model period 

basis are identified and their effect on snowmelt rates and meltwater runoff is discussed. 

The computed energy balance is used to simulate the ablation of a spatially distrib-

uted snow cover in the study area. Land cover based snow surveys are combined with 

considerations of vegetational and topographic effects on relocation of snow by blowing 

snow events to obtain a variable end-of-winter snow cover. The model includes an initial 

snow cover energy deficit that has to be overcome before melt can occur. The hourly 

progress of snow cover decay throughout the study area is modelled at a 40 m resolution 

and compared to remotely sensed spatial datasets. The focus of the study is to accurately 

predict emerging melt patterns, especially areas that become snow free first, and location 

of late lying snow drifts. 

Finally, in chapter 6 the results and conclusions of the thesis are summarized and 

an overview over future work relating to this thesis is given. 
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Abstract 

The hydrology land - surface scheme W ATCLASS is used to simulate spring 

snowmelt runoff in a small arctic basin dominated by open tundra and shrub tundra 

vegetation. The model calculates snowmelt rates from a full surface energy balance, and 

a three layer soil model is used to simulate the infiltration into and the exchange of heat 

and moisture within the ground. The generated meltwater is delivered to the stream 

channel network by overland flow, interflow, and baseflow and subsequently routed out 

of the catchment. Five spring snowmelt periods with a variety of initial end-of-winter 

snow cover and melt conditions were simulated and compared against observed runoff 

data. In a second step, the models ability to simulate spatially variable snow covered area 
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(SCA) within the basin was tested by comparing model predictions to remotely sensed 

SCA. 

W ATCLASS was able to predict runoff volumes as well as timing of snowmelt 

and meltwater runoff for open tundra fairly accurately. However, the model underesti

mated melt in the energetically more complex shrub tundra areas of the basin. Further

more, the high observed spatial variabilities of the SCA were not captured well at the 1 

km model resolution. 

Several recommendations are made to improve model performance in arctic 

basins, including a more realistic implementation of the gradual deepening of the thawed 

layer during the spring, and the use of topographic information in the definition of land 

cover classes for the grouped response unit (GRU) approach employed by the model to 

handle subgrid variability. 
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2.1 Introduction 

The present study focuses on the simulation of the snowmelt and meltwater runoff 

period in a small arctic basin in the forest- tundra transition zone. In arctic regions, pre

cipitation temporarily stored as snow accounts for a large portion of the annual water 

budget, with spring snowmelt generally producing the highest· annual discharge and the 

majority of annual flow volume. Snow cover also plays a major role in the surface 

energy balance of the region due to its high albedo, surface temperature limitation and 

low thermal conductivity. Studies of global climate change predict an above average 

warming of many northern areas over the coming decades (Rouse 1998). A significant 

portion of this warming is attributed to snow albedo effects, further highlighting the need 

for hydrologic and atmospheric scientists to accurately model the snowmelt processes in 

arctic basins. 

The ability of a model to forecast atmospheric and hydrologic variables is deter

mined by the representation of atmospheric and hydrological processes, as well as water

shed properties, in a fashion that approximates reality. While most of these processes are 

fairly well defined at the point scale, a major difficulty in modelling is the inclusion of 

appropriate spatial heterogeneity (Donald et al. 1995). This is especially the case for 

snowmelt in arctic basins which has a very large spatial variability due to the combina

tion of spatially variable end-of-winter snow covers (Pomeroy et al. 1997) and snowmelt 

energy fluxes that also vary spatially (Hinzman et al. 1992, Marsh and Pomeroy 1996) at 

a scale much smaller than the typical model grid size. 
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Snowmelt runoff simulations generally consist of a snowmelt energy model that 

generates meltwater from a snow cover and a hydrologic routing model that moves 

available meltwater to the basin outlet. Conventional snowmelt models often use air 

temperature index algorithms to simulate the snowmelt energy balance (Hinzman and 

Kane 1991, Rango 1992, Pietroniro et al. 1996). However, air temperature is known to 

be a poor index of available melt energy in open, sparsely vegetated areas, where melt 

due to solar radiation plays an important role (Hamlin et al. 1998). This study, therefore, 

uses a version of the Canadian Land Surface Scheme (CLASS) to calculate a complete 

surface energy balance including short and long wave radiation, turbulent fluxes of sen

sible and latent heat, ground heat flux, snowmelt, and energy gained or lost due to pre

cipitation. CLASS was developed as a land surface scheme (LSS) for the Canadian 

GCM to improve simulation of the effects of vegetation, soil, and snow cover on ex

changes of energy and moisture between ground surface and atmosphere (Verseghy 

2000). Soulis et al. (2000) pointed out that the lack of horizontal drainage in CLASS 

may lead to inaccuracies as the upper soil layer stays too wet after a precipitation event 

(or snowmelt), affecting the simulated exchange of latent and sensible heat between at

mosphere and surface and decreasing the amount of predicted infiltration in successive 

precipitation events. To alleviate this problem, a hydrologic model; WATFLOOD, was 

coupled with CLASS to provide horizontal runoff from three mechanisms, excess over

land flow, interflow from upper soil layers, and base flow from lower zone storage, and 

subsequent routing of the runoff to the basin outlet (Soulis et al. 2000). The coupling of 

the two models has two main advantages: a more realistic soil moisture and hence im

proved partitioning of energy inputs into latent and sensible heat fluxes, and the ability 
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to validate atmospheric simulations through the comparison of routed discharge with 

measured streamflow data at a basin outlet (Snelgrove 2002). Model validation through 

runoff data has the added advantage that runoff represents an integrated tool over the 

entire basin compared to point measurements that would otherwise be used in validation 

(Benoit et al. 2000). 

Sub grid spatial variability is handled in W ATCLASS through the use of GRU's. A 

GRUis a computational unit that is subjected to uniform meteorological conditions and 

small runoff routing times compared to overall basin travel time. Within each GRU, run

off contributions from hydrologically similar areas are calculated separately, summed up, 

and routed into the stream system. Hydrologically similar areas are defined as areas of 

similar vegetational land coverage (Kouwen et al. 1993). It is assumed that comparable 

vegetation covers indicate similar soil conditions and topographic settings. The advan

tages of GRU's include; a computationally efficient modelling of spatial variability 

(Pietroniro et al. 1998), a variable element size and shape that can easily accept data 

from remote sensing sources (Cranmer et al. 2001), and the ability to transfer modelling 

parameters found for different vegetational land cover types to other watersheds (Benoit 

et al. 2000). 

WATCLASS can serve as the lower boundary for an atmospheric model or act 

independently of an atmospheric model to simulate fluxes of energy and moisture 

including streamflow for a land surface (Snelgrove 2002). This study uses the latter 

approach to simulate snowmelt and meltwater runoff for a small arctic basin dominated 

by tundra vegetation. Timing and volume of simulated streamflow at the basin outlet 

will be compared to observed hydrographs. The paper further addresses the question 
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whether vegetation cover based GRU's can handle the high spatial variability observed in 

arctic spring landscapes by validating model predictions of SCA against observations 

from satellite images at several dates throughout the snowmelt period. Recommenda

tions will be made to improve the representation of natural processes in arctic basins, 

including the initialization of a distributed snow cover and spatially variable snowmelt 

energy fluxes in distributed hydrologic-atmospheric models. 

2.2 Study Area 

The study was conducted in the National Water Research Institute research basin 

of Trail Valley Creek (TVC) in the Northwest Territories, located 55 km north-northeast 

of Inuvik in the Mackenzie River Delta at approximately 680 45' N, 133° 30' W. The 

basin is 63 km2 in area and is dominated by gently rolling hills and some deeply incised 

river valleys, with elevations ranging from 50 to 180 m.a.s.l. and a mean slope of3°. The 

climate of the region is characterized by short summers and long cold winters, with an 

eight month snow covered period (Environment Canada 1982). Much of the annual pre

cipitation ( 66% at Inuvik) is comprised of snow which accumulates over the winter and 

is subsequently released over a relatively short time period during spring snowmelt. The 

study site is in the zone of continuous permafrost with maximum thickness estimated at 

350 to 375 m and observed active layer depths reaching 0.3 to 0.8 m (Marsh and 

Pomeroy 1996). Soils are organic cryosols consisting of an upper peat layer ranging in 

thickness between 0.2 and 0.5 m underlain by a mineral, silty clay soil (Quinton and 

Marsh 1999, Petrone et al. 2000). 
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The basin is located at the northern edge of the boreal forest - tundra ecotone. 

Vegetation of the dominant upland open tundra areas consists mostly of grasses, lichens 

(Lecidea) and mosses (Sphagmum), while moister hillslopes and valley bottoms support 

shrub tundra, with 0.5 to 3 m high alder (Alnus), birch (Betula), and willow (Salix) 

shrubs, and sparse pockets of black spruce (Picea mariana) forest. Vegetational land 

cover in the study area was determined from summer Landsat TM images at a resolution 

of 20m, and divided into 7 categories; exposed soils, tundra, sparse, open, and closed 

shrub tundra (with shrub ground coverage of approx. 10-25%, 25-60%, and >60% 

respectively), forest, and lakes. The classification was validated against air photographs 

and extensive field observations (Pomeroy et a/. 1997). 

2.3 Methodology 

2.3.1 Model Description 

Sub grid variability of the land surface is handled by W ATCLASS with the GRU 

concept. The study basin is carved into evenly spaced and equally sized grid cells (Fig. 

2.1). The grid cells are further divided into hydrologically similar areas (GRU's) based 

on vegetational land cover classes. The hydrologically similar areas within a grid cell are 

grouped together and their hydrological responses are simulated individually. Calcula

tions for the entire grid cell are then performed based on the fractional coverage of each 

of the land cover classes (GRU's) within the grid cell. 
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Study Basin 

Grid Square 

Vegetational Land 
Cover Class 

Mixture of 
4 surface conditions 

Canopy defined as one 
of five canopy types 

! 
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l 
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•. · t ~ · .• ·· ..... 

Divided into Vegetational 
Land Cover Classes (GRU) 

nt bt c g u 

Figure 2.1: Representation ofland- surface heterogeneity (adapted from Davison 2003) 
(CS = Canopy over snow cover, GS = Snow covered ground, C = Canopy over 
bare ground, G = Bare ground, nt = needleleaf trees, bt = broadleaf trees, c= crops, 
g= grass, u = urban) 
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In each vegetational land cover class WATCLASS identifies four surface condi

tions, bare ground (G), snow covered ground (GS), canopy over bare ground (C), and 

canopy over snow cover (CS) (see Fig. 2.1), which are initially being treated separately 

in terms of energy and moisture transfers before weighted averages for the hydrologi

cally similar areas and eventually the GRU's are calculated similar to the "tile model" 

approach used in many LSS of global circulation models (Snelgrove 2002). The mixture 

of surface conditions changes between time steps depending on the leaf area index and 

fractional SCA. Vegetation is treated by the model as a single layer with average canopy 

parameters being calculated based on 5 different vegetation groups needleleaftrees (nt), 

broadleaf trees (bt), crops (c) , grass (g), and "urban" (u) (Verseghy et a/. 1993, Fass

nacht and Soulis 2002). Seasonal variations in vegetation are accounted for by a growth 

index parameter varying between a dormant leafless state and a mature fully leafed state. 

Air temperature is used as an indicator to break vegetation dormancy during spring and 

to return to dormancy during fall (Verseghy eta/. 1993). 

Soil is represented in W ATCLASS by three soil layers with a depth of 0.10 m, 

0.25 m, and 3.75 m respectively. Heat is transferred within the soil vertically by conduc

tion after solving the surface energy balance, while lateral heat flow within the soil is ne

glected (Verseghy 2000). Soil moisture is moved between the layers using Richard's 

equation in case of gravitational drainage and the Green-Ampt method for infiltration 

into the surface layer. Water infiltrating into frozen soil is assumed to refreeze releasing 

latent heat that warms up the soil, a process that has been shown to be very important in 

thawing frozen soils (Zhao and Gray 1999). 
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Meteorological forcing data for W ATCLASS are based on observed climatological 

input data including incoming short and long wave radiation, air temperature, wind 

speed, and specific humidity. Outgoing short and long wave radiation is computed from 

modelled surface albedo and surface temperature, while bulk aerodynamic transfer equa

tions are used to determine turbulent sensible and latent heat fluxes. 

Snow is treated by the model as a variable depth soil layer using the same equa

tions for heat fluxes and surface energy balance. Snow albedo is computed using an ex

ponential decay algorithm starting at 0.84 for "fresh snow" and 0. 7 as lower limit for 

"old snow". The Jower limit is decreased to 0.5 if liquid water is present in the snow 

cover (Pomeroy et al. 1998). Short wave radiation is assumed to penetrate the snow with 

radiation flux decreasing exponentially with depth. Radiation that reaches the bottom of 

the snowpack is absorbed by the ground. Melting of the snowpack can occur in two 

ways, first by conduction of heat from the underlying soil and secondly, when the solu-

tion of the surface energy balance results in a surface temperature greater than 0°C. In 

this case the surface temperature is set back to 0°C and the excess energy is used to melt 

snow at the pack surface. The generated meltwater is assumed to refreeze at an undeter-

mined depth, if the snow temperature is below 0°C. Latent heat is released and warms 

the snow cover. After the pack has reached 0°C, any additional meltwater (or rainwater) 

is immediately applied to the ground surface, where it can infiltrate, or pond, if the infil

tration capacity is exceeded (Verseghy 1991 ). Snow cover is assumed to be continuous 

until a lower limit of snow depth (DIOO) is reached. A straight snow depletion curve is 

then used to relate snow depth to SCA (Davison 2003). Ponded water at the ground sur-
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face is retained up to a set limit between model time steps and allowed to infiltrate or 

evaporate. Excess ponding is treated as surface runoff. 

Lateral runoff in W ATCLASS is generated through three processes; surface runoff 

following Manning's equation, interflow through the soil matrix and macro pore struc

ture using a simple linear reservoir approach, or base flow from excess water in lower 

zone storage (Soulis et al. 2000). Once the water has reached the stream network it is 

routed out of the basin employing a storage routing technique (Pietroniro et al. 1996, 

Kouwen and Mousavi 2002). 

2.3.2 Model Initialization 

In order to span the melt period, the model was run from May 1 to June 30 for 

1996, 1999, and 2001, from April 25 and April 20 to June 30 for 1997 and 1998. The 

model was run with a resolution of 1 km, resulting in 83 grid cells to cover the entire 

TVC basin. The resolution was chosen to include as much small-scale variability as pos

sible. A smaller resolution would have challenged model assumptions and its ability to 

adequately represent hydrologic processes. For example, the model assumes the exis

tence of a stream channel in every grid cell. This assumption would almost certainly 

become invalid at smaller resolutions. Marsh and Pomeroy (1996) found that 4 land 

cover classes - open tundra, (75% of the basin), shrub tundra (22o/o), black spruce forest 

(2o/o), and water (1 %) -obtained by merging the 7 vegetation categories identified in the 

land cover mapping of TVC (see Sec. 2.2) described the hydrologic variability of the 

study basin adequately. Therefore, the same approach was used in this study. The rela-
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tive coverage of these 4 land cover classes for individual 1-km model grid cells were 

computed from the original 20 m vegetation map. Open tundra was implemented in the 

model as having short grass vegetation, shrub tundra was initialized as low deciduous 

shrubs, and forest was considered to be evergreen needle leaf trees. Vegetation parame

ters (maximum and minimum leaf area index, canopy mass, roughness lengths, and fully 

leafed visible and near infrared albedo) were taken from Verseghy et al. (1993) and 

adapted for the more sparse vegetation of arctic regions similar to Bellisario et a/. 

(2000). The values used for leaf area index were validated in field studies in TVC. 

The ground in TVC consists of mineral earth hummocks and peat covered inter 

hummock areas. These inter hummock areas are responsible for the vast majority of hill 

slope runoff(Quinton and Marsh 1999). WATCLASS version 2.7 has only one organic 

soil class. Studies in TVC (Quinton and Marsh 1999, Petrone eta/. 2000) have shown 

that the soil in the inter hummock areas consists of a top layer of organic peat between 

0.2 to 0.5 min thickness overlaying a silty clay mineral soil. Furthermore, it was found 

that porosities and hydraulic conductivities decreased rapidly with depth in the peat 

layer. Other studies in northern areas have shown, that an accurate representation of the 

organic peat layer considerably improves the quality of energy and moisture simulations 

in the atmospheric part of the model (Letts et a/. 2000, Lafleur et al. 2000). The high 

porosity and hydraulic conductivity of the peat layers and their rapid decrease with depth 

also has a major effect on soil water runoff. Therefore, two additional organic soil 

classes were defined for this study to initialize the top two soil layers as organic. The top 

layer (0- 10 em) was treated as a fibric peat layer, while the second layer ( 10- 35 em) 

was assumed to be hemic peat. Values describing the relevant soil properties (see Table 
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2.1) like porosity, saturated soil moisture tension, and "Clapp-Hornberger b" (a soil 

dependent empirical constant used in the calculation of the soil water pressure head) 

were taken from Snelgrove (2002). The third layer was initialized as mineral silty clay 

soil. Measured values of saturated hydraulic conductivities were available for the differ-

ent soil layers in TVC and used in the model (Quinton and Marsh 1999). 

Soil temperatures needed for model initialization were measured at three locations 

in the basin by embedded thermocouples. Initial canopy temperatures were set equal to 

air temperatures as suggested by Lafleur et al. (2000). Information on initial snow cover 

conditions including temperature, density, and snow water equivalent (SWE) were pro-

vided from snow pits and land cover based snow surveys carried out in TVC before the 

onset of melt. 

Table 2.1: Soil Parameters for W ATCLASS 

Layer 1 Layer 2 Layer 3 

Soil Type Organic Organic Mineral 

Thickness [m] 0.1 0.25 3.75 

Porosity [ vol. %] 93 88 49 

Sat. Soil Moisture Tension [m] 0.1 0.3 0.49 

Clapp-Hornberger b 1.2 1.5 0.4 

Sat. Hydr. Conductivity [m/s] 5*10-3 2*10-4 5*10-8 

Hydrologic input parameters were taken from previous optimized model runs with 

the hydrologic model W ATFLOOD as suggested by Snelgrove (2002). Sensitivity analy-

ses indicated that snowmelt runoff prediction was particularly sensitive to two parame-

ters for which no reliable observational data was available: initial soil water content of 
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the upper soil layer and a runoff parameter describing the maximum interflow volume of 

a theoretical 5o/o slope assuming a fully saturated soil. This parameter depends on the 

saturated hydraulic conductivity of the upper soil layer, its porosity, as well as the aver

age slope length and gradient of the basin. The snowmelt runoff periods of 1997 and 

1998 were used to find adequate values for these two terms by performing a random 

search method within a constrained parameter space, similar to the generalized likeli

hood uncertainty estimation (GLUE) (Beven and Binley (1992). Two likelihood meas

ures, root mean square error and Nash-Sutcliffe coefficient, were employed to compare 

simulated to observed runoff. Both years and both likelihood measures pointed towards a 

runoff term of 3.2*10-7 and an optimum initial soil water content of 52% (of pore vol

ume), even though the falls of 1996 and 1997 had quite different amounts of precipita

tion prior to freeze up. It was therefore decided to use the same initial soil water content 

for all 5 years of simulation. 

Climate forcing data for the model were collected in the study basin at two perma

nent measurement stations on a half hourly basis. Incoming long wave radiation was 

obtained from outputs of the Global Environmental Multiscale (GEM) model for the grid 

square containing TVC. These values were compared to incoming long wave radiation 

values predicted by empirical formulae using methods described by Brutsaert (1982) and 

Satterlund (1974) and found to match fairly closely. Runoff data expressed as daily mean 

flow values were collected at a permanent stream gauge at the TVC basin outlet by the 

Water Survey of Canada. 
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2.4 Results 

2. 4.1 Runoff Simulation 

A wide range of end-of-winter snow cover and spring melt conditions was encoun-

tered during the five study years, with SWE ranging from a basin wide average of 95 

mm in 1998 to 144 mm in 1999 (Table 2.2). 1998 had an early, protracted melt with run-

off initiation occurring on May 11, while 2001 had a late, rapid melt with first runoff not 

observed until June 5. Table 2.3 shows a comparison of predicted vs. observed runoff 

volumes for the five modelling periods. Runoff volumes in three of the five years 

matched very closely, although it has to be noted that two of those years were used in the 

model optimization (1997 and 1998) (see Sec. 2.3.2). Of the remaining two years the 

volume for one was under predicted ( 1996) for the other over predicted ( 1999). 

Table 2.2: End-of-winter snow conditions for 5 modelled spring periods. 

1996 1997 1998 1999 2001 1996 1997 1998 1999 2001 

SWE SWE SWE SWE SWE Dens. Dens. Dens. Dens. Dens. 

mm mm mm mm mm kg/m3 kg/m3 kg/m3 kg/m3 kg/m3 

Open 94 86 70 129 141 210 250 270 230 225 
Tundra 
Shrub 112 213 175 197 125 205 200 230 270 160 
Tundra 

Forest 165 176 140 110 147 195 212 200 180 200 

Basin 99 116 95 144 138 209 238 260 238 210 
Avg. 
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Table 2.3: Comparison of observed vs. modelled runoff volumes over modelling periods 
(Note that 1997 and 1998 were used in model calibration) 

Observed Modelled Mod. vs. Obs. 
Year Runoff Runoff Runoff 

Mm mm normalized % 

1996 107 73 -32 
1997 75 73 -2 
1998 64 65 2 
1999 70 98 40 
2001 94 97 3 

Figure 2.2 shows the modelled versus simulated hydrographs including, observed 

precipitation for the modelling periods. In general, the modelled hydrographs are broader 

than the observed ones, with a slightly earlier rise, a first runoff peak occurring close to 

the observed peak and, except for 2001, a second peak that does not occur in the 

observed hydro graphs. The earlier and more gradual rise of the simulated hydrographs 

can be attributed to two naturally occurring processes not included in the model, the per-

colation and storage of meltwater within the snow cover and ponding of meltwater in the 

stream channel. As mentioned, W ATCLASS has an algorithm to simulate the refreezing 

of percolating meltwater in a snowpack or a soil layer of below 0°C. However, once the 

snow cover has reached an isothermal state, meltwater generated at the top of the snow-

pack is immediately applied to the soil surface. Studies have shown that the percolation 

and storage of water in ,~ snow cover can considerably delay runoff (Marsh and Woo 

1984). 
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Figure 2.2: Simulated vs. observed hydrographs for 5 modelled spring melt periods in 
TVC, NWT. (Note that 1997 and 1998 were used in the model calibration) 
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In nature initial runoff is further attenuated by snow deposited in the stream chan

nel. Meltwater accumulates and is stored in the snowpack of the stream channel for sev

eral days. As the mass of the accumulated melt water exceeds the shear strength of snow, 

the snow dams are breached and initial runoff, often originating near the headwater of 

the basin or at an intermediate point along the main channel, moves as a wave of water 

downstream. Once the initial wave has eroded a channel through the snowpack in the 

stream channel, most of the stored water is rapidly released leading to a sharp, continu

ous rise of the hydrograph (Kane et al. 1991). No snow damming algorithm is included 

in WATCLASS, partially explaining the discrepancies in the simulation of the initial 

meltwater hydro graph rise. 

Two land cover classes (open tundra and shrub tundra) are dominant in TVC. The 

separate runoff from these two classes for 1997 and 1998 is shown in Figure 2.3 a and b 

and can be used to explain the overall simulated hydrographs (Figure 2.2). The hydro

graphs show that W ATCLASS captures the diurnal variation present in snowmelt runoff. 

It also becomes evident that the first peak in the overall simulated hydrographs is largely 

caused by meltwater running off from open tundra areas, while the second peak which 

shows higher overall runoff values can be attributed to snowmelt in shrub tundra areas 

and an increase in runoff from soil layers underneath open tundra areas after the bulk of 

snow has been removed from that land class. This phenomenon will be discussed later in 

more detail. The difference in S WE between open tundra and shrub tundra areas (see 

Table 2.2) affects the runoff producing mechanisms delivering meltwater to the stream 

channels. Simulated runoff from open tundra shows almost no overland flow (on average 
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less than 1% over the five years) with the vast majority of runoff originating from inter-

flow (97%). For shrub tundra areas the model predicts that, on average, 15% of snow-

melt runoff occurs as overland flow, while interflow accounts for 83%. 

a) 

b) 
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Figure 2.3: Simulated runoff from two separate land cover classes for a: 1997 and b: 
1998. 
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Field observations, remote sensing studies, and the observed single peak hydro

graphs suggest that in TVC snowmelt in shrub tundra areas occurs practically simulta

neously or even slightly ahead of open tundra areas (Marsh eta/. 2003) even though end

of-winter SWE in shrub areas are generally higher. Several factors are responsible for the 

accelerated melt under shrubs. Dark shrub branches protruding through the snow cover 

warm quickly by absorbing solar radiation and emit long wave radiation accelerating the 

melt (Liston et a/. 2002). Depending on the leaf area index, this process may have a lar

ger impact than the shading of the surface by the branches. The protruding branches also 

increase surface roughness and therefore turbulent fluxes of latent and sensible heat. 

However, this effect is at least partially offset by the reduction of wind speed under the 

canopy (Male and Granger 1981). WATCLASS includes some of these processes as evi

denced by slightly larger positive (directed towards the snow surface) net radiation 

fluxes and increased turbulent fluxes for shrub tundra surfaces. Overall, however, 

W ATCLASS seems to underestimate the melt accelerating processes. Furthermore, an 

analysis of the energy balance factors in the shrub tundra class shows a fairly large 

energy loss by the snow cover under shrubs due to sensible heat fluxes. This seems un

reasonable and may point towards a problem with the radiative surface temperature algo

rithm for vegetation covered snow surfaces. The problems in the model lead to a snow

melt generation in shrub tundra areas that was delayed on average (over the five years) 

by about 6 days, and the resulting second runoff peak that is not observed in the study 

area. 

Overall, predicted snowmelt in open tundra areas also seems to occur slightly too 

late especially in 1999 and 2001. This again seems to be related to the simulated turbu-
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lent fluxes. An analysis of these fluxes for the period during which the ground was com

pletely snow covered reveals, that the turbulent fluxes of sensible and latent heat were 

often directed in opposite directions with snow cover gaining energy from sensible heat 

transfer while loosing energy due to evaporation, as was found in several other studies in 

arctic regions (Eaton and Wandler 1982, Hinzman et a/. 1992). However, the simulated 

latent heat flux often exceeded the simulated sensible heat flux therefore leading to a 

negative net turbulent flux that delayed melt. This contradicts numerous studies showing 

that latent heat fluxes are usually smaller than sensible heat fluxes for melting snow cov

ers (Male and Granger 1981, Marsh and Pomeroy 1996, Martin and Lejeune 1998). 

Another factor that delays snowmelt in W ATCLASS is the omission of sensible 

heat advected horizontally from bare ground to snow patches during the period of dis

continuous snow cover. Once the snow cover has become patchy, bare ground areas heat 

up quickly due to their lower albedo and subsequently release sensible heat, a portion of 

which is transferred laterally to remaining snow patches accelerating their melt This 

process, called local advection, has a major impact on the latter part of snowmelt espe

cially in arctic basins, where snow covers often become patchy soon after the onset of 

melt (Liston 1995, Neumann and Marsh 1998, Marsh eta/. 1999). 

Figure 2.4 shows water stored in soil layers 1 and 2 as ice and liquid water as well 

as in the snow cover over the model periods from 1997 to 1999 for open tundra areas. 

Soil layer 3 remained frozen throughout all study periods and did, therefore, not experi

ence any change in storage. The figure shows that much of the snow meltwater initially 

infiltrates into layer 1. Infiltrating meltwater releasing latent heat upon refreezing along 
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with a progressively more positive soil energy balance, especially after the snow cover 

has been removed, thaws the ice in layer 1. The resulting liquid soil water along with in

filtrating meltwater runs off laterally as interflow or infiltrates into layer 2 and the upper 

soil layer eventually dries out. The same progression can be seen in soil layer 2, which is 

thicker (25 em) than layer 1 and therefore has a higher storage capacity even though 

porosity is reduced. An important change in hydraulic conditions occurs as the soil tem-

perature reaches 0°C. The increasing liquid water content caused by percolation from 

above and thawing of the stored ice results in a sudden increase in hydraulic conductivity 

(Verseghy 1991 ), which is applied to the full soil layer since the model assumes constant 

soil properties for each layer. Consequently, once the soil temperature of layer 2 has 

reached 0°C, the entire layer starts to contribute to runoff, effectively changing the 

thawed layer depth rapidly from 10 to 35 em. 

The soil runoff volumes increase continuously as hydraulic conductivity increases, 

up to a point where availability of liquid water becomes a limiting factor. This process 

explains the secondary rise in the outflow from open tundra and shrub tundra areas 

shown in Figure 2.3 a and b, which contributes to the second runoff peak evident in most 

simulated hydrographs (Figure 2.2). Figure 2.4 also shows the influence of surface 

ponding on simulated runoff. A major improvement in W ATCLASS compared to earlier 

LSS is that ponded water is saved between time steps rather than being discarded. The 

sudden rise in the amount of water stored in the soil, evident around May 31, 1999 (and 

less severely in 1997 around June 7), indicates that during rapid snowmelt a considerable 

amount of meltwater is retained in surface storage and eventually infiltrates into the 

39 



upper soil layer as hydraulic conductivity of this soil layer increases. Field observations 

support this scenario (Quinton and Marsh 1999). 

2.4.2 Model Sensitivity 

The sensitivity of model predictions to energy inputs was tested for 1997 (Figure 

2.5). The model was relatively insensitive to a change in incoming short wave radiation 

of+/- 10% (Fig. 2.5 a). As expected, an increase in incoming short wave radiation lead 

to higher early melt rates and runoff values, while snowmelt was delayed for a decreased 

short wave input. Decreased short wave radiation inputs also lead to higher overall run

off volumes and reduced evaporation amounts by 15 mm over the entire study period 

which can be attributed for the most part to a prolonged snow covered period in that sce

nario. The model showed a higher sensitivity to a+/- 10% change in incoming long 

wave radiation (Fig. 2.5 b). The same overall trends as for short wave inputs could be 

observed, with evaporation being decreased by 24 mm for the reduced long wave input. 

Additionally, the sensitivity of the model simulation to a 10% change in wind 

speed, which influences turbulent fluxes of sensible and latent heat, was tested (Fig. 

2.6a). Turbulent fluxes over the snowmelt period behaved as expected, increasing for 

higher wind speeds and decreasing for reduced wind speeds. However, since the two 

fluxes were directed in different directions, as discussed earlier, and since the relative 

contribution of turbulent fluxes was small compared to net radiation, the change in 

turbulent fluxes did not affect the snowmelt runoff greatly. 
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Lastly, the model sensitivity to a change in the owo parameter from 10 em to 30 

em was studied (Fig. 2.6 b). As discussed in section 3.2 the owo value is the snow depth 

at which the model assumes the development of a discontinuous snow cover during melt 

or the disappearance of bare ground during snow accumulation (Davison 2003). A 

change in the D100 parameter affects the snowmelt energy balance by changing the 

amount of bare ground present in the basin and, therefore, the grid cell averaged soil 

temperatures as bare ground can absorb greater amounts of solar radiation. As a result, 

the ground heat flux increased for a higher D too parameter accelerating the melt of the 

remaining snow within each grid cell, while the melt is delayed for a decreased otoo. The 

overall sensitivity of modelled runoff to this parameter, however, is limited. 

In contrast, the model prediction of SCA is fairly sensitive to a change in the D100 

value, as evidenced in Figure 2. 7 which shows predicted snow depletion curves for open 

tundra in 1997 resulting from different otoo parameters. The spatial distribution of SCA 

has major impacts on the surface energy balance of remaining snow patches and the 

overall composite land surface (Neumann and Marsh 1998), on meso-scale atmospheric 

circulation patterns (Mackay et al. 2002), and on determination of runoff producing 

areas used in many hydrologic runoff models (Marsh and Pomeroy 1996). An accurate 

prediction of SCA and its spatial variability is therefore crucial for an accurate assess

ment of the surface-atmosphere energy and moisture exchanges in the suggested appli

cation of W ATCLASS as lower boundary of an atmospheric model, and for determining 

snowmelt runoff values if used as hydrologic model. 
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Figure 2.7: Sensitivity of modelled SCA to the DlOO parameter 

2.4.3 Simulation of Spatial Variability 

To test the ability of the model to simulate spatial variability of SCA in TVC, 

simulation results of distributed SCA were compared to observations from satellite 

images for the spring of 1996. SCA for six satellite images was determined at a 20 m 

resolution and subsequently averaged to match the 1 km grid cells used by W ATCLASS. 

Table 2.4 shows the statistics for the analysis, while Figure 2.8 provides a visual com-

parison for three satellite images. The model predicts the average basin wide average 

SCA fairly well except for June 1, when the model over predicts SCA as a result of the 

already mentioned problems with delayed melt in shrub tundra areas. This can be seen in 

the higher SCA values in the shrubby southern portions of the basin and near the basin 

outlet (Figure 2.8). 
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The main differences between modelled and observed SCA is the inability of the 

model to capture the range of SCA values present in TVC throughout the melt period 

even in the relatively coarse 1 km grid cells. Furthermore, the timing of the disappear-

ance of completely snow covered and the appearance of entirely snow free grid cells grid 

cells is not well predicted. 

Table 2.4: Observed vs. modelled SCA in TVC 

Observed SCA Modelled SCA 
Date AVG Max' Min Range AVG Max Min Range 

% % % % % % % % 

23-May 90 100 55 45 84 94 77 17 
25-May 62 99 24 75 67 79 59 20 
28-May 40 89 13 76 44 57 36 21 
1-Jun 14 40 2 38 21 30 15 15 
5-Jun 11 32 0 32 13 19 9 10 
8-Jun 4 15 0 15 5 9 3 6 

2.5 Discussion 

The comparison of simulated and observed snowmelt runoff hydro graphs reveals 

that W ATCLASS adequately handles snowmelt and meltwater runoff of open tundra 

areas, while having some problems with simulating snow cover ablation in shrub tundra 

areas. Shrub tundra is an important land cover class for the hydrology of many northern 

basins because of its considerable areal coverage in arctic regions and above average 

snow accumulation. Studies also suggest that this vegetation type may expand even more 
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as a response to forecasted warmer climatic conditions further underlining the need to 

adequately simulate snowmelt in this land cover class (Liston et a/. 2002). This study at

tempted to initialize shrub tundra by taking standard values for. deciduous shrubs 

(Verseghy et al. 1993) and adapting them to the sparse arctic vegetation conditions. This 

included decreasing the maximum leaf area index, maximum above ground area canopy 

mass, and maximum rooting depth. However, W ATCLASS still overestimated melt 

delaying factors, like surface shading and wind speed reduction under the canopy, while 

not accounting enough for melt accelerating factors like reduced albedo and long wave 

radiation emitted from stems and branches. A variety of field studies aimed at a better 

understanding of the effects of shrub tundra canopy on the underlying snow surface 

energy balance is currently being carried out in TVC. The results of these studies could 

be used to improve the simulation of arctic shrub tundra energy conditions in atmos

pheric and hydrology land - surface schemes. 

W ATCLASS also exhibited some problems simulating the change in runoff condi

tions caused by the deepening of the thawed layer during the spring runoff period. The 

hydraulic conductivity rose fairly quickly as the liquid water content in layer 2 increased, 

resulting in a sudden increase of the runoff contributing soil depth by 25 em, the depth of 

layer 2. In reality, the thickening of the thawed layer is a much more gradual process 

(Hinzman et al. 1991, Quinton and Marsh 1999). W AT CLASS does include a parameter 

limiting maximum runoff contributing soil depth. A more realistic approach would be to 

allow this parameter to vary with time, which better mirrors the gradual advance of the 

thawed surface layer observed in nature. 
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A comparison of modelled versus observed values of spatially distributed SCA re

vealed that, while basin wide averages matched fairly closely except for the latter stages 

of the melt, the large spatial variability observed in melting snow covers of arctic basins 

was not captured well by the model. This variability can be attributed mainly to a highly 

variable end-of-winter snow cover in conjunction with spatially variable energy fluxes. 

Arctic landscapes experience frequent blowing snow events due to large open fetches, 

long winters, and low air temperatures leading to a substantial redistribution of snow 

(Woo et al. 2000). Studies in TVC have shown that open tundra areas often act as 

sources of blowing snow, while areas with taller shrub or forest vegetation act as sinks 

(Pomeroy et al. 1997). The vegetational GRU approach used in W ATCLASS together 

with land cover based snow surveys is well suited to capture this process. Essery et al. 

(1999), however, note that there is also considerable variability in end-of-winter SWE 

within vegetational land cover classes, especially open tundra, as a result of topographic 

effects with snow being eroded preferentially from slopes facing the dominant winter 

wind direction, while areas of air flow divergence, particularly on the lee side of topog

raphic features, experience an increased deposition of blowing snow. This results in 

large snow drifts being formed on steep slopes (slope drifts) and along river channels 

and lake margins (channel drifts) (Pomeroy et al. 1998, Liston and Sturm 1998). In TVC, 

drifts cover about 8% of the area but may hold up to 33o/o of end-of-winter SWE (Marsh 

and Pomeroy 1996). These drifts generally persist well into the summer, significantly 

affecting runoff regimes of arctic rivers by adding discharge to the usually low summer 

runoff(Marsh and Woo 1981). 
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Most of the spatial variability in the snowmelt energy balance can also be attrib

uted to topographic influences. Observations have shown considerable differences in sur

face energy balance as a result of slope gradient and aspect in relation to incoming solar 

radiation and dominant spring wind direction (Woo and Young 2003). Pomeroy et al. 

(2003) show that south facing slopes had a much higher net radiation and increased tur

bulent fluxes due to acceleration of dominant northerly spring winds on these windward 

slopes. Hydrologic studies have also shown that aspect dependent timing of snowmelt 

along with differences in frost table configuration and soil properties result in differences 

in runoff coefficients, timing, and volume (Young et al. 1997, Carey and Woo 1998). 

These processes could be addressed in W ATCLASS by basing the land cover class 

definition in the GRU approach on a combination of vegetation and topography, thus 

allowing the model to better handle the variability in melting snow covers introduced by 

the topography. An improved simulation of spatially distributed SCA is also a prerequi

site for including local advection into the simulated snowmelt energy balance. The tile 

model approach currently used in the energy balance portion of W ATCLASS would 

need to be amended for this purpose, as it cannot handle edge effects between separate 

land surfaces (Essery 1997). Neumann and Marsh (1998) provide a relatively simple 

approach calculating the contribution of local advection to snowmelt from the surface 

energy balance of bare ground areas and an advection efficiency term. A similar algo

rithm should be included in W ATCLASS. 

W ATCLASS uses vegetational land cover classes as a surrogate for soil type, 

based on the assumption that similar vegetation cover exists on similar soil types with 

comparable hydraulic soil properties. Snelgrove (2002) shows that the inclusion of 
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topographic information considerably improves the prediction of the underlying soil 

type. This result combined with previous points illustrates that basing land cover classes 

on a combination of vegetational and topographic information should further improve 

the models ability to predict snowmelt runoff and SCA. 

2.6 Conclusions 

The present study applied the hydrology land - surface scheme W ATCLASS to the 

snowmelt period of five years in a small arctic catchment dominated by open tundra and 

shrub tundra vegetation. The model was able to predict runoff volumes for most model

ling periods reasonably well. Snowmelt and subsequent runoff from open tundra areas 

was simulated adequately with some minor problems in the early runoff period, which 

showed a slightly early and too gradual rise of the hydro graph. This was the result of not 

including runoff attenuating processes like meltwater storage in and percolation through 

the snow cover and snow damming by snow deposited in the stream channel in the 

model. The model did not simulate the timing of snowmelt in shrub tundra areas as well 

with meltwater runoff from these areas being delayed by an average of 6 days. Further 

work is needed to better understand the complex influences of shrub canopy on the sur

face energy balance and to improve the implementation of these effect into surface 

energy calculations. 

The model sensitivity to a change in forcing data was also analyzed. Runoff 

simulation was most affected by a change in incoming long wave radiation, while altered 

incoming short wave and wind speed inputs did not affect model predictions much. Fur-
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thermore, the effects of a change in the ntoo parameter, the snow depth above which the 

snow cover is assumed to be continuous, on runoff and SCA predictions were studied. 

The predicted hydrograph did not exhibit much change, while the forecast SCA was 

affected considerably. 

Finally, the model's ability to capture spatially variable SCA within the study basin 

at several points throughout the spring period was evaluated by comparing model results 

to remotely sensed SCA. While the model was able to predict the basin average values 

fairly closely, observed SCA variability was not captured. This variability is largely the 

result of topographic influences on end-of-winter SWE and snowmelt surface energy 

balance. A recommendation was made to improve model performance in this area by in

cluding topographic information in the land cover class definition for the GRU approach 

used by the model. 

Hydrology land surface schemes are important tools in hydrological studies since 

they allow the researchers to test the model parameters and the physical representations 

of the scheme at larger scales. Future work will focus on improving the understanding of 

topographic influences on the progression of snowmelt throughout a basin and how to 

incorporate these processes into land surface schemes and hydrologic models. This in

cludes an approach to relate the variabilities in arctic end-of-winter snow covers to to

pography, making it easier to implement them in the initialization of a snowmelt runoff 

model. Furthermore, the topographic influence on the spatial distribution of various 

snowmelt energy balance terms, especially solar radiation and turbulent fluxes, has to be 

studied qualitatively and quantitatively on a small-scale basis. Studies of this kind have 

so far been largely limited to more mountainous areas, while many arctic basins includ-
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ing the present study area are characterized by a fairly low relief. Additionally, the rela-

tive importance of local advection for snowmelt in arctic basins should be investigated 

and an algorithm enabling distributed snowmelt models to include the process of local 

advection into their energy simulations should be developed. 
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Abstract 

Much of the spring landscape of arctic regions is dominated by a mosaic of coex-

isting snow and bare ground areas, which has implications for both spring melt runoff 

and atmospheric fluxes. In addition to a variable end-of-winter snowpack, spatial differ-

ences in snowmelt energy terms play an important role in the development of this patchy 

snow cover. This paper focuses specifically on the influence of spatially variable solar 

radiation on snowmelt by using a model to simulate the small-scale variabilities of solar 

radiation incident on the ground surface due to topographic influences over a small arctic 

catchment. The model only requires a digital elevation model (DEM) and measured 

global radiation data, and is therefore well suited for data sparse arctic regions. 
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Despite the fact that the study basin has a relatively low relief (average slope 3°), 

the results, which were validated against measurements of global and diffuse solar radia

tion, showed solar radiation differences of up to 10% of the area-wide mean over the 

melt period. This would result in differences in snowmelt amounts of up to 50 mm, a 

value similar in magnitude to the overall mean end-of-winter snow water equivalent in 

the open tundra areas that dominate the study region. Only minor inter-annual changes in 

the distribution of solar radiation were found. An analysis of the effects of changing 

model scale showed that the simulated basin mean was relatively independent of scale, 

whereas the variability decreased substantially for larger grid sizes. Furthermore, the 

actual location of high and low radiation areas changed. 

The results show that the small-scale variability of net solar radiation contributes 

greatly to the mosaic patterns in melting snow covers of arctic regions, affects timing 

and amount of meltwater release, and influences the surface energy balance of these 

areas considerably. The study suggests that sub-grid variability in solar radiation should 

therefore be included in hydrologic and atmospheric model simulations of arctic snow

melt processes. 
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3.1. Introduction 

Snowmelt and subsequent meltwater runoff play an important role in the hydrology 

of many northern basins. Furthermore, the decaying snow cover plays a crucial role in 

land-surface atmosphere interactions affecting surface albedo and turbulent fluxes of 

sensible and latent heat (Marsh and Pomeroy 1996). End-of-winter snow covers in arctic 

basins are often characterized by a high spatial variability due to redistribution of snow 

during frequent blowing snow events over the winter (Pomeroy et a/. 1997). Recent 

studies have demonstrated that rate and magnitude of snowmelt is controlled by complex 

interactions between a variable snow water equivalent (SWE) and variable energy fluxes. 

The result of this heterogeneity is the quick development of a patchy snow cover, which 

further enhances spatial differences in melt rates through local scale advection (Neu

mann and Marsh 1998). 

Studies have shown that energy fluxes controlling snowmelt like radiation, turbu

lent fluxes of sensible and latent heat, and ground heat are typically not uniform (i.e., 

Hinzman et a/. 1992, Marks et a/. 1999). Amongst these fluxes solar radiation is usually 

the dominant term of the snowmelt energy balance especially in open environments like 

arctic tundra basins (Male and Granger 1981, Ohmura 1982). Simulations of solar radia

tion generally first calculate clear-sky radiation values for horizontal surfaces and subse

quently modify these for cloud cover and topographic effects. As solar radiation passes 

through the atmosphere, it is attenuated due to absorption and scattering processes with 

the amount of radiation not scattered or absorbed being termed direct radiation (Iqbal 

1983). Scattered radiation is eventually directed back towards space or to the earth's sur-
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face as diffuse radiation. The total amount of solar radiation incident on the earth's sur

face (global radiation) consists therefore of the sum of direct radiation from the solar 

beam and diffuse solar radiation scattered in the direction of the monitoring point {Tian 

et al. 2001). 

The amount of radiation incident on any point of the earth's surface is modified by 

the topography. These effects can be addressed by determining slope and aspect of indi

vidual grid cells in aDEM in relation to the incoming solar beam at every time step. The 

relationship between slope surface angle and solar altitude and azimuth angles controls 

the amount of direct radiation incident on a particular location. 

To be useful for snowmelt runoff simulations and other applications, any model of 

solar radiation will have to be extended for cloudy sky conditions. Cloud cover reduces 

the amount of direct radiation reaching the earth's surface while increasing the relative 

contribution of diffuse radiation to overall global radiation values. Most methods of es

timating radiation under such conditions use a cloudiness index to account for differing 

cloud conditions (Dozier 1978). Obtaining the amount of diffuse radiation is often diffi

cult. Some models require information on atmospheric conditions from soundings or at

mospheric models (Dozier 1978, Munro and Young 1982, Dubayah et al. 1990), other 

models (including the one used in this study) quantify diffuse irradiation from algorithms 

that only require in situ pyranometer data on global radiation (Ranzi and Rosso 1991, 

1995, Dubayah and van Katwijk 1992). Such a simple model structure is crucial for arc

tic studies due to the paucity of atmospheric data in that region. 

Diffuse radiation is anisotropic with more diffuse radiation coming from parts of 

the sky closest to the sun. However, the modelling of this anisotropy is complex and as a 
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result many models assume isotropic diffuse radiation (Dubayah 1994). The amount of 

diffuse solar radiation incident on a grid cell is therefore assumed to be only dependent 

on its elevation and on the portion of sky actually visible to it (Obled and Harder 1978, 

Munro and Young 1982). Adjacent terrain features may also have significant effects on 

the incident solar radiation of a point. A number of grid cells within a model domain 

might lie in the shadow of such features. A slope can also be "self shadowing" if it is 

facing away from the sun and its gradient is steeper than the solar elevation angle (Duba

yah and Rich 1995). Shadowed grid cells are significantly less irradiated as they do not 

receive any direct radiation. On the other hand a grid cell may receive additional radia

tion reflected from adjacent terrain features. 

The subgrid variability of solar radiation is an important issue in land-surface 

components of atmospheric models, including regional climate models, general circula

tion models, and numerical weather prediction models. These models typically operate at 

grid sizes larger than the scale of land surface variability described above, and thus it is 

necessary for these models to parameterize subgrid variabilities in an efficient yet physi

cally realistic way (Dolman and Blyth 1997). 

The topographic effect on solar radiation in mountainous or rugged terrain has 

been clearly demonstrated in a number of studies, including Dozier (1978, 1980), Munro 

and Young (1982), Dubayah (1994), Dubayah and van Katwijk (1992), and Dana et al. 

(1998). However, very few studies have considered the variability of solar radiation in 

low relief areas (Dubayah 1990) and its effect on snowmelt in these areas (Hinzman et 

al. 1992). It is the objective of this paper to use a solar radiation model to simulate the 

small-scale variabilities in incident solar radiation as a result of topography and to assess 
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their implications for snowmelt processes. The results will illustrate the magnitude of the 

variability present even in the gentle topography typical of many arctic catchments, and 

quantify its effect on snowmelt processes. It will also address the effect of model scale 

on simulated variability of solar radiation and melt rates. 

This paper is the first in a series aimed at studying the small scale spatial variabil

ity in the energy fluxes controlling snowmelt in a low relief arctic tundra basin. It will 

focus on an arctic study site, since aircraft measurements have shown high variabilities 

in surface energy fluxes of arctic spring landscapes compared to other environments such 

as grasslands, agricultural lands, and temperate forests (Brown-Mitic eta/. 2001). The 

technique developed and applied in this paper, however, is applicable to a wide range of 

snow covered open environments. 

3.2 Study Area 

The study was conducted in the National Water Research Institute research basin 

of Trail Valley Creek {TVC) in the Northwest Territories during the period from mid

April to early-June 1999 as part of the Mackenzie GEWEX Study I Canadian GEWEX 

Enhanced Study (MAGS/CAGES) program. TVC is located 55 km northeast oflnuvik at 

approximately 68° 45' N, 1330 30' W. The area is characterized by gently rolling hills 

with some deeply incised river valleys. Elevation ranges from 9 to 187 m.a.s.l. (Fig. 3.1) 

with an average elevation of 99 m.a.s.l.. Mean slope is 3° with the maximum gradient 

reaching 33°. Figure 3.2 shows a shaded relief map of the study area. The illumination 

angle is at an azimuth of 315° and at an elevation of 30°. The region lies at the northern 
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edge of the forest-tundra transition zone with tundra vegetation dominating much of the 

upland areas and some shrub tundra and sparse black spruce (Picea mariana) forest on 

moister hillslopes and in the valley bottoms (Neumann and Marsh 1998). 
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Figure 3.1: DEM showing TVC and surrounding areas (Box A indicates the area of 
earliest snowmelt). 

Studies have shown that the end-of-winter snow cover in TVC is highly variable 

due to redistribution of snow during blowing snow events (Essery eta/. 1999, Pomeroy 

eta/. 1997). Pomeroy eta/. (1997) show SWE varying from 54 to 419% of measured 

snow fall for the end-of-winter snowpack of 1993. Snowmelt in the region usually 

occurs during May and June. In the spring of 1999 snowmelt started around May 5 as 

63 



daytime temperature rose above the freezing point. The snow covered area (SCA) 

throughout the spring of 1999 was determined for TVC and surrounding area from three 

SPOT satellite images, with SCA declining from 79% on May 23 to 39% on May 28. 

The last image on June 10 showed a SCA of2.5% (Neumann 2000). 
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Figure 3.2: Shaded relief map ofTVC and surrounding areas (Illumination angle is 

located at azimuth of 315° and at elevation of 30°). 

Two permanent observing stations recording meteorological conditions, including 

incoming global and diffuse (only at one of the stations) short wave radiation are situated 

in the basin. In order to carry out the radiation modelling, aDEM showing an area of 18 

by 15 km around TVC was used, with the complete DEM consisting of 168,750 grid 
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cells with a resolution of 40 m. This DEM was obtained by digitizing 1:50,000 National 

Topographic Survey maps. 

3.3 Methods 

The model simulating topographical effects on incident solar radiation was run for 

each hour from sunrise to sunset for 33 days from May 5 to June 6 1999 and subse

quently for the same time period in 1998 and 2001. The sun is above the horizon for 18 

hours from May 5 until May 15, 20 hours until May 24, 22 hours until May 27, and 24 

hours after that date. 

3.3.1. Description of the Radiation Model 

The radiation model used in this paper largely follows an approach outlined by 

Ranzi and Rosso (1991), and was implemented in the GIS package PCI. The first step in 

the modelling process is the calculation of solar elevation, zenith [s(t)] and azimuth 

angles from geographical location, date, and solar time. These angles are used to deter

mine the theoretical amount of solar radiation reaching a horizontal plane at the Earth's 

surface under clear sky conditions followed by a consideration of topographic effects and 

cloudy sky conditions. 
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3.3 .1.1 Clear sky horizontal plane radiation 

Direct clear sky radiation Rc is computed by 

~ = 10 exp (- T I cos s(t)) cos s(t) (3.1) 

where 10 is the extraterrestrial irradiance and T is the optical depth of the atmosphere. ~ 

can be calculated from 

(3.2) 

with lsc being the solar constant (1367 Wlm2) and E the eccentricity correction account

ing for the change in distance between earth and sun during the year (Iqbal1983). The 

optical depth T in eq .1 accounts for atmospheric absorption and scattering processes. 

Since the number of absorbers and scatterers change with height, T was adjusted for ele

vation differences in the model area. This, however, lead to only minimal variations in T 

(within 1.5%) due to the low elevation range in the study area. 

Clear sky diffuse radiation D c is computed from 

De= K 10 cos s(t) [1 - exp (- T I cos s(t))] (3.3) 
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where K is a dimensionless diffusion parameter. Due to the difficulties in measuring T 

and K with standard meteorological stations, values of0.23 at a reference elevation of75 

m and 0.3 respectively were determined as best fit parameters from regression analyses 

comparing model outputs with measured data on clear days. These values are very close 

to those reported in other studies (Dubayah et al. 1990, Ranzi and Rosso 1995). 

Total clear sky incoming solar radiation Gc incident on a horizontal plane at the 

surface can then be calculated from 

(3.4) 

3.3.1.2 Cloudy sky horizontal plane radiation 

Cloud cover, expressed as a cloudiness index di, is assessed by comparing the 

theoretical values of Gc (from eq. 3.4 for clear sky conditions) against observed incom

ing solar radiation G
0

• A lower threshold for solar radiation penetrating a completely 

cloudy sky is set by multiplying Gc with a transmissivity coefficient T co· Male and 

Granger (1981) suggested using a Teo of0.22 for a 8/8 stratocumulus cloud cover. For Go 

lower than this threshold, ~ reaches its maximum of 1 and radiation is considered to be 

completely diffuse. A linear relationship is formulated for all other cases so that 

(3.5) 
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Go is then partitioned into modelled direct~ and diffuse Dm (Ranzi and Rosso 1991) 

from 

D = (1- d.) D +A. G m t c "'i o (3.6) 

0 =G -D .a.'m o m (3.7) 

3.3.1.3 Topographic effects on surface radiation 

The amount of incident solar radiation for a given grid cell of aDEM is affected 

by: 

(a) whether the grid cell is shadowed by adjacent terrain or the slope itself, and 

(b) by the slope and aspect of the grid cell in relation to the solar angles. 

In the model, every grid cell is checked at each time step for shadowing effects with 

shadowed grid cells only receiving the modelled diffuse radiation Dm values, which vary 

slightly with elevation due to the varying T. The amount of direct solar radiation, which 

non-shadowed grid cells receive in addition to that, is determined from slope and aspect 

of each grid cell and from respective solar angles using standard geometric calculations 

(Tian et al.2001, Bloeschl 1991). Slope and aspect of a given grid cell is determined 

from the elevation difference to its 8 nearest neighbours in the DEM. Other effects of 

adjacent terrain features on diffuse radiation (i.e. obstructed sky-view and reflected 

radiation) were not considered in this study due to the gentle topography ofthe study 

area. 
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3.4 Results 

3.4.1 Model Validation 

Simulated values for hourly incoming clear sky global radiation Gc were compared 

to measured values of G0 at two sites in TVC for several cloud-free days during the melt 

period. An average of the two sites was used to minimize instrumentation errors and to 

provide an area wide average. Topographically, both stations were situated on com

pletely flat and open terrain. The modelled radiation differed from measured radiation by 

as much as +/- 80 W/m2 (Fig 3.3) probably due to the occurrence of thin clouds and 

slight short term variations of T and K. Overall, model results correlated very well with 

measured data (R = 0.98, R2 = 0.95). This good relationship is not unexpected since the 

modelled data was 'forced' to fit clear-sky observed values through the parameters T in 

eq. 3.1 and Kin eq. 3.3. However, it does indicate that this simple approach for estimat

ing incoming clear sky solar radiation is reasonable, and that large changes in T and K 

did not occur over the study period. 
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Figure 3.3: Hourly values of modelled (Gc) vs. observed incoming (Go) clear sky global 
radiation for 5 clear days (May 10, 13, 22, 27, and June 8) during the spring of 
1999. 

Model predictions of incoming hourly diffuse radiation (Dm) were checked against 

measured values for multiple days with a wide variety of cloud conditions. These values 

were not used in the model calibration. The model seemed to slightly overestimate Dm 

on cloud-free days, while slightly lower than observed values were apparent for cloudy 

days. Days with variable cloud conditions were predicted fairly well (Fig. 3.4). The over-

all correlation for hourly values of Dm for 12 randomly selected days had an R of 0.93 

(R2 = 0.86) with a standard error of the estimate of26.2 W/m2. (Fig. 3.5) This shows that 

the entire model simulation is working well, as values of diffuse irradiation under vary-

ing cloud conditions are often very difficult to simulate accurately (Dubayah and Rich 

1995). 
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Figure 3.4: Modelled (Dm) vs. observed diffuse radiation on May 30 including 
cloudiness index. 
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Figure 3.5: Hourly values of modelled (Dm) vs. observed incoming diffuse radiation for 

cloud conditions ranging from clear to fully cloud covered (12 days). 
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3.4.2 Spatial Variability in Radiation 

Figure 3.6 shows maps of distributed hourly incident solar radiation for May 27 

which was a clear day. In the early morning (Fig. 3.6 a) large shadowed areas can be seen 

to the west of ridges (see Fig. 3.1, 3.2), while peak radiation occurs on north-east facing 

slopes. By midday, south facing slopes receive maximum radiation inputs (Fig. 3.6 b) 

and only a very small fraction of the area is shadowed due to the high sun angle and 

fairly low topography of the study region. Figure 3.6 c shows afternoon conditions with 

increased radiation values on south-west to west facing slopes and shadows reappearing 

as the sun elevation angle decreases. The respective distributions of incident solar radia

tion values are shown in Figure 3. 7 along with the histograms of incident radiation for a 

fully cloudy day (May 31 ). 

The range of values is in excess of plus or minus 100 W 1m2
, with the modal class 

increasing from near 200 W/m2 at 04:00 to 710 W/m2 at 12:00 and then decreasing to 

550 W/m2 at 16:00. These values are very close to measured or modelled values of 

global radiation for horizontal surfaces which is expected for all basins that are suffi

ciently large compared to the topographic variability. However, for smaller sub-basins 

with dominant slope directions, basin wide average global radiation may be considerably 

different from that observed for a plane surface. 
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(a) 04:00; Solar Elevation= 9.8o, Solar Azimuth= 54.90 

(b) 12:00, Elevation = 42.50, Azimuth =180.00 

(c) 16:00. Elevation= 30.40, Azimuth= 249.40 
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Figure 3.6: Modelled incident global radiation in W/m2 for May 27. (All times shown in 
solar time, Sky conditions clear throughout di =0). 
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Figure 3.7: Histograms of incident global solar radiation for May 27 and May 31. (All 
times shown in solar time. Sky conditions on May 27 clear throughout (di = 0), 

completely cloudy on May 31 ( di = 1.0). 
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Table 3.1 shows examples for hourly model outputs, including mean values and 

variability over the model domain for five days with varying cloud conditions. May 31 

was completely cloudy, May 1 7 was mostly overcast, May 19 had variable clouds with 

sunny periods in the afternoon, while May 21 and May 27 were clear and sunny. The re

sults show that the variability within the model domain is dependent on the amount of 

cloud cover and on solar elevation angles. Topographic control is greatest on clear days, 

since much of the incident global radiation arrives as direct radiation which is more 

sensitive to differences in slope and aspect. Increasing cloud cover resulted in much 

higher relative contributions of evenly distributed diffuse radiation to overall global ra

diation and therefore decreased variability. Similar trends were reported by Munro and 

Young (1982). 

These results indicate that melt rates are dependent on cloud conditions. On cloudy 

days overall contribution of solar radiation to snowmelt is generally lower but large areas 

of the basin will have fairly even melt rates. On clear days melt rates will varies greatly 

throughout the basin potentially leading to a more variable meltwater release. Figure 3.8 

shows the average incident solar radiation and the resulting melt rates (assuming an 

albedo of 0. 7), for east, south, west, and north facing slopes greater than 8° as well as for 

flat areas for a cloud free day (May 27). Also shown is the (hypothetical) diffuse radia

tion that would be transferred evenly to the surface for a completely cloudy day ( di = 

1.0). This graph shows the importance of terrain for timing and magnitude of melt. 
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Table 3.1: Hourly values of incident solar radiation, range, standard deviations (S), and 
cloudiness index ( di) for four days with different cloud conditions. 

Date Hour Mean Range s s di 

W/m2 W/m2 %of 
mean 

600 66 0.3 0.01 0.0 1 
900 128 1 0.04 0.0 1 

31-May 1200 184 2 0.36 0.2 1 
1500 150 6 0.21 0.1 0.98 
1800 80 1 0.06 0.1 0.98 

600 102 17 1 0.9 0.75 
900 276 106 5 1.6 0.64 

17-May 1200 354 139 5 1.4 0.61 
1500 298 133 5 1.8 0.58 
1800 133 58 3 2.3 0.59 

600 137 56 3 2.2 0.57 
900 358 219 9 2.6 0.44 

19-May 1200 489 334 12 2.4 0.36 
1500 413 324 13 3.1 0.32 
1800 177 142 8 4.3 0.36 

600 327 534 29 8.9 0 
900 561 686 28 5.1 0 

21-May 1200 640 646 23 3.6 0.08 
1500 533 614 24 4.4 0.03 
1800 266 426 23 8.5 0 

400 198 587 45 22.7 0 
800 515 752 43 8.4 0 

27-May 1200 706 838 40 5.7 0 
1600 541 825 44 8.2 0 
2000 155 451 35 22.6 0 
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Figure 3.8: Incident solar radiation and resulting melt rates for hillslopes over 8° at 
different aspects and (theoretical) diffuse radiation for completely cloudy day. 

As expected, south facing slopes show the highest average daily melt rates. Con-

versely, north facing slopes actually have the highest melt rates in the early morning and 

late evening hours due to the long daylight hours at this latitude. Furthermore, although 

west and east facing slopes have fairly similar accumulated daily solar irradiation values, 

their daily melt rates can be quite different. West facing slopes receive maximum solar 

radiation about 6 hours later during the afternoon hours coinciding with the highest daily 

air temperatures. Additionally, any night-time radiative energy loss of the snow cover 

has generally been erased by this time often leading to much higher melt rates on west 

facing compared to east facing slopes (Hinzman et a/. 1992). 
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Prior to the snow cover being isothermal, the energy differences evident in Figure 

3.8 will lead to differences in the timing of snowpack ripening. Snow covers of basins 

that are frequently cloud covered during early snowmelt period will ripen slower but 

more evenly across the basin, leading to a sharper meltwater runoff curve once runoff 

has been initiated. Mostly sunny conditions during early melt will cause considerable dif

ferences as to when different areas of the basin start to contribute to snowmelt runoff, 

resulting in an earlier but more drawn out hydrograph. 

As mentioned earlier, the model was run for the same time period in 1998 and 

2001. Figure 3.9 shows average hourly cloudiness indices over the three modelled spring 

melt periods. It becomes evident that there is a clear diurnal trend in the cloudiness 

which can be attributed mainly to the frequent development of night time inversions over 

melting snow covers (Martin and Lejeune 1998). The increased amount of clouds during 

the morning hours further enhances differences in melt rates between east and west fac

ing slopes, as maximum solar irradiation on east facing slopes coincides with times of 

above average cloudiness, while west facing slopes receive maximum contributions of 

solar radiation during the less cloudy afternoon hours. 

For all three years modelled, hourly maps of distributed incident solar radiation 

were added together to obtain cumulative values expressed in MJ/m2• Table 3.2 shows 

the radiation statistics for three sub-periods as well as for the total study period of the 

three years. The difference in mean accumulated radiation between the years can be at

tributed to varying cloud conditions. Also shown are the relative contributions of diffuse 

radiation to overall incoming solar radiation. The amount of diffuse radiation received by 

the snow cover is crucial for snowmelt studies, as it provides an estimate of minimum 
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melt rates due to solar radiation in perpetually shadowed areas on steep north facing 

slopes and in deeply incised river valleys. 

0,5 

0,4 

s-
>< 
Q) 
"0 0,3 
.E 
C/l 
C/l 
Q) 

.5 0,2 
"0 
::I 
0 
u 

0,1 

0,0 
0 2 4 6 8 10 12 14 16 18 20 22 24 

Hour 

Figure 3.9: Average hourly cloudiness index (di) for three years of modelling. 

Over the three model periods almost half of the solar radiation incident on the 

snow cover was diffuse. The highest relative diffuse contributions were observed, as ex-

pected, on completely cloudy days like May 31, 1999 (see Table 3.1), when 98% of in-

coming solar radiation was diffuse. The highest absolute values of incoming diffuse 

radiation were computed on partially cloudy days with cloudiness indices ranging from 

about 0.4 to 0.65. While increasing cloudiness increases both scattering and diffusion, 

thereby increasing the amount of diffuse radiation, clouds also reduce the overall quan-

tity of incoming solar radiation by reducing the radiation amount available for scattering 

and diffusion (Granger and Gray 1990). As a result, snow covered basins have more 

evenly distributed melt rates on partially cloudy days. This may in effect lead to higher 

overall melt runoff volumes, compared to clear days, as potentially large shadowed areas 
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(depending on the topography of the basin) contribute larger amounts of meltwater to 

runoff. Such an effect, however, could not be observed in this study due to the gentle 

relief of the study area. 

Table 3.2: Radiation model output statistics including cloudiness index di and% of 

incoming diffuse solar radiation for three 11-day periods and the total modelling 
period May 5- June 6) for three years of modelling. 

Date 

May 5- May 15 
May 16- May 26 
May 27- June 6 

May 5- June 6 

May 5- May 15 
May 16- May 26 
May 27- June 6 

May 5- June 6 

May 5- May 15 
May 16- May 26 
May 27- June 6 

May 5- June 6 

Mean S 
MJ/m2 MJ/m2 

191 
216 
227 

634 

202 
227 
225 

654 

209 
224 
241 

673 

3.3 
3.3 
3.1 

9.7 

3.5 
2.9 
2.9 

9.2 

4.1 
3.0 
3.2 

10.2 
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2S 
MJ/m2 

1998 

13.3 
13.4 
12.4 

38.7 

1999 

14.0 
11.5 
11.8 

37.0 

2001 

16.3 
12.2 
12.7 

40.9 

di 
avg 

0.33 
0.33 
0.36 

0.34 

0.28 
0.29 
0.37 

0.32 

0.25 
0.30 
0.31 

0.28 

diffuse 
% 

50.0 
49.2 
51.6 

50.2 

45.1 
45.5 
52.2 

47.6 

42.1 
46.3 
46.7 

45.1 



The variability of total incident solar radiation was fairly constant for the three 

years indicating that there is little inter-annual change in the spatial distribution of radia

tion due to topographic effects. Dubayah (1994) also found very similar variabilities for 

4 years of modelling incident solar radiation in the much more rugged Rio Grande River 

basin. Intra-annually, the variability generally decreased slightly throughout the melt sea

son due to increasing solar elevation angles. 

Over the entire study period, highest radiation values were located on steep south 

facing slopes (Figure 3.1 Oa), while slopes with an easterly or westerly aspect received 

radiation amounts that were fairly close to the overall area wide mean. To better assess 

the importance of the obtained small-scale variabilities, amounts of potential snowmelt 

over the spring assuming a ripe snow cover were calculated. Net solar radiation was 

computed using a measured average (over the melt period) albedo of 0.65 for the snow 

cover. Areas within the entire model domain at opposite ends of the 2 standard deviation 

(S) radiation range around the mean differ in their incident radiation amounts from 635 

MJ/m2 to 672 MJ/m2leading to a difference of 13 MJ/m2 in net solar energy absorbed by 

the snow cover and therefore available for snowmelt. This would translate to a difference 

of 39 mm SWE for these locations. The differences are even greater within the study 

basin of TVC, where locations at opposite ends of the 2 S range around the mean would 

differ in their potential melt by 53 mm SWE. One S would still lead to a difference of 10 

mm (13 mm within TVC). Considering that the average end-of-winter SWE for open 

tundra areas typically varies from about 50 to 120 mm SWE, these differences in poten

tial melt have considerable implications for the development of a patchy snow cover as 

well as for the timing and volume of meltwater release. 
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Figure 3.10: Spatially distributed incident solar radiation over entire model period and 
resulting differences in potential snowmelt for (a) 40 by 40 m DEMand (b) for 
resampled DEM (400 by 400 m) 
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Figure 3.11 : Histogram for total incident solar radiation as difference from the mean 
over entire model period for (a) 40 by 40 m DEMand (b) for resampled DEM (400 by 
400m) 
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3.4.3 Effect of Changing Scales 

To assess the effects of changing resolutions on model results, the DEM was 

resampled at spacings of 120, 200, and 400 m. The resulting distributions of elevation 

and aspect remained virtually unchanged. However, there were large changes in slope 

values (Table 3.3), as mean and maximum slope as well as the standard deviation 

decreased considerably with decreasing resolution. 

Table 3.3: Distribution of slopes in DEM's of different resolution. 

Resolution 40m 120m 200m 400m 

MeanSL 2.6° 2.3 0 2.1° 1.80 

Max. SL 32.2° 16.8 ° 12.9° 6.1° 
S ofSL 2.5 ° 2.0° 1.60 1.00 

The model was run for the three additional grid resolutions for the spring of 1999. 

Hourly and overall area wide mean radiation was similar for all resolutions; however, the 

variability within the model domain decreased greatly (Table 3.4). Figures 3.10a and b 

show the accumulated spatially distributed values of incident solar radiation for two 

model scales (40 and 400 m). Figures 3.11a and b show the histograms illustrating the 

loss of information on spatial variability as model resolution increases. The effect of 

changing scales on snowmelt can be seen by comparing potential snowmelt values for 
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locations at opposite ends of the 2 S range around the mean for the different resolutions. 

The difference reduces from 39 mm for the 40 m resolution, to 33 mm for 120m, 28 mm 

for 200 m, and 18 mm for 400 m. 

Table 3.4: Statistics for total modelled spatially distributed incident solar radiation for 4 
different resolutions for entire model period (33 days), ("Basin" values are 
measured data from Main Met Station) 

Resolution Mean Range s s 2S 2S s 
Dubayah 

o/o of o/o of equation 
MJ/m2 MJ/m2 MJ/m2 mean MJ/m2 mean MJ/m2 

40m 654 317 9.2 1.4 38.8 5.9 
120m 654 87 7.3 1.1 32.2 4.9 7.2 
200m 654 61 6.0 0.9 26.3 4.0 5.9 
400m 654 32 4.2 0.6 17.3 2.7 4.4 
Basin 655 0 0 0 0 0 

Dubayah et al. (1990) show that the differences in spatial variability of incident 

solar radiation resulting from changing modelling scales should be linearly proportional 

to sin2 SL within geographical regions, where SL is the average slope of the region de-

pendent on the model resolution. The formula was derived from considerations of direct 

clear sky radiation and theoretical constant terrain slope. Dubayah and van Katwijk 

(1992) demonstrated that the relationship also applies to incident solar radiation on real 

terrain for longer time periods with comparable average cloud conditions. The results 

shown in Table 3.4 indicate that the S as a measure of variability calculated for the 3 

additional DEM resolutions with this formula, agree well with those found from the 

simulations for our study area. This indicates that it might be possible to determine the 
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effects of varying model scale on spatial variabilities from mean average basin slope for 

each DEM resolution after having run the complete model for at least one resolution. 

However, this approach does not provide any information on the location of higher or 

lower than average energy fluxes within the model domain and the apparent shift of 

these locations with changing scales. 

The results of the present study show that low radiation locations were greatly af

fected by changing model scales (Fig. 3.1 Oa and b). As grid sizes increased, the number 

of shadowed grid cells for a particular solar elevation angle decreased rapidly. Areas that 

are no longer shadowed receive significant additional amounts of direct radiation and are 

therefore much closer to the average radiation values. In contrast, high radiation areas 

received less radiation with larger grid sizes due to reduced slope gradients. However, 

this effect was not as pronounced. A comparison of Figure 1 Oa to Figure 1 Ob shows that 

a change in scale from 40 to 400 m greatly affects the location of extreme high and low 

radiation areas. Many of the highest accumulated radiation values for the 40 m spacings 

were located on short steep south facing slopes in TVC. These short slopes are not repre

sented accurately at larger model scales, resulting in a shift of maximum radiation loca

tions to parts of the basin characterized by longer but less steep slopes. 

3.4.4. Absorbed and Reflected Radiation 

The effects of varying model scale on simulated absorbed and reflected solar radia

tion, and therefore on overall surface radiation fluxes were assessed for two days during 

the spring of 1999 for which satellite images were available (May 23 and May 28). Grid 
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cells were designated to be snow covered or snow free at a 10 m resolution and were 

assigned albedos of 0.7 and 0.2 respectively. The obtained spatially distributed albedo 

values were aggregated to match model resolutions and multiplied with daily distributed 

values of incident solar radiation from the model runs. Figure 3.12 shows the obtained 

map of absorbed solar radiation for May 28 for a resolution of 40 m. The map shows the 

extreme patchiness of the melting snow cover and the resulting large differences in the 

amount of absorbed short-wave radiation over short distances. Table 3.5 shows the mean 

and the standard deviation for the 4 different resolutions. Again, a greatly reduced vari-

ability can be observed for larger model resolutions with the 400 m resolution showing a 

decrease inS of about 43% compared to the 40 m resolution. 

76271 

76251 

76231 

76191 

76171 

Figure 3.12 Absorbed solar radiation in MJ/m2 for May 28. (Grid cells are 40 by 40 m). 
(No SPOT image was available for the blank area in the NW portion of the study 
area). 
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Table 3.5: Statistics of spatially distributed reflected and absorbed solar radiation for 4 
different resolutions 

23-May 28-M~y 

Resolution Mean s Mean s Mean s Mean s 
absorbed %of reflected %of absorbed %of reflected %of 

MJ/m2 Mean MJ/m2 mean MJ/m2 mean MJ/m2 mean 

40m 10.2 41.8 14.3 29.8 16.1 33.6 10.3 52.8 
120m 10.2 32.4 14.3 23.1 16.1 26.6 10.3 41.7 
200m 10.2 28.1 14.3 20.1 16.2 23.1 10.3 36.2 
400m 10.2 23.4 14.3 16.8 16.2 18.8 10.3 29.6 

3.5 Discussion 

Snowmelt is generally initiated at the top of a snow cover. As the meltwater perco-

lates through the snowpack, two distinct wetting fronts are formed with a faster moving 

finger front advancing ahead of a background front (Marsh and Pomeroy 1996). The pro-

gress of the wetting fronts through the snowpack depends on initial snow depths and 

melt rates. The parts of a basin that contribute earliest to runoff are usually characterized 

by high melt rates and low end-of-winter snow depths. An example of such an area 

within TVC is shown in Figures 3.1 and 3.6a ,b ,and cas box A. This location is close to 

the main channel and has steep west facing slopes. The dominant north-westerly winter 

winds of TVC typically lead to a lower than average end-of-winter snow cover for these 

slopes due to snow erosion during blowing snow events. This is combined with above 

average melt rates for westerly slopes due to higher than average late afternoon radiation 
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(Fig. 3.6c) coinciding with the late afternoon maximum of daily air temperatures 

(Hinzman et. al. 1992). Consequently, the wetting fronts progress rapidly, quickly reach

ing the underlying ground surface and the area usually contributes to runoff earliest. Due 

to the proximity to the main channel, this location is often the first area where sufficient 

meltwater accumulates in the channel to initiate streamflow. If mean values of both snow 

depth and radiative melt energy were used, it would be difficult to explain this occur

rence and to simulate the date of runoff initiation accurately. 

The spatial differences in incident radiation also affect runoff producing mecha

nisms. Once the ground has become bare large amounts of solar energy are absorbed, 

leading to the rapid development of a thawed layer at the top of frozen soils. This proc

ess proceeds more quickly in areas of above average solar radiation input as these areas 

tend to become bare earlier and continue to receive increased amounts of energy. A study 

by Quinton and Marsh (1999) showed that much of the hillslope runoff in arctic land

scapes is generated through the upper peat layers. Hydraulic conductivities decrease 

rapidly as the thawed layer deepens and the water table recedes into less permeable soil 

layers. This means that areas of above average solar radiation contribute earlier to snow

melt runoff, but subsequently might become cut off from the hydrologic network sooner 

as observed for south facing slopes by Carey and Woo (1999). It becomes evident that 

differences in solar radiation play an important role in determining the runoff producing 

areas of a basin, the quantities of meltwater released from these areas, and the pace with 

which they reach the channel network. It is, therefore, important for hydrological snow

melt-runoff models to include a spatially variable solar radiation input, especially since 

many of these models are based on the principle of varying runoff source areas. 
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It would also be beneficial for such models to include a division of incident solar 

radiation into its direct and diffuse parts, as diffuse radiation determines the minimum 

amount of solar radiation available for warming and subsequent melting of the snowpack 

in all parts of the basin. In fact, it might be possible to create a simple, quasi distributed, 

snowmelt energy model by first calculating or modelling diffuse and direct radiation 

amounts. Diffuse amounts could be applied evenly to entire basins, while time dependent 

scaling factors could be used to distribute direct solar radiation on slopes of different 

steepness and aspect. The topography of the basin and the accuracy needed for the spe

cific application would determine how many slope and aspect classes would have to be 

considered. 

Land surface schemes (LSS), regional climate models and numerical weather 

prediction models often operate at scales that would treat the model area of this study ( 18 

by 15 km) as a single grid box. It is, therefore, useful to look at how spatial distribution 

of solar radiation could be adequately represented in these models. The snow hydrology 

algorithms of some LSS treat individual grid boxes as either fully snow covered or com

pletely bare. This assumption can lead to large errors in the surface energy balance dur

ing snowmelt in arctic catchments. This can be illustrated by an analysis of absorbed and 

reflected solar radiation for two days during the 1999 melt period. On May 23, 10.2 

MJ/m2 of solar radiation were absorbed over the entire day by the surface while 14.3 

MJ/m2 were reflected back to the atmosphere (for a model resolution of 40 m). The SCA 

for that day was 79% and the area would have been classified as snow covered by a LSS. 

Assuming an albedo of 0. 7 the LSS would calculate values for absorbed and reflected 

solar radiation of7.3 MJ/m2 and 17.1 MJ/m2 respectively for May 23. The SCA dropped 
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to 39% for May 28 and, consequently, the area would have been classified as snow free. 

Assuming an albedo of 0.2 for bare ground, modelled values for absorbed and reflected 

short wave radiation would have been computed to be 21.1 MJ/m2 and 5.3 MJ/m2 re

spectively compared to 16.1 MJ/m2 and 10.3 MJ/m2 calculated from the small-scale 

analysis of this study {Table 3.5). These differences could have serious impacts on the 

models ability to accurately simulate atmospheric processes. In fact, grid boxes in LSS 

are often around 25 km in resolution. The comparison of small scale ( 40m) versus large 

scale (25 km) model results shows the considerable differences in absolute values of 

absorbed and reflected solar radiation over these grid squares. On May 23, a large scale 

LSS would simulate a reflected solar radiation of 4.3 * 108 MJ or about 7 * 107 MJ more 

than the small scale simulation used in this study. Consequently, absorbed solar radiation 

would be under predicted by a LSS by that amount. On May 28, a LSS would assume the 

reflected solar radiation to be 1.25 * 1 os MJ lower than in the small scale model simula

tion. This demonstrates that at the very least a sub-grid parameterization describing the 

approximate SCA for each individual grid box should be included in the LSS of atmos

pheric models. 

After determining the snow covered and snow free fraction of each grid box a 

common approach of LSS is to lump those areas together into "tiles" (Claussen 1991). 

The radiative surface energy balance is computed separately for the snow and no-snow 

tile and weighted according to their respective fractional coverage to calculate an overall 

mean for the entire grid box. This study shows that while a considerable amount of vari

ability is lost as the resolution increases, the basin-wide means of incident, absorbed, and 

reflected solar radiation stayed fairly constant throughout. Since there are no apparent 
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edge effects or interactions in the radiative processes between snow covered and snow 

free areas, the tile model approach should work for the solar radiation part of the snow

melt energy balance. However, it might not be able to adequately handle other important 

parts of this energy balance, especially the turbulent fluxes of sensible and latent heat 

(Lhomme eta/. 1994, Essery 1997, Marsh et al. 1999). 

3.6 Conclusions 

A modelling approach is presented to simulate small-scale variabilities of incident 

solar radiation as a result of topography. ADEM and incoming global short wave radia

tion data is needed to run the model. Modelled results of incoming global and diffuse 

short wave radiation agreed fairly well with point measurements made within the model 

domain. 

The model was run for 33 days during the springs of 1998, 1999, and 2001 on an 

hourly basis from sunrise to sunset. Maximum variability was found for clear sky days, 

especially during hours with low solar elevation angles in the morning and evening. An 

increasing cloud cover reduced variability throughout the model domain. Diffuse radia

tion amounts increased with increasing cloudiness up to cloudiness indices of about 

0.65. Days with higher cloudiness indices showed higher relative but decreased absolute 

contributions of diffuse radiation. The study has shown that the calculation of incoming 

diffuse solar radiation amounts is important for studies of spatially variable snowmelt 

processes and should therefore be included as output variable in climate models. 
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Accumulated small-scale variability in solar radiation for the entire melt period, 

along with the variable end-of-winter snowpack, were shown to be important factors for 

the development of a patchy snow cover, the timing and amount of meltwater release and 

the determination of runoff-contributing areas of a basin. The area wide mean values of 

distributed incident solar radiation were very close to observed measurements at the 

basin meteorological stations. However, distributing these measured values evenly over 

the model domain would result in considerable errors in the calculations of snow melt 

rates and surface energy balance values for the steeper slopes of the basin. Over the 

model period differences of 38 MJJm2 in incident solar radiation resulting in 39 mm of 

potential snowmelt were simulated for these areas. These slopes play a crucial role for 

the hydrology and the surface energy balance of the area as they are the areas of first bare 

ground and late lying snowdrifts. This shows that small-scale spatial variability of inci

dent solar radiation is a crucial factor for key hydrological, energetic, and land surface 

atmosphere exchange processes, even in areas of relatively low relief. 

The overall spatial distribution of radiation within the model area did not show much 

inter-annual variability. This indicates that it might be possible to relate the variability of 

incident solar radiation over a study area to certain topographic terrain measures like 

mean slope and frequency distribution of slopes and aspects that are relatively easily 

available from DEM's or contour maps. The overall variability of radiation could then be 

predicted from measured or modelled point values of direct and diffuse radiation and 

certain key terrain measures. Further work in other basins with a variety of terrain types 

is needed to test this approach. 
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The model was run at four different scales ranging from a resolution of 40 to 400 

m. The area wide means did not change much for the different scales while variability 

was reduced considerably at larger scales. The reduction in overall variability could be 

related to the change in average slope. The change in scale also affected radiation 

amounts and locations of below and above average radiation areas. Spatially distributed 

net short wave radiation values were also greatly affected by the change in model scale. 

Future studies should include the running of the model for different terrain types 

and different latitudes. Furthermore, the small-scale variability of other components of 

the snowmelt energy balance will need to be addressed in order to simulate the spatial 

distribution of snowmelt in arctic basins more accurately. 
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Abstract 

Turbulent sensible and latent heat exchanges play an important role in melting 

snow covers, contributing 30 - 40% of overall melt energy with daily values reaching 

over 50% on warm, cloudy days (Morris 1989). The spatial variability of these turbulent 

fluxes across a basin and the relative importance of the differences is not well known. 

This paper specifically addresses small-scale variabilities in sensible and latent energy 

fluxes related to topographically induced wind speed variations. A simple wind model 

was used to simulate topographic effects on the surface wind field. Hourly wind observa-

tions were areally distributed by the model and used to calculate spatially variable sensi-

ble and latent turbulent heat fluxes for a small (63 km2) research catchment dominated 

by open tundra vegetation. Simulations showed that, even though the study area is char-

acterized by relatively low relief (average slope 3°), the small-scale sensible and latent 
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heat fluxes varied considerably throughout the basin. The resulting variations in snow

melt rates play an important role in the development of a patchy snow cover. Overall, 

turbulent fluxes within the research area varied by as much as 20% from the mean, 

leading to differences in potential snowmelt of up to 70 mm snow water equivalent 

(SWE) over the entire melt period. 
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4.1 Introduction 

Arctic snowpacks typically become patchy early in the melt season, with snow 

covered areas and bare ground coexisting throughout the spring. This phenomenon can 

be attributed to complex interactions between a highly variable end-of-winter snow 

cover and spatially variable snowmelt energy fluxes. The patchiness of the decaying 

snowpack further enhances the small-scale melt variability. Determining the extent and 

location of snow covered and snow free areas is crucial for predicting the quantity and 

timing of meltwater release from different parts of a basin and the energy exchange 

between the land surface and the atmosphere. 

While arctic end-of-winter snow covers are generally continuous, they are 

characterized by high SWE variability due to redistribution of snow by blowing snow 

events. Source and sink areas of blowing snow are mainly determined by topography, 

vegetation, and the wind direction of each individual blowing snow event. Blowing snow 

events also cause a significant sublimation loss of snow. Liston and Sturm (2002) and 

Pomeroy et al. (1997) report average sublimation losses over the winter period of 9 -

22% of annual snowfall during blowing snow events in arctic catchments, with much 

higher values being simulated on windward slopes. 

Spatially variable melt energy fluxes are superimposed on this variable snow cover 

leading to the quick development of a patchy snow cover. Incoming solar radiation is 

spatially distributed due to topographic effects. Studies have shown the importance of 

these small-scale variabilities for snowmelt in mountainous (Marks et al. 1999) and low 

relief areas (Hinzman et al. 1992, Pohl et al. 2004). Pohl eta/. (2004) found that small-
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scale solar radiation variabilities may lead to differences in melt of up to 50 mm SWE 

within a small arctic basin. 

Another major component of the snowmelt energy balance are turbulent fluxes of 

sensible and latent heat. Turbulent fluxes are especially important in open, wind-swept 

environments (Male and Granger 1981 ). As the air temperature increases above 0°C, the 

temperature difference between air and snow, which has a constrained surface tempera

ture, becomes positive and sensible heat fluxes are directed towards the snow cover, 

contributing to melt (Marks and Dozier 1992). Hinzman et al. (1992) note that while 

condensation is quite common over melting arctic snow covers, latent heat is mostly di

rected away from the snow surface. This evaporation leads to a significant loss of snow 

of up to 33% that can, therefore, not contribute to runoff (Eaton and Wendler 1982). 

During spring melt periods, latent heat often mirrors sensible heat, reducing the amount 

of melt energy available from turbulent fluxes. 

Turbulent fluxes further contribute to snowmelt by counteracting the nocturnal 

radiative energy loss of the snowpack, which is especially high in clear nights (Martin 

and Lejeune 1998). The turbulent fluxes to or from the surface depend strongly on at

mospheric conditions, and especially on the temperature profile. An atmosphere is con

sidered neutral when turbulence is not affected by changes in air density caused by tem

perature gradients. Under low wind conditions, however, temperature gradients can 

develop and result in an unstable or stable atmosphere. Unstable atmospheric conditions 

with warm air underlying cold air enhance turbulence and therefore increase the turbu

lent energy exchange, while stable conditions with cold air underlying warm air suppress 

turbulence. Studies have shown that temperature inversions (stable atmospheric condi-
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tions) often develop during night time over melting snow covers, resulting in reduced 

turbulent fluxes especially early in the day (Martin and Lejeune 1998). Overall, sensible 

heat input to the snowmelt energy balance can be up to twice the net radiation but is very 

often around 40% of net radiation, while contributions of latent heat can be of the same 

order as net radiation but are typically around 10% (Morris 1989). 

Turbulent fluxes can be measured with eddy covariance techniques. However, due 

to the complexities of these techniques, turbulent fluxes are commonly calculated using 

bulk aerodynamic formulae. This approach requires surface temperature information and 

observations of wind speed, air temperature, and relative humidity at at least one atmos

pheric level. Bulk transfer coefficients for momentum, heat, and water vapour are calcu

lated, initially for a neutral atmosphere, and subsequently modified to account for stable 

or unstable atmospheric conditions (Moore 1983). 

The topographic influence on airflow near the surface has been widely recognized 

in the literature. However, there have been few studies addressing how these flow varia

tions affect turbulent energy fluxes over melting snow. In fact, many spatially distributed 

snowmelt studies assume constant wind speeds over the entire model domain (Bloeschl 

et al. 1991, Hinzman et al. 1992) or distribute wind speed using linear elevation gradi

ents (Susong et al. 1999). Topographic influences on the surface wind field can be 

simulated with a wide variety of models. The most complex simulations apply a physi

cally based, fully atmospheric model or a boundary layer circulation model (e.g., Liston 

et al. 1993). Another approach is the use of an atmospheric model in which only mass 

continuity is satisfied (e.g., Ross et al. 1988). Computationally simpler methods use ob

served data to define empirical wind-topography relationships that are then employed to 
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develop a spatially variable wind field from initial point measurements (Marsh 1999, 

Liston and Sturm 1998, Purves et al. 1998). Other studies rely on utilizing meteorologi

cal stations located in representative topographical locations, and relate the observations 

to similar locations within a study area (Woo and Young 2003). 

This paper presents a study of the small-scale variability in turbulent fluxes intro

duced by wind-topography interactions and their effect on snowmelt. The results show 

that there is considerable variability present in the sensible and latent heat fluxes, even in 

the relatively gentle terrain of the study area. Interactions between wind dependent spa

tial distribution of the end-of-winter snow cover and spatially variable turbulence fluxes 

are shown and their role in the formation and disappearance of a patchy snowcover is 

discussed 

4.2 Study Area 

The study was conducted in Trail Valley Creek {TVC), a National Water Research 

Institute research basin in the Northwest Territories located at 68° 45' N, 133° 30' W. 

The area is characterized by gently rolling hills with a small percentage of deeply incised 

river valleys. Elevation ranges from 40 to 187 m.a.s.l. (Fig. 4.1) with an average eleva

tion of 99 m.a.s.l., a mean slope of 3°, and a maximum gradient reaching 33°. The region 

lies at the northern edge of the forest-tundra transition zone, with tundra vegetation 

dominating much of the upland areas, and some shrub tundra and sparse black spruce 

(Picea mariana) forest on hillslopes and in the valley bottoms (Neumann and Marsh 

1998). 
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NAD: 83 UTM Zone: 8W 

Figure 4.1: DEM of TVC and surrounding areas. Also shown are the locations of the 
four meteorological stations operating in the basin during the spring of 1999. 
TMM and TUP are long term stations, while TDS and TBG are temporary stations 
located over deep and shallow snow sites respectively. Box A denotes the field 
experiment shown in Fig. 4.3. 

The prevailing winter and spring winds in this area are from the north-west to 

north-east. The lack of winter melt I freeze cycles failing to stabilize the snow surface, in 

conjunction with frequent high wind speed events, leads to extensive snow redistribution 

due to blowing snow. Detailed studies (Essery et al. 1999, Pomeroy et al. 1997) have 

shown that snow is removed mainly from open tundra areas, and is deposited in regions 

with taller shrub and forest vegetation. Essery et al. (1999) show that snow erosion 

occurs preferentially on windward slopes while accumulation in snow drifts is greatest 
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on leeward slopes relative to the dominant winter wind directions. Overall, drift areas 

cover about 8% of TVC (Marsh and Pomeroy 1996). Snow redistribution leads to a 

highly variable end-of-winter snowpack in TVC. For example, in 1993 SWE expressed 

as a % of annual measured snowfall varied from 54% for tundra areas to 180% for areas 

of taller shrub and forest vegetation, to 419% for drifts (Pomeroy et al. 1997). 

Snowmelt in the study region typically occurs in May and June. The present study 

was conducted from early March to early June 1998 and 1999 as part of the Mackenzie 

GEWEX Study I Canadian GEWEX Enhanced Study (MAGS/CAGES) program. Two 

permanent meteorological stations were situated in the basin (TMM and TUP). Wind 

speed was also observed at two additional temporary met stations within the basin (TOS 

and TBG) (Fig. 4.1). A digital elevation model (OEM) of a 14 by 12 km area that in

cludes TVC was used to model the topographic effects on surface winds. The OEM, 

consisting of 105,000 grid cells with a grid increment of 40 by 40 m, was obtained by 

digitising 1:50,000 National Topographic Survey Maps. 

4.3 Methods and Field Observations 

4.3.1 Model Description 

Two models were considered in the present study to simulate topographic influ

ences on the surface wind field. The MS30JH/3R model developed by Walmsley and 

Taylor (Walmsley et al. 1982, 1986, Taylor et al. 1983) represents a moderately complex 

windflow model. It is a linear model developed from theoretical analysis of neutrally 
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stratified boundary-layer flow over low hills. This model was used by Essery et al. 

(1999) to drive a distributed blowing snow model for TVC. Essery (2001) notes that 

despite its linearity, the model is still computationally demanding, especially when 

applied to large areas at high resolutions. A simpler approach was introduced by Liston 

and Sturm (1998). This "Liston model" uses point wind speed and wind direction obser

vations in conjunction with empirical wind-topography relationships. Observed wind 

speeds and directions in the model domain are interpolated to the model grid and subse

quently multiplied with empirically based wind weighting factors (WWF) to account for 

topographic variations. The model also includes an algorithm (Ryan 1977) to modify the 

initial wind direction. However, due to the relatively gentle nature of the study area this 

yielded a maximum deviation of only 6°. Thus, a constant wind direction will be 

assumed for the remainder of this paper. 

In the present study, we use results from Essery et al. (1999) based on the 

Walmsley- Taylor model to set the empirical parameters needed for the Liston model 

(Liston and Sturm 1998) which is subsequently used to derive the WWF needed to drive 

the energy balance calculations. The Liston model is used to optimise computational 

efficiency over our high resolution domain, while retaining as much information on spa

tial variability as possible. In addition, the simplicity of the Liston model in representing 

a spatially distributed surface wind field makes it easily applicable to other sites for use 

in a variety of modelling studies. The model uses a high resolution DEM to calculate to

pographic slope and curvature factors for each grid cell with respect to an observed wind 

direction. The model reduces wind speeds on leeward slopes, while accelerating winds 

on windward slopes. It further assumes that convex slopes experience higher wind 
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speeds, while wind speeds are decreased over concave slopes. Accordingly, the lowest 

wind speeds are found on leeward concave slopes while the highest wind speeds are 

simulated on steep convex windward slopes. WWF are determined for each individual 

grid cell, and are dependent on wind direction from the computed slope and curvature 

factors (Os, Oc) and additional empirical weighting factors (ys, Yc) from the equation 

(Liston and Sturm 1998): 

WWF = 1.0 + ysOs + Yc Oc (4.1) 

The empirical factors ( y s = 1 and y c = 3) were chosen for the present study such 

that curvature and slope exert approximately the same influence on WWF and that WWF 

close to ones simulated for the area by the MS3DJH/3R model were computed. Figure 

4.2 shows the WWF for TVC for a wind direction of 45°. A distributed wind field is 

subsequently determined by multiplying an initially uniform, observed point wind speed 

from a met station within the model domain (at a location with WWF of 1.0) by the 

computed WWF for the respective observed wind direction. 
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Figure 4.2: Wind weighting factors for the DEM for a wind direction of 45°. Box A 
indicates location of the anemometer experiment in 2002 (see Fig 4.3). 

4.3.2 Field Observations 

To test the wind models, a field experiment was conducted in TVC to study the 

airflow around a low hill during the spring and summer of 2002. Six cup-anemometers 

with wind vanes were placed on a hill in the north-western part of the basin (Figure 4.1 ). 

Figure 4.3 shows the anemometer locations and the WWF for the hill slope study site for 

a wind direction of 45°. Table 4.1 gives additional information on the placement of the 

anemometers. The data, averaged over 15 minute intervals, was divided into a mostly 
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snow covered (May 1 to June 1) and a mostly snow free period (June 2 to Sep 7), in 

order to separate the data by surface roughness (i.e., snow/no snow). The snow cover 

during the May period leads to a relatively uniform surface roughness at all locations. 

The summer ground surface at the study site is characterized by low tundra vegetation 

except around station 5 which was located near some low shrubs. The locations were 

chosen to represent a wide range of topographic settings including: station 1 on the hill-

top; station 2 on the upper reaches of the north facing hill slope; stations 3, 4, and 6 at 

the bottom of the hillslopes facing north, east, and west, respectively, with 3 in a east-

west running valley while 4 and 6 had open flat fetches to the east and west; and station 

5 on the middle part of the south facing slope (Fig. 4.3). 

Figure 4.3: Instrumented hill with anemometer locations. Also shown are modelled wind 

weighting factors for a wind direction of 45° (Topographic contour Interval 
=10m). 

109 



Table 4.1: Location of anemometers 2-6 in relation to anemometer 1 (situated on hilltop) 

Horizontal Elevation Compass 
Distance Difference Heading 

m m deg 
Station 2 145 4.2 6 
Station 3 584 31.0 9 
Station 4 654 54.8 89 
Station 5 604 29.4 179 
Station 6 455 21.9 266 

The observed wind data were grouped into the 8 principal wind directions ( N, NE, 

E etc.). To study and compare wind speeds at each location, wind speed ratios (WSR = 

wind speed at station X I wind speed at station 1) were calculated for each site and each 

wind direction. The WSR for all anemometers and each wind direction for spring and 

summer periods are shown in Table 4.2. 

On average, the highest wind speeds were observed on the hilltop for all wind 

directions. The results clearly show a pronounced windward-leeward effect around the 

hill. Wind speeds at station 2 were almost equal to the hillcrest location for northerly and 

north-easterly winds while being 10% lower for southerly and south-westerly winds. 

This shows that even locations in close proximity to the hilltop and with a relatively 

small elevation drop exhibit clear windward leeward differences. This effect is even 

more pronounced for station 5 located in the middle of the south facing hill slope. Here 

WSR for southerly to south-easterly winds are close to 1.0, while northerly to north-

westerly winds had WSR of approximately 0.8. Wind speeds around the bottom of the 

hill are generally much lower than at the top while still showing strong windward lee-
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ward effects (see east winds vs. west winds at station 6). The results for station 3 demon-

strate the funnelling of the wind in valleys with highest WWF being observed for east-

erly and westerly winds parallel to the valley orientation. 

Overall, the experiment shows that a relatively small hill (maximum elevation 

difference 54 m) modifies the surface wind fields considerably, with maximum wind 

speed differences between 24 and 39%, depending on wind direction. 

Table 4.2: Observed and modelled wind weighting factors at the 6 anemometers for 
spring and summer of 2002 

Period Wind Direction STA 1 STA2 STA3 STA4 STA5 STA6 
deg 

Spring 45 1.00 0.98 0.84 0.89 0.89 0.94 
Spring 90 1.00 0.96 0.81 0.80 0.90 0.77 
Spring 135 1.00 0.97 0.95 0.78 0.94 0.63 
Spring 180 1.00 0.91 0.83 0.85 0.96 0.72 
Spring 225 1.00 0.90 0.63 0.89 1.00 0.81 
Spring 270 1.00 0.94 0.83 0.87 0.96 0.82 
Spring 315 1.00 0.99 0.95 0.80 0.75 0.86 
Spring 360 1.00 0.97 0.90 0.81 0.81 0.87 
Summer 45 1.00 0.98 0.76 0.88 0.79 0.84 
Summer 90 1.00 0.96 0.76 0.82 0.79 0.78 
Summer 135 1.00 0.96 0.89 0.74 0.80 0.61 
Summer 180 1.00 0.93 0.84 0.82 0.87 0.70 
Summer 225 1.00 0.91 0.62 0.86 0.87 0.80 
Summer 270 1.00 0.90 0.63 0.75 0.77 0.76 

Summer 315 1.00 0.95 0.84 0.67 0.70 0.68 
Summer 360 1.00 0.98 0.89 0.75 0.74 0.78 

Model 45 1.00 1.03 0.97 0.93 0.89 0.92 

Model 90 1.00 1.03 0.96 0.95 0.92 0.89 

Model 135 1.00 1.00 0.93 0.97 0.96 0.83 

Model 180 1.00 0.95 0.90 0.99 1.05 0.88 

Model 225 1.00 0.92 0.87 1.01 1.08 0.95 

Model 270 1.00 0.91 0.86 0.94 1.02 1.03 

Model 315 1.00 0.96 0.90 0.89 0.95 1.02 

Model 360 1.00 1.00 0.94 0.95 0.90 0.91 
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4.3.3 Model Validation 

The Liston model was run on an hourly basis for the period from May 5 to June 6, 

1998 and 1999 (JD 125 - JD 157), with wind speed and wind direction data from the 

TMM met station. TMM is located in an extensive flat area and therefore has WWF very 

close to 1.0. WWF were determined for each grid cell of the DEM for the 8 principal 

wind directions at 45° increments from 360° (north) to 315° and observed wind directions 

(from TMM) were rounded to the nearest of these directions. The model results were 

then compared to observed wind speeds for the grid cells in which the three additional 

wind measurement sites {TUP, TDS, and TBG) were located (Fig. 4.1 ). Figure 4.4a 

shows the comparison for the TUP site. Overall, modelled wind speeds at all three sites 

compared fairly well against observed values, with R2 values ranging from 0.71 to 0.76 

(R from 0.84 - 0.87). Unfortunately, this comparison did not provide a good test of the 

model since all 4 stations were situated on relatively flat terrain with a narrow range of 

WWF from 1.02 to 0.94. The analysis, however, proved that flat areas throughout the ba

sin have similar wind speeds regardless of elevation differences. 

To better validate the Liston model, model predictions were compared to observa

tional data from the 2002 field experiment. These field data covered a range of WWF 

from 1.10 to 0.83. Since wind observations at TMM were done at different heights above 

the ground surface and with different anemometers than those used in the field experi

ment, it was decided to compare the observations of the field stations against each other 

rather than against TMM data. Wind speeds and directions at station 1 (hilltop) were 
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used as measured values (i.e. WWF = 1.0) and modelled WWF (see Table 4.2) were 

used to simulate expected wind speeds for the locations of stations 2 through 6. Figure 

4.4b shows the scatter plot of observed versus simulated wind speeds for the spring 

period for station 5. Again modelled values for all stations agreed well with measured 

data, with R2 values ranging from 0.82 and 0.97 (R from 0.91 - 0.985). 
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Figure 4.4: Modelled vs. observed wind speeds at (a) Upper Plateau met station (TUP) 
for spring of 1999, and (b) station 5 for spring period of2002. 
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The experiment also illustrates areas of the model that could be improved. While 

areas of lowest wind speeds were correctly predicted to be on the bottom (concave) parts 

of the leeward hillslopes, the model did not capture the areas of highest wind speeds ac

curately. It assumes them to be on the steepest convex parts of the windward hillslopes 

while the experiment suggests that the actual hilltop is the windiest location. The model 

does predict higher than average wind speeds at the crest of hills and ridges due to the 

convex curvature of these features. The curvature routine, however, does not accelerate 

the winds at those locations enough. A simple solution would be to use a higher empiri

cal curvature weighting factor y c· This, however, would lead to unrealistically low wind 

speeds in the concave narrow valleys ofTVC. To fix the problem it might be necessary 

to compute curvature at a .larger scale or to calculate the average curvature over a larger 

area around the point of interest. Another possibility is the use of separate y c for convex 

and concave areas. 

4.4 Results 

4.4.1 Turbulent Flux Calculations 

The turbulent flux simulation was run for 33 days during the spring of 1998 and 

1999. A bulk transfer method (Dunne et al. 1976, Moore 1983) was used to estimate 

sensible (Qh) and latent heat (Qe) fluxes over snow covered areas from the following 

equations: 
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Qh = - rho cp Dh U {T a - T s) 

Qe =-rho Ly De Mv I Ma U (ea- es) I P 

(4.2) 

(4.3) 

where rho is air density in kg!m3, Cp is the heat capacity of air in Jlkg C, U is wind speed 

in rn!s, T a is air temperature in C, T s is snow surface temperature in C, Ly is latent heat 

of vapourisation in Jlkg, Mv I Ma is the ratio between water-vapour and dry-air molecu

lar weights, P is atmospheric pressure in Pa, and ea and es are the water vapour pressures 

of the air and the surface in Pa, respectively (Martin and Lejeune 1998). Dh and De are 

the dimensionless bulk transfer coefficients which depend on instrument height and sur

face roughness and are calculated after: 

(4.4) 

where k is von Karman's constant, z is instrument height in m, and z0 is surface rough

ness height in m. 

The same method is used in many land surface schemes of atmospheric models 

(e.g., CLASS) and snowmelt energy models (e.g., SNTHERM) (Jordan 1991, Verseghy 

et al. 1993). Air temperature and humidity were measured at TMM at 2.5 m above the 

ground surface (1.1 m in 1998). Instrument heights were adjusted daily as the snow -

cover underneath the instruments melted. A surface roughness of 0.002 m for TVC was 

estimated from wind profiles (Marsh and Pomeroy 1996). This value is in good agree

ment with others reported for melting snow covers in flat terrain (Moore 1983, Morris 

1989). Transfer coefficients were corrected for stable and unstable atmospheric condi

tions after: 

(4.5) 
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(4.6) 

where Qhs is the stable bulk transfer coefficient, Qhu is the unstable bulk transfer coeffi

cient and Ri is the Richardson number used as indicator of atmospheric stability. Ri is 

computed after: 

Ri = g zo (Ta-Ts) I (U2 (Ta + 273.15) (4.7) 

where g is the gravitational constant (9.81 mfs2) and z0 is the surface roughness in m. 

The same correction procedure was applied to De. 

Equation 4.2 is often used for melt conditions with T s set to 0°C. However, several 

studies (Marsh and Pomeroy 1996, Martin and Lejeune 1998, Luce eta/. 1998) have 

demonstrated that the use of a variable snow surface temperature greatly improves the 

accuracy of the computed turbulent fluxes as it properly accounts for periods when sur-

face temperature falls below 0°C. Hourly snow surface temperatures were estimated by 

assuming that snow surface temperature lagged air temperature and including a calcula

tion of radiative cooling (Jordan 1991, Marsh and Pomeroy 1996). This procedure was 

shown to work well when compared to measured surface temperature values (infrared 

probe) at the TDS location within TVC (Fig 4.5). 

Wind speed was measured at the same height as air temperature and humidity, and 

then distributed over the entire model area using the windflow model. The resulting spa

tially variable wind field was used to calculate hourly sensible and latent heat fluxes for 

every grid cell of the DEM. Positive fluxes indicate an energy gain by the snow surface. 
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Figure 4.5: Calculated vs. observed snow surface temperatures at TDS in TVC during 
spring of 1996. 

As mentioned, the model was run on an hourly basis for the time period between 

May 5 and June 6, 1998 and 1999. Figures 4.6a, b, c show the meteorological conditions 

for the modelling periods. The spring of .1998 was dominated by warm air masses lead-

ing to a large turbulent heat flux contribution to snowmelt, with the sensible heat flux 

accounting for 147.6 MJfm2, while condensation added another 30.7 MJfm2 (Fig. 4.7a). 

In 1999, daytime temperatures rose above the freezing mark after May 5, leading to 

positive sensible heat fluxes. A cold spell from May 15 to May 21 reduced the amount of 

sensible heat being transferred to the snowpack before temperatures and sensible heat 

fluxes rebounded. The latent energy exchange was dominated by sublimation during the 

early part of the melt. Significant contributions to snowmelt energy by condensation 

were only evident after May 29 (Fig 4. 7b ). Over the whole period, sensible heat flux 

delivered 72.3 MJfm2 to the snowpack, while the pack lost energy (4.2 MJfm2) due to 

latent heat flux. 
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Figure 4.6: Average daily meteorological conditions in TVC for May 5 to June 6 1998 
and 1999: (a) daily temperature, (b) RH, and (c) windspeed. 
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Figure 4.7: Average daily accumulated sensible and latent heat fluxes in MJ/m2 for (a) 
May 5 to June 6, 1998 and (b) May 5 to June 6, 1999 

119 



Average wind directions (Fig. 4.8) and wind speeds (within 7%) for the two years 

were nearly identical, with northerly to north-easterly winds dominating both modelling 

periods. 
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Figure 4.8: Histogram of wind directions occurring during the modelling periods of 1998 
and 1999. 

The calculation of latent heat fluxes is fairly sensitive to measured values of rela-

tive humidity. A 5% change in relative humidity would result in an uncertainty in com-

puted latent heat fluxes of+/- 8 MJ/m2 (or an hourly average of+/- 2.8 W/m2) over the 

study period. These uncertainties, however, are small compared to sensible heat flux val-

ues. Furthermore, the comparison of observed humidity values at TMM to sling psy-

chrometer measurements showed a fairly good agreement (R = 0.91). 
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4.4.2 Spatial Variability in the Turbulent Fluxes 

Figure 4.9 shows the spatially distributed turbulent heat flux for June 3 (JD 154) at 

14:00 hours. Air temperature was 10° C, RH was 77% and wind speed (for WWF = 1.0) 

was 6. 7 m/s coming from the north. This lead to a relatively high mean turbulent energy 

flux of 305 Wfm2 (the turbulent flux at TMM with WWF = 1.0 was 304 Wfm2). Figure 

4.9 shows that areas of highest turbulent fluxes were on steep, windward (north facing) 

slopes, while lower than average values can be detected on leeward slopes and in the 

valley bottoms. Overall, values range from 161 to 491 W fm2 with a standard deviation 

(S) of 14.5 W 1m2 or 4. 7% of the mean. Figure 4.10 shows the histogram of the distrib

uted turbulent flux values. 

The highest hourly values of turbulent fluxes were commonly observed during the 

afternoon hours as air temperatures and wind speeds typically reached a maximum. 

Studies have shown that wind speed over melting snowpacks tends to have a diurnal 

cycle, with maximum values in the early afternoon as the temperature inversion that 

often develops during the night weakens (Eaton and Wendler 1982). Consequently, the 

highest absolute variabilities in turbulent fluxes were present in the basin during that 

time. 
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Figure 4.9: Spatially variable hourly turbulent heat flux for June 3 (JD 154) 14:00 hours. 

The hourly simulation results were summed to compute spatially variable daily 

values. Fig 4.11 illustrates the relative variability present in the daily values of turbulent 

fluxes by showing their standard deviation expressed as a percentage of the basin wide 

mean. The major factor determining daily relative variability over the study area was the 

amount of change in wind direction. Days with extremely variable wind directions like 

May 22, 28, and 29 (1999) produced low relative variabilities (Fig. 4.11). Higher spatial 

variability was found on days with constant wind directions. The highest relative 

variabilities were observed on days when sensible and latent heat fluxes changed direc-

tions during the course of the day. This, in conjunction with some change in wind direc-
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tions, lead to large differences in turbulent fluxes received in different parts of the basin 

(see Fig. 4.11: May 14, 1998, and May 7, 1999). 
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Figure 4.10: Histogram of hourly turbulent heat flux for June 3 (JD 154) 14:00 hours. 

Daily values were summed to calculate accumulated spatially distributed turbulent 

fluxes for the entire modelling periods. Since northerly to north-easterly winds domi-

nated the modelling period in 1999 (Fig. 4.8), the highest overall values can be seen on 

north to north-east facing slopes in the basin (Fig. 4.12). The lowest values are located 

on the steep (south-facing) leeward slopes, especially those leading towards the narrow 

river valleys and along the bottom of east-west oriented valleys and gullies. Figure 4.13 

shows the histogram of the computed values for the 105,000 grid cells of the DEM. 
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Figure 4.11: Standard deviations of accumulated daily turbulent fluxes throughout 
modelling area expressed as % of area-wide mean. 

The standard deviation (S) for the accumulated turbulent fluxes in 1999 was found 

to be 2.3 MJ/m2 or about 3.4% of the area wide mean of68.1 MJ/m2. To consider the 

importance of these small-scale variabilities for snowmelt, it is useful to convert the 

obtained turbulent fluxes at high and low wind speed locations into amounts of potential 

snowmelt. Assuming that all of the turbulent flux were used for snowmelt, locations at 

the opposite end of the 1 S range would differ in their snowmelt amounts due to turbu-

lent fluxes by 7 mm SWE. Areas within a range of 2 S have as much as 9.2 MJ/m2 dif-

ference in their turbulent fluxes, leading to a difference in potential snowmelt of 27.5 

mmSWE. 
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Figure 4.12: Accumulated spatially variable turbulent fluxes for entire model period in 

MJfm2 and mm SWE for 1999. 

Model simulation for 1998 showed much the same results (not shown). Again, 

absolute variability was greatest during the afternoon hours, especially during the latter 

parts of the melt period, while relative daily variabilities again depended mainly on the 

amount of wind direction change. The distribution pattern of high and low amounts of 

accumulated turbulent fluxes was also very similar to 1999 (see Fig. 4.12) since both 

years had similar wind conditions. Overall, the standard deviation for the accumulated 

turbulent fluxes over the complete period was 6.0 MJfm2 or 2.9% of the overall basin-

wide mean (205.3 MJfm2). Expressed as potential snowmelt this would translate to a dif-

ference of 18 mm SWE around the 1 S range of values (72 mm for a range of 2 S). Con-

sidering that the average end-of-winter SWE for the dominant open tundra areas ofTVC 

typically fall between 50 to 120 mm, it becomes evident that the simulated differences in 

125 



the turbulent fluxes and the resulting variable melt rates are a major contributor to the 

quick development of a patchy snow cover after the onset of melt. 
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Figure 4.13: Histogram of accumulated turbulent flux over the entire modelling period in 
1999. 

4.5 Discussion 

Spatial differences in turbulent fluxes have important implications for daily melt 

rates of snowpacks. Studies have shown that, after initiation of snowmelt at the top of 

the snowpack, the percolating meltwater forms two distinct wetting fronts with a faster 

moving finger front advancing ahead of a background front (Marsh and Woo 1984). The 

input of spatially distributed snowmelt rates and snow cover depths is crucial for accu-

rately simulating the advance of the two wetting fronts in different parts of the basin. 
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Turbulent fluxes also affect the timing of melt. Snow surface temperatures during 

the night, especially early in the melt season, are often lower than air temperatures. Con

sequently, turbulent fluxes, especially sensible heat fluxes, are directed towards the snow 

cover during those nights, counteracting the night time loss of radiative (long wave) 

energy by the snow cover. This process was evident during both modelling periods in 

this study. As a result, snowpacks in areas of higher than average turbulent fluxes often 

experience a lower energy deficit during the night and warm up quicker during daylight 

hours, causing them to start to melt earlier in the day. 

It is important for studies of snowmelt runoff from arctic catchments to correctly 

identify areas that have become snow free, since these areas cease to contribute melt

water to runoff. Areas in the basin that have a low end-of-winter SWE in combination 

with increased amounts of melt energy will contribute earliest to snowmelt runoff and 

will subsequently become snow-free first. Variations in wind speed play a prominent 

role in both these processes. Studies in TVC and other arctic basins have shown that the 

snow cover is eroded over the winter, especially on slopes facing the predominant winter 

wind directions due to transport and sublimation losses during blowing snow events 

(Pomeroy and Li 2000, Essery et al. 1999, Liston and Sturm 1998, Pomeroy et al. 1997). 

The topography influenced wind speed patterns lead to a positive feedback at high wind 

speed locations, combining eroded and therefore thinner end-of-winter snow covers with 

higher than average turbulent fluxes, provided the dominant wind direction does not 

change dramatically between the winter and spring periods. Such a pattern can be 

observed on north and north-west facing slopes in TVC. 
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The opposite scenario is simulated for locations of snow drifts, which may hold up 

to 33% of the entire TVC end-of-winter SWE (Marsh and Pomeroy 1996). Above aver

age snow accumulations in TVC were observed for areas of low wind speeds and air 

flow separation such as the lee of hills, ridges, and uplands as well as for areas with 

higher shrub and forest vegetation and incised valleys (Pomeroy et a/. 1997). These are 

also areas that receive below average contributions of turbulent fluxes throughout the 

melt period, leading to late lying snow fields that persist well into the summer. Studies 

have illustrated the importance of such late lying snow patches for the runoff regime of 

rivers in the Arctic (Marsh and Woo 1981) and in more temperate environments (Luce et 

a/. 1998). Late lying snow drifts also have a major impact on runoff producing mecha

nisms as infiltrating meltwater keeps the groundwater table down slope from their loca

tion close to the surface in the zone of high hydraulic conductivities (Quinton and Marsh 

1999). 

As the snow cover becomes patchy, an additional energy term is added to the 

snowmelt energy balance as sensible energy is transferred laterally from the much 

warmer bare ground patches to the remaining snow patches (Liston 1995, Marsh eta/. 

1997). The efficiency of this transfer is dependent on the size distribution of snow and 

bare ground patches but also on wind speed, increasing with higher wind speeds (Neu

mann and Marsh 1998). This is another process where wind speed variations contribute 

to spatially variable melt rates. 

The vast surface temperature differences between bare ground and snow covered 

surfaces, which can be as high as 42° C for arctic regions (Liston 1995), cause the energy 

balances of snow and bare ground patches to be profoundly different. They should, there-
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fore, be addressed separately in regional climate and numerical weather prediction mod

els. These models often operate at scales that would treat the model area of this study (14 

by 12 km) as one grid cell. Commonly, separate energy balances for snow covered and 

snow free areas are computed and grid cell averages from weighted means of the frac

tional areas of each land cover surface are subsequently calculated. (Claussen 1991). 

However, this "tile model" approach does not consider the small-scale turbulent flux dif

ferences over snow covered areas presented in this study. Furthermore, the approach is 

not well suited for calculating average turbulent fluxes over a larger area with pro

nounced surface inhomogeneities (i.e., snow/no snow) since it does not consider any in

teraction between the tiles. Therefore, it cannot account for local advection which plays 

an important role in the overall energy flux of the composite landscape (Marsh et a/. 

1999, Lhomme et a/. 1994 ). 

4.6 Conclusions 

This study examined the topographic influence on surface windflow and the result

ing impact on the small-scale variability of sensible and latent heat fluxes during snow

melt of an arctic catchment. A detailed field experiment showed that there are pro

nounced differences in wind speeds introduced by the topography, even in the relatively 

low relief study area. Wind speed differences of up to 39% were found between high 

wind speed locations (the top and the upper windward slopes of a hill) and low wind 

speed areas on lower leeward hillslopes. Spatially variable surface wind fields could be 

modelled fairly accurately with a relatively simple windflow model and a high resolution 
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DEM. The model was validated with data from a field experiment and 4 meteorological 

stations within the basin. 

Distributed hourly sensible and latent heat fluxes for 33 days during the springs of 

1998 and 1999 were computed using a bulk aerodynamic approach and modelled dis

tributed wind fields. The results show that the small-scale turbulent flux variability con

tributed greatly to spatially variable melt rates. Furthermore, variable wind speeds 

throughout winter and spring are a major factor in the development of a patchy snow 

cover as shallow end-of-winter snowpacks are combined with above average turbulent 

energy fluxes in areas of increased wind speeds. Snow drifts develop in low wind speed 

areas over the winter and persist well into the summer partially due to decreased 

amounts of turbulent fluxes received during melt. 

The study showed that turbulent fluxes play an important role in determining the 

location of snow covered areas and the timing and volume of meltwater contributions of 

these areas to runoff. The hydrologic and energetic important steeper slopes of the basin 

differed in their turbulent fluxes by more than 9 MJfm2 or about 28 mm of potential 

snowmelt. Hydrological, snowmelt-runoff models should therefore include spatially dis

tributed turbulent fluxes, especially if they operate on the concept of varying runoff 

source areas. Wind directions and locations of above and below average turbulent fluxes 

did not differ much between the two years. The relative variability of the studied fluxes 

was also fairly constant. This indicates that it might be possible to determine overall 

variabilities of turbulent fluxes in open, relatively flat landscapes from terrain data such 

as frequency distribution of slopes and aspects, which can be easily obtained from 

DEM's. Mean turbulent fluxes and their variability within an area could then be com-
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puted from point measurements of air and surface temperature, humidity, wind speed, 

and wind direction without having to run a detailed small-scale model. However, more 

work is needed in different landscapes and different terrain types to test this concept and 

to develop such statistical relationships between terrain properties and spatial variability 

of turbulent fluxes. 
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Abstract 

Arctic spring landscapes are usually characterized by a mosaic of coexisting snow 

covered and bare ground patches. This phenomenon has major implications for hydro-

logical processes, including meltwater production and runoff. Furthermore, as indicated 

by aircraft observations, it affects land-surface atmosphere exchanges, leading to a high 

degree of variability in surface energy terms during melt. 

This paper addresses the small-scale variability in arctic snowmelt by combining a 

spatially distributed end-of-winter snow cover with simulations of variable snowmelt 

energy balance factors for the small arctic catchment of Trail Valley Creek ( 63 km2). 

Throughout the winter, snow in arctic tundra basins is redistributed by frequent blowing 

snow events. Areas of above or below average end-of-winter snow water equivalents 

(SWE) were determined from land cover classifications, topography, land cover based 
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snow surveys, and distributed surface wind field simulations. Topographic influences on 

major snowmelt energy balance factors (solar radiation and turbulent fluxes of sensible 

and latent heat) were modelled on a small-scale (40 m) basis. A spatially variable com

plete snowmelt energy balance was subsequently computed and applied to the distributed 

snow cover, allowing the simulation of the progress of melt throughout the basin. The 

emerging patterns compared very well to snow cover observations from satellite images 

and air photos. 

The study shows the relative importance of variable end-of-winter snow cover, 

spatially distributed melt energy fluxes, and local advection processes for the develop

ment of a patchy snow. cover. It illustrates that the consideration of these processes is 

crucial for an accurate determination of snow covered areas (SCA) as well as location, 

timing, and amount of meltwater release from arctic catchments, and should therefore be 

included in hydrological models. Furthermore, the study shows the need for a sub-grid 

parameterization of these factors in the land surface schemes of larger scale climate 

models. 
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5.1 Introduction 

The transition from winter to summer is a very important event for northern 

ecosystems, with approximately 40 to 60% of annual precipitation being released as run

off during a relatively short period. As a consequence, spring snowmelt is often the main 

runoff event of the year, leading to maximum annual discharge rates and water levels 

(Marsh et a/. 2002). The removal of the snow cover also initiates the melting of river and 

lake ice, the thawing of the active layer, and marks the beginning of the evaporation 

season. The produced meltwater raises soil moisture and initiates or increases 

streamflow. 

The decaying snowpack causes a major change in the surface energy balance of 

arctic regions. Snow affects net short wave radiation due to its high albedo, while net 

long wave and turbulent fluxes of sensible and latent heat are mainly influenced by the 

surface temperature limitation of snow covered areas to 0°C. In contrast, adjacent snow 

free areas experience surface temperatures of up to 40°C (Kane et a/. 1991, Liston 1995). 

The difference in surface temperatures leads to significantly different fluxes of long 

wave radiation and of sensible and latent heat. In addition, turbulent exchanges between 

the atmosphere and the land surface are often in different directions under patchy snow 

cover conditions (away from the snow free surface and towards the snow covered areas) 

(Neumann and Marsh 1998). 

Several studies have shown that arctic end-of-winter snow covers are highly vari

able due to the redistribution of snow by blowing snow events (Pomeroy et a/. 1998, 

Essery et a/. 1999, Liston and Sturm 2002). The combination of such a snow cover with 
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spatially variable energy fluxes leads to the quick development of a mosaic pattern of 

coexisting snow covered and snow free patches. The patchy snow cover results in local 

scale advection of sensible heat from snow-free areas to remaining snow patches, a 

small-scale process which increases the magnitude and spatial variability of turbulent 

fluxes transferred to the snow cover, while also affecting the average energy flux over 

the composite landscape (Marsh et al. 1997). Aircraft observations carried out during the 

Mackenzie GEWEX Study (MAGS) have shown that the spring melt period with its 

patchy snow cover is characterized by an especially high spatial variability in surface 

energy fluxes (Brown-Mitic et al. 2001). It becomes clear that melt variability plays a 

key role in determining SCA, as well as volume and timing of meltwater release from 

arctic catchments. 

Although spatially variable snow covers and melt energy terms have been studied 

in alpine regions (Bloeschl et al. 1991, Luce et al. 1999, Marks et al. 1999), the signifi

cance of the various controlling factors for .low relief, arctic tundra regions is not well 

known. Related studies include that of Hinzman et al. (1992), Woo and Young (2003), 

and the advection studies of Marsh et al. (1999). As a result of the lack of previous 

studies, it has not been possible to consider the relative importance of these processes to 

arctic snowmelt or to properly address them in applicable hydrologic or land-surface 

models. 

The present study considers the small-scale variability in arctic snowmelt over tun

dra surfaces by combining a spatially distributed snow cover with simulations of spatial 

variability in radiation and turbulent fluxes of sensible and latent heat at an arctic site in 

NW Canada, and then comparing the simulated snowmelt patterns to observations. The 
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goal of the study is to better understand the relative magnitude of these factors on the 

development of a patchy snow cover, the surface energy balance of arctic spring land

scapes, and the timing and volume of meltwater runoff from arctic basins. 

5.2 Study Area 

The present study was conducted during the spring of 1999 as part of the Mack

enzie GEWEX Study I Canadian GEWEX Enhanced Study (MAGS/CAGES) program. 

A digital elevation model (DEM) showing an area of 14 by 12 km around the National 

Water Research Institute research basin of Trail Valley Creek (TVC) was used for the 

simulations. The complete DEM consisted of 105,000 grid cells with a resolution of 40 

by 40 m and was obtained by digitising 1:50,000 National Topographic Survey maps. 

TVC is located at 680 45' N, 1330 30' W, and lies approximately 55 km north east 

of Inuvik in the Northwest Territories. The area has a fairly low relief, and is character

ized by gently rolling hills with some deeply incised river valleys. Elevation ranges from 

40 to 187 m.a.s.l., with an average elevation of99 m.a.s.l. The mean slope is 3°, with the 

maximum gradient reaching 33°. The region is underlain by continuous permafrost. It 

lies at the northern edge of the forest-tundra transition zone, with tundra vegetation 

dominating much of the upland areas while some shrub tundra and sparse black spruce 

(Picea mariana) forest can be found on hillslopes and in the valley bottoms (Neumann 

and Marsh 1998). 

TVC experiences extensive redistribution of snow due to blowing snow events 

during the winter period. Studies have shown that open tundra areas act primarily as 
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sources of blowing snow, while riparian shrub and forest areas act as traps. In addition, 

snow tends to accumulate in snowdrifts on steep slopes, lake margins, and in the actual 

stream channels. The land cover of the area was classified into 4 major categories: tun-

dra, shrub tundra, forest and drift. The respective land cover class for individual grid 

cells of the DEM was determined using a midsummer Thematic Mapper image and PCI 

software for image classification (Marsh and Pomeroy 1996). The resulting land cover 

classification map for the study area can be seen in Figure 5.1. 
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Figure 5.1: Land cover classes map for study area based on Thematic Mapper satellite 
Image 
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Snowmelt in the region usually occurs during May and June. In the spring of 1999, 

snowmelt started around May 5 (JD 125) as daytime temperature first rose above the 

freezing point. To cover the entire snowmelt, a study period lasting from May 5 to June 

10, 1999 (JD 125- JD 161) was chosen. Land cover based snow surveys were conducted 

in the basin prior to melt to establish end-of-winter SWE's while meteorological condi

tions throughout the model period were recorded at two permanent and two temporary 

observing stations situated in the basin. The SCA for TVC and surrounding area was 

determined from three SPOT satellite images taken during the melt period, with SCA 

declining from 79% on May 23 (JD 143) to 39% on May 28 (JD 148) and 2.5% on June 

10 (JD 161). Air photos showing progress of melt in the area were taken on several days 

throughout the period. 

5.3 Methodology 

5.3.1 End-of-Winter Snow Cover 

The end-of-winter snow cover in arctic basins is generally continuous, but highly 

variable in its SWE due to redistribution by blowing snow events. Arctic environments 

are especially vulnerable to blowing snow events due to long exposed fetches and the 

absence of snow cover stabilizing freeze- melt cycles during the winter. Studies in TVC 

have shown that end-of-winter SWE in individual landscape units typically varies from 

50% of measured snowfall in open tundra areas to 400% in snowdrift areas (Pomeroy et 

a/. 1997). Essery et a/. (1999) note that there is also considerable variation in SWE 
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within the land cover classes, with coefficients of variation (CV) varying from 0.42 in 

exposed locations to 0.08 for more sheltered areas. Much of the variability in open areas 

can be attributed to topographic factors. During blowing snow events, snow is scoured 

preferentially from slopes facing the predominant winter wind directions due to the ac

celerated winds on these slopes, while flow separation in the lee of topographic features 

causes the cessation of transport and subsequent deposition. Kane et al. ( 1991) found up 

to 65% more snow accumulation on the leeward hillslopes of a small Alaskan watershed, 

even if these slopes only had a gradient of 2 - 3°. Liston (1995) notes that, in general, 

snow drifts tend to form in the same locations every winter, even in years of relatively 

low snow transport rates, since drifts occupy a small area compared to their source area. 

Once snow is trapped in a drift, very little additional sublimation occurs, while above 

average sublimation losses are observed on windward slopes, further adding to the vari

ability of the end-of-winter snow cover. In TVC, snowdrifts develop mostly along the 

steep slopes of the river valleys (slope drifts) as well as along the margins of lakes and in 

the actual river channels themselves (channel drifts) (Figure 5.1). Drift areas cover ap

proximately 8% of TVC and approximately 5% of entire study area. Snowdrifts are cru

cial for the hydrology of the area, since they may hold up to 33% of the entire end-of

winter snow and can persist well into the summer (Marsh and Pomeroy 1996). 

As a result of the observed relationship between snow cover distribution and 

topography, it was decided for the present study to subdivide exposed, open tundra and 

drift areas according to slope and aspect of each grid cell of the DEM in relation to the 

dominant northerly to westerly winter winds of 1998/99. Grid cells were designated as 

windswept if their simulated wind speeds (from the surface wind model (see Sec. 5.3.2) 
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were more than 5% higher than the area wide average values, windward if oriented 

between west and north and with a slope larger than 3 °, and leeward if their aspects 

pointed between south and east and with a slope larger than 3 °. Grid cells not falling into 

these categories were assumed to be neutral. The windswept designation was only used 

for open tundra areas. Appropriate weighting factors relating SWE for the new classes to 

observed SWE from snow surveys were determined based on results from Essery eta/. 

(1999). Table 5.1 shows the final land cover/topography classes with their respective 

area, weighting factors, and final SWE' s for each class. A similar approach was used by 

Woo and Young (2003) to model a spatially distributed end-of-winter snow cover for an 

arctic basin. 

Table 5.1: Area, weighting factors, and final SWE for landcover/wind regime classes of 
study area. Weighting factors are used to simulate SWE from average SWE as 
determined by snow surveys for each land cover type 

Landcover Wind Area Weighting SWE 
Regime [o/o) factor [mm] 

Open Tundra windswept 9 0.35 41 
windward 10 0.95 114 

neutral 34 1.11 129 
leeward 12 1.23 143 

Shrub Tundra 28 1.00 197 
Forest 2 1.00 110 
Drift windward 2 0.70 320 

neutral 2 1.00 451 
leeward 1 1.80 822 
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5.3.2 Snowmelt Energy Balance 

The surface energy balance for a continuous snow cover where local advection is 

not important can be written as: 

(5.1) 

where QM is energy available to warm and subsequently melt the snow cover, Q0 is the 

initial snow cover energy deficit, ~ is net radiation, which can be further subdivided 

into a short wave (solar) and a long wave (thermal) component, QH and QE are the tur

bulent fluxes of sensible and latent heat, Q0 is the ground heat flux, and Qp is the flux of 

heat from precipitation (Luce et al. 1998). Previous work has shown that several of these 

energy terms are greatly affected by the local topography, even in the relatively gentle 

terrain of the study area (Pohl et al. 2004a ,b). 

Topographically induced, small-scale variability of incoming solar radiation was 

modelled by Pohl et al. (2004a) utilizing an approach outlined by Ranzi and Rosso 

(1991). The following is a brief outline of the methods used in that study. The solar 

model calculates hourly, theoretical clear-sky global radiation values for a horizontal sur

face. A cloudiness index is then computed by comparing the calculated to measured 

global radiation data, and is used to partition the measured global radiation into a direct 

and a diffuse component. The topographic effect on incoming direct radiation is assessed 

by calculating local illumination angles from the solar zenith and azimuth angles and ter

rain slope and aspect angles using standard methods. Diffuse radiation is assumed to be 

isotropic and uniformly distributed over the entire area. The model also checks each grid 

cell for shadowing effects, with shadowed cells receiving only diffuse radiation. The 
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model was validated against measured direct and diffuse radiation. A time dependent 

albedo decay function (Gray and Landine 1987) was applied to model outputs to com

pute net solar radiation over snow covered areas. Albedo was reset to 0.8 after new 

snowfall was observed. 

Incoming long wave radiation fluxes for the present study were calculated on an 

hourly basis using an equation introduced by Satterlund (1974). This formula has been 

shown to work well in conditions around 0 ° C (Male and Granger 1981 ), which were 

observed through much of the melt period. The contribution of cloud cover to atmos

pheric long wave emission was quantified via a nonlinear function of fractional cloud 

cover (Kustas et al. 1994, Brutsaert 1982). The cloudiness index calculated by the short 

wave radiation model was used to obtain hourly fractional cloud cover values. Outgoing 

long wave radiation was calculated from the Stefan Boltzman equation, which relates 

long wave emission from a surface to the fourth power of its temperature. An emissivity 

of 0.985 for the snowpack was chosen (Marks and Dozier 1992). A variable snow sur

face temperature was estimated by assuming a simple relationship between snow surface 

and air temperature and including a term for radiative cooling of the snow surface espe

cially at night (Jordan 1991, Marsh and Pomeroy 1996). Pohl et al. (2004b) note that 

computed snow surface temperatures compare well to measured values. 

A field experiment of windflow around a low (maximum elevation difference 54 

m) conical hill in TVC showed that there is considerable topographic influence on sur

face wind fields, even in gently undulating terrain typical of much of the basin. Differ

ences in wind speed of up to 39% were observed between the upper convex reaches of 

the windward slopes including the actual hilltop and the lower concave leeward slopes 
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(Pohl et a/. 2004b ). Such topographic modifications of surface winds result in small 

scale variations in the turbulent fluxes of sensible and latent heat. Pohl et a/. (2004b) 

present a method for determining this spatial variability which is described briefly in the 

following. A simple model (Liston and Sturm 1998) was employed to simulate topog

raphic effects on surface windflow. The model calculates wind weighting indices from 

slope and curvature factors for each grid cell of the DEM in relation to observed wind 

directions, which are then used to distribute wind speed throughout the basin, accelerat

ing winds on convex, windward slopes while decreasing wind speeds in concave, lee

ward areas. The model was able to reproduce results of the field experiment adequately. 

Hourly sensible and latent heat fluxes were calculated from data collected at the met sta

tions of TVC using a bulk aerodynamic approach. These were then distributed through

out the model domain using the simulated wind fields. Based on observations, air tem

perature and relative humidity were assumed to be constant over the study area. 

Ground heat flux was measured with heat flux plates at three locations within the 

study area. The measured values were fairly small (averaging less than 4 W fm2) as long 

as the locations were snow covered, which is very close to values reported in the 

literature (Pomeroy et a/. 1998). Since this ground heat flux was very small compared to 

other melt energy factors, it was disregarded in this study. Furthermore, only trace 

amounts of precipitation (mainly falling as snow) were observed during the study period 

and Qp was therefore not considered in the snowmelt energy balance simulations. 

Numerous studies have shown that an additional energy term is introduced into the 

snowmelt energy balance once the snow cover has become discontinuous, as sensible 

heat is transferred horizontally from snow free areas to remaining snow patches (Liston 
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1995, Shook and Gray 1997, Marsh et al. 1997). Neumann and Marsh (1998) introduced 

an advection efficiency term Fs that quantifies the fraction of sensible heat originating 

from bare ground areas that is actually advected to adjacent snow patches. For the pre-

sent study, a regression equation relating Fs to percent snow free area was determined 

from a combination of field measurements (Neumann and Marsh 1998) and model data 

(Liston 1995 and Marsh et al. 1999) (Fig. 5.2). Model data was included as field meas-

urements from Neumann and Marsh (1998) were only available up to 88% snow free 

area. 
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Figure 5.2: Advection efficiency vs. snow free area. Simulated data is from Liston 
(1995) and Marsh et al. (1999). 
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To calculate local advection the sensible heat flux over snow free ground had to be 

calculated. It was computed as residual of the bare ground energy balance (Marsh and 

Pomeroy 1996). Net radiation from a meteorological site was linked to incoming solar 

radiation measured at the same site and found to be highly correlated (R2 = 0.94) once 

the underlying snow cover had melted. Since the meteorological site did not become 

snow free until well into the melt period, this relationship was used to calculate net 

radiation for bare ground locations up to that point. Latent heat flux was computed using 

the Priestley-Taylor method which has been successfully applied in a variety of northern 

environments (e.g., Mendez et al. 1998, McFadden et al. 1998). Marsh et al. (1994) 

showed that the Priestley-Taylor evaporation values were within 5% of those derived 

from the water balance method for a sub-basin ofTVC. An a of0.69 was determined for 

the study area from lysimeter measurements in a previous study (Neumann and Marsh 

1998). Ground heat flux for snow free areas was estimated as a constant portion (18%) 

of net radiation (Eaton et al. 2001 ). The extent of snow free areas was determined on a 

daily basis and the results were used to obtain the appropriate Fs for that day from the 

regression curve in Figure 5.2. Subsequently, residual sensible heat fluxes from the bare 

ground energy balance were multiplied with the respective Fs and the resulting advected 

energy was uniformly distributed over the remaining snow patches. 
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5.4 Results 

5. 4.1 Distributed Snow Cover 

In order to map variations in SWE for the end-of-winter snow cover 1999, land 

cover based snow surveys were conducted in April of 1999. The surveys showed an 

average SWE of 129 mm for open tundra, 110 mm for forest, 197 mm for high shrub 

vegetation, and 457 mm for drift areas. Within land cover variations were similar to 

those noted by Pomeroy et a/. (1998) and Essery et a/. ( 1999) for the same study area. 

These SWE were multiplied with the respective weighting factors for the landscape 

classes (Table 5.1), resulting in SWE ranging from 41 mm for windswept open tundra 

areas to 822 mm for leeward drift locations. Figure 5.3 shows the simulated spatially 

distributed snow cover over the study region. The lowest SWE can be seen on exposed 

west to northwest facing tundra slopes (e.g., in the NW part of the study area) while 

snowdrifts are evident primarily along the steep slopes of the river valleys and in the 

stream channels. The basin wide mean of simulated SWE was 159 mm. It should be 

noted that the snow cover distribution in Figure 5.3 is based solely on the 9 identified 

landscape classes, each of which has a uniform SWE. It can be expected that the SWE 

within these classes varies, making the actual snow cover even more variable than the 

simulated one. 
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Figure 5.3: Distributed end-of-winter snow cover for 1999 

5. 4. 2 Distributed Snowmelt Energy Balance 
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The snowmelt energy balance was determined from the simulated spatially distrib

uted net solar radiation and turbulent fluxes combined with the spatially uniform long 

wave and local advection values on an hourly basis for 37 days from May 5 to June 10 

1999 (JD 125- JD 161). Figure 5.4 shows the area wide daily averages of the snowmelt 

energy terms. Six of the first eight days of the melt period showed positive average melt 

energy balance values followed by a cold spell of five days with negative melt energy 

balance values (May 14 to May 18). The bulk of the snowmelt occurred after that period. 

Table 5.2 lists accumulated energy balance factors over the model period, including 
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some information on the simulated variability for solar radiation and turbulent fluxes. 

Note that positive values indicate a gain of energy by the snow cover. 

Table 5.2: Accumulated totals of snowmelt energy balance factors for entire melt period 
in MJfm2. 

Mean Range s 2S 2S 

MJ/m2 MJ/m2 MJ/m2 MJ/m2 mm 
SWE 

Net Solar Radiation 195 52.8 2.8 11.1 33 
Net Long Wave Radiation -135 0 0 0 0 
Turbulent Flux 79 71.8 2.1 8.6 28 
Local Advection 55 0 0 0 0 

Melt Energy Balance -194 -102.4 -2.7 -10.8 -32 
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Figure 5.4: Accumulated daily snowmelt energy balance averaged over study area. 
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The spatially distributed hourly values of snowmelt energy were accumulated to 

obtain daily values as well as values for the entire study period. An analysis of the daily 

maps shows that maximum overall values of snowmelt energy were observed on clear, 

warm days with strong southerly winds. The amount of variability present in the energy 

balance depended mainly on the amount of cloud cover and on wind direction. In

creasing cloud cover tends to decrease variability as incoming short wave radiation 

becomes more diffuse and therefore less variable. Southerly winds increased the vari

ability of snowmelt energy since, under those conditions, areas of above and below aver

age values of solar and turbulent melt energy fluxes are co-located on south and north 

facing slopes respectively. Days with persistent northerly winds show considerably de

creased variability as the topographical influences on solar radiation and turbulent fluxes 

counteract each other. Figure 5.5 a and b show the distributed energy balance of the 

study area for two consecutive days of the melt period with clear skies and fairly similar 

melt rates. The main difference was that southerly winds dominated on May 23 while 

winds came primarily from northerly directions on May 24. This resulted in large differ

ences of variability simulated for the study area, with the standard deviation (S) on May 

23 (0.28 MJfm2) being almost three times as high as on May 24 (0.11 MJfm2). The dif

ferences in variability are also evident in the histograms of distributed energy balance 

values over the study area for the two days (Fig. 5.6 a, b). 
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Figure 5.5: Daily melt rates for a: May 23 (southerly winds, mean melt = 19 mm, S = 
0.28 MJ/m2 or 0.9 mm) and b) May 24 (northerly winds, mean melt = 14 mm, 
S = 0.11 MJfm2 or 0.3 mm). 
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Figure 5.6: Histogram of daily melt rate for a: May 23 and b: May 24 

Figure 5.7 shows the accumulated distributed snowmelt energy balance for the 

entire study period. It should be noted that most of the area did become snow free at 

some point during the modelling period and that this map is, therefore, not a representa-
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tion of actual surface energy balance values but an estimate of maximum potential 

amounts of melt. The overall variability of the snowmelt energy balance was decreased 

due to the predominantly northerly spring winds in the study area (similar to May 24, see 

Fig 5.5 b). This could explain why the assumption of uniform melt rates over longer time 

steps may adequately reproduce average basin wide melt rates and snow cover disappear

ance as shown in previous studies in the area (Marsh and Pomeroy 1996). The results of 

this study, however, suggest that considering small-scale variabilities is crucial when 

working with higher spatial and temporal resolutions. 
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Figure 5.7: Total accumulated energy balance over entire study period 

Over the entire period, an area wide average of 194 MJfm2 was available for snow

melt, with a S of 2.7 MJ/m2 (Table 5.2). South facing slopes showed above average 

energy totals, since solar radiation contributed more energy than turbulent fluxes to the 
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overall melt energy balance, while below average melt energy values are simulated for 

north facing slopes and especially along the bottoms of the river valleys. Here a positive 

interaction between solar radiation and turbulent fluxes could be observed as valley bot

toms receive less solar radiation due to frequent shadowing at lower solar elevation 

angles, and below average turbulent fluxes as a result of decreased wind speeds in the 

concave river valleys. To better assess the importance of the simulated melt energy vari

ability, it is useful to convert it to differences in resulting potential snowmelt amounts, 

assuming that all the available energy was used for snowmelt after the snowpack had 

reached an isothermal state. The simulation shows that in 1999 most of the area snow 

cover became isothermal on the second day of the study period (May 6), supporting this 

assumption. The relatively flat upland tundra areas of TVC show potential snowmelt 

values within one S, with a maximum difference in melt of about 8 mm. Most of the 

steeper slopes along the river valley and on the prominent hills are much clos~r to the 2 S 

around the mean, resulting in differences of potential snowmelt amounts of as much as 

32 mm SWE. Considering the usually low end-of-winter SWE for open tundra areas 

(typically 50 to 120 mm), it is evident that the simulated variability in the energy terms 

plays an important role in the melting of the snow cover and the formation of a patchy 

snow cover. 

Figure 5.8 shows a north-south valley cross-section located near the basin outlet. 

The snow cover along this transect, showing a typical, average open tundra snowpack, 

was obtained from snow survey data. Snow drifts can be seen in the actual river channel 

and on the upper reaches of the north-facing slope. Figure 5.8 also shows continuous 

three grid cell means of spatially variable snowmelt energy balance fluxes across the 
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transect expressed as difference to the basin wide mean values (see Table 5.2). As 

expected, solar radiation shows maximum contributions to snowmelt on the steepest 

parts of the south-facing slope, while turbulent fluxes show maximum values on the 

north-facing slope. The below average energy balance values in the valley bottom simu-

lated in other parts of the basin are not as evident in this cross section since the valley is 

much wider compared to the narrow river valleys in the upstream portions of the basin. 

The potential snowmelt values differ by as much as 31 mm SWE between the south and 

the north-facing slope. 
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Figure 5.8: Cross-valley transect showing elevation, SWE and snowmelt energy terms 
over entire model period. 
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5. 4. 3 Snowmelt Simulation 

The model simulation, combining the variable snow cover with the distributed en

ergy balance, was initiated on May 5. Snow temperature, determined from snow pit data, 

was -11° C and the snow cover cold content for each grid cell of the DEM was deter

mined from this temperature, the SWE, and the specific heat of ice (Gray and Landine 

1988, Tarboton et al. 1995). The obtained melt energy was initially used to bring the 

snow cover to an isothermal state at 0°C. Any additional positive surface energy was 

used to melt the snow while negative surface energy balance values resulted in the gen-

eration of a new energy deficit and a lowering of the snow temperature below 0°C. This 

new energy deficit had to be overcome before additional melt was simulated for the par

ticular location. A large portion of the snow cover in the study area became isothermal 

for the first time on May 6 (JD 126). This day had large, positive melt energy with an 

area wide average of 7.3 MJ/m2 (see Figure 5.4). Most of the deeper snowpack in drift 

areas, however, did not become isothermal until May 10 (JD 130), with some drift areas 

remaining below 0°C as late as May 22 (JD 142). 

Figure 5.9 illustrates the simulated progress of the melt throughout the study area 

and the respective satellite and aircraft observations. It can be seen that the model cap

tures the emerging patterns of snow covered and snow free areas very well. The first 

areas to become bare are mainly located on north-west to south-west facing slopes due to 

the combination of an eroded snow cover and above average melt energy fluxes at those 
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locations. Previous studies (Hinzman 1992, Pohl et al. 2004a) have shown that west 

facing slopes have higher melt rates as a result of receiving maximum solar radiation 

during the afternoon hours, coinciding with the highest air temperatures and a ripe snow 

cover that has recovered from any energy deficit it might have incurred the previous 

night. The model predicted that the bulk of the open upland tundra areas would become 

snow free between May 27 and May 29 (JD 147 to JD 149), as was observed from aerial 

photography (Figure 5.9). 

Most of the north facing open tundra slopes and shrub tundra areas were predicted 

to become snow free over the next two days. Satellite images indicate that shrub tundra 

areas showed a higher variability than was indicated by the model, with most of the 

shrub tundra areas melting prior to or simultaneously with open tundra sites. This dis

crepancy was not unexpected since the model was mostly set up for open, vegetation free 

areas, especially through assumptions made about albedo and surface roughness. Fur

thermore, the end-of-winter snow cover of shrub tundra areas was not further subdivided 

since there seemed to be no physical foundations for such a subdivision as the snowpack 

properties of vegetated areas have been shown to be largely independent of wind direc

tions and topography (Essery 2001 ). Clearly, more research concerning distributed snow 

deposition and distributed energy balance factors in this important tundra land cover 

class is needed. 
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Figure 5.9: Comparison of modelled melt patterns to satellite images and aerial 
photographs. 
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By June 3 (JD 154) the simulation showed that only drift areas along the sides of 

the river valley, around the lake margins, and in the actual channels itself remained snow 

covered. This model prediction is validated by aerial photographs for that day. Kane et 

al. ( 1991) note that the snow remaining in the actual river channels can play an 

important hydrological role, causing a lag of 1-3 days in meltwater runoff due to snow 

damming. Until the end of the study period on June 10 (JD 161), most drifts in river 

channels and along western valley slopes were predicted to disappear, leaving only late 

lying snow drifts mainly on southerly, easterly, and some northerly slopes. The same 

pattern can be observed on the satellite image of the area for that day (Figure 5.9). Late 

laying snowdrifts have a considerable impact on the late spring to early summer runoff 

of northern rivers (Marsh and Woo 1981) and rivers in more temperate regions (Luce et 

al. 1998). Melting of late lying snowfields also affects the runoff producing processes in 

the area since studies have shown that hydrological conductivities and therefore response 

times drop dramatically as the water table subsides into the lower peat layer of the per

mafrost soil (Quinton and Marsh 1999). Meltwater originating from the late lying snow

drifts keeps the water table down slope from their locations near the surface and there

fore hydrologically connected to the stream network. It becomes evident that identifying 

the correct location and extent of late lying snowfields is crucial for hydrological model

ling of meltwater runoff from arctic catchments. 

To further compare the obtained simulated snowmelt patterns to observed ones, a 

geospatial analysis was performed using the GIS package PCI. For the analysis, one 

cover type had to be considered the surface matrix while the other was designated as the 
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patch type. Snow free patches (for May 23) and snow covered patches (May 28 and June 

1 0) from the simulated snow cover maps and from the satellite images were converted to 

polygons and their spatial statistics were calculated (Table 5.3). The analysis shows that 

the simulated patches exhibited a larger average area and a longer average perimeter 

length. This can be partly attributed to the larger resolution (20 m) of the satellite image. 

However, it also indicates that, while the model simulation captures much of the small-

scale variability, natural conditions are still more variable, leading to the observed 

smaller patch sizes. As discussed in section 5.4.2, especially the natural spatial variabil-

ity in the end-of-winter SWE is likely to be higher than in the simulated snow cover as 

uniform SWE values were assumed within the 9 land cover classes identified in the 

model. 

Table 5.3: Geospatial statistics for the obtained snowmelt patterns 

Modelled Obsenred 

May23 May28 June 11 May23 May28 June 11 

SCA [%] 91 37.8 2.2 79 38 2.5 
Patch Type Snow Free Snow Snow Snow Free Snow Snow 

AVG. Patch 33620 80500 9050 20400 51600 6020 
Area {m2

] 

A V G. Perimeter 736 1335 366 627 1160 325 
Length [m] 

Figure 5.10 shows the snow cover depletion curves (SDC) for a variety of scenar-

ios, starting from the most complex combining a spatially variable snow cover in con-

junction with a distributed energy balance used in this study, to the most simple (uniform 

snowpack, uniform melt energy) still employed by some land surface schemes of larger 
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scale climate and weather prediction models. Also shown are the SCA' s determined 

from the three satellite images available for the study area over the spring of 1999. 
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Figure 5.10: Snow cover depletion curves for several scenarios and SCA observation 
from satellite images 

A comparison of simulated to observed SCA' s shows that the model slightly 

underestimates the snow free area early in the melt season, indicating that the area of 

extremely eroded snow cover (the windswept tundra land class) is probably slightly 

larger than assumed in the present study. The other two SCA' s for the middle and latter 

stages of the melt are very well predicted by the model. The SDC produced by a spatially 

distributed snow cover and a uniform melt seems to follow the fully distributed SDC 

fairly closely, even though the first snow free areas in this scenario appear with a two-

day delay. A uniform snow cover (the basin wide mean of 159 mm was used) combined 

with a variable melt energy balance would melt within six days as compared to the 
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minimum 31 days (not all snow has melted by the end of the model period) predicted by 

the fully distributed simulation. As expected, the uniform snow cover in combination 

with a uniform energy balance does a very poor job in replicating the simulated SDC, 

leading to potentially large errors if those SCA' s are used to compute the surface energy 

balance for the area. 

Local advection proved to be a very important factor for the snowmelt energy bal

ance, contributing about 28% to the overall melt energy. Figure 5.4 shows that it was 

often the most important melt energy balance factor in the latter stages of melt, a phe

nomenon also documented by Marsh and Pomeroy (1996). Figure 5.11 shows that in

cluding local advection in the melt energy balance improves the comparison of simulated 

to observed values of SCA. It also indicates that considerable differences in SCA of up 

to 20% (May 30 to June 3) can result from local advection. Local advection contributed 

as much as 27 mm SWE to daily melt rates of the study area with an average of7.5 mm 

(May 20 to June 1 0). 

Hourly snowmelt amounts were determined by identifying areas that remained 

snow covered and averaging the snowmelt energy values for those areas. Overall, the 

simulated energy balance melted 155 mm SWE from the study area. This is very close to 

the 159 mm that were determined as average end-of-winter snow cover for the area, 

especially when considering that some snow remained in drift areas at the end of the 

model period. The first significant melt in the area was simulated for May 9, with a total 

daily melt of 9.8 mm SWE. The first runoff at the TVC outlet, however, was not 

recorded until May 21, indicating a lag time of about 12 days between the onset of melt 

and the initiation of runoff. This delay can be attributed mainly to meltwater percolation 
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through the snow cover, infiltration into the frozen soil at the base of the snow cover, 

and the formation of a basal ice layer at the ground surface (Kane et al. 1991, Marsh and 

Woo 1984). Marsh and Pomeroy (1996) simulated a lag of 6-9 days due to meltwater 

percolation for a similar tundra snow cover in TVC for the spring of 1993. The lag time 

of the present study was likely somewhat increased by the 5-day cold spell from May 14 

to May 18, which lead to the refreezing of liquid water in the snow cover. Maximum 

daily melt rates were simulated between May 23 and May 29, while maximum runoff 

was measured from May 29 to June 4, representing a delay of about 6 days between 

modelled peak melt and measured runoff values for TVC. 
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Figure 5.11 : Snow cover depletion curves for energy balance without and including a 
local advection term and observed SCA from satellite images. 
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Overall, a cumulative runoff at the end of the modelling period (June 11) of 52 mm 

was observed at the TVC outlet compared to a simulated melt of 155 mm. These 

numbers are very close to values reported (SWE 144 mm, cumulative runoff 54 mm) for 

the spring of 1994 (Marsh et al. 2002). That study showed that the remaining meltwater 

went into basin storage and was gradually released to the stream or evaporated over the 

summer period. 

5.5 Discussion 

Detailed hydrological models simulating the percolation of meltwater through the 

snow cover to the ground surface and eventually on to the stream network rely heavily 

on short term, daily or even hourly, melt rates~ Marsh and Woo (1984) developed a 

model to compute the advance of a faster moving meltwater finger front and a slower 

moving background front through a cold snow cover. The progress of these wetting 

fronts can be used to determine areas within catchments that are not, partially (only the 

finger front has reached the ground), or fully (both fronts have reached the ground sur

face) contributing to runoff (Marsh and Pomeroy 1996). The model needs surface melt 

rates and snow depth as inputs. This study shows that small-scale variability causes con

siderable differences in short term melt rates across the basin. The biggest relative vari

ability in daily melt rates occurred on May 25, when areas within 2 S of the mean mostly 

located on opposite sides of the river valleys differ in their melt by up to 61% of the 

basin wide mean (3 mm SWE). Absolute variability reached a maximum on June 6, 
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when strong southerly winds coincided with warm temperatures and relatively clear 

skies, creating a 2 S range in daily melt energy of 1.9 MJJm2 or about 6 mm of melt. 

The variable snow cover is important as it dictates the snow depth through which 

the wetting fronts have to penetrate and, therefore, affects the lag time between the ini

tiation of melt at the top of the snow cover and the release of the produced meltwater at 

the base of the snowpack. Furthermore, the model simulations show that the variable 

SWE in the study area leads to considerable differences in the timing of snow cover rip

ening. A difference of 16 days was simulated between snow covers in tundra, forest, and 

shrub tundra areas, that mostly became isothermal on May 6, and snowpack in drift areas 

which remained below 0 ° C as late as May 22. It becomes evident that only a com

bination of variable snow cover and variable energy balance terms ensures an accurate 

simulation of meltwater percolation through the snowpack and subsequent magnitude 

and timing of meltwater release from a basin at any particular point in time during the 

melt period. This is especially important for hydrological runoff models working on the 

principle of variable runoff source areas. 

Observations within TVC have shown that first melt usually occurs on steep west 

to south-west facing valley slopes in the middle part of the basin. The present study 

shows that this can be attributed to the combination of an eroded snow cover with above 

average melt energy terms simulated for west to south-westerly slopes. Due to the 

proximity of these locations to the main channel, this is often the area where sufficient 

meltwater accumulates in the channel to initiate streamflow. If uniform values of snow 

cover and melt energy were used, it would be difficult to simulate the location or timing 
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of streamflow initiation. As shown in Figure 5.9, these areas are also among the first to 

become snow free and therefore cease to contribute to the meltwater runoff. 

Figure 5.10 seems to indicate that the distributed end-of-winter snow cover is rela

tively more important when trying to accurately predict SCA throughout the melt period. 

Much of this can be attributed to the properties of the study area, combining an ex

tremely variable snow cover with a relatively gentle terrain that somewhat limits the 

spatial variability of the energy fluxes. Additionally, as was discussed before, the pre

dominant northerly winds during the spring melt period of 1999 reduced the variability 

of the overall energy balance even further as areas of above average solar radiation 

received less turbulent fluxes and vice versa. It can be expected that the distributed 

energy balance will have a much greater impact on SCA in more mountainous regions or 

in areas where the dominating spring wind directions lead to a positive feedback between 

the variable solar radiation and turbulent fluxes (southerly winds for basins in the north

em hemisphere). Such a scenario was described by Pomeroy et al. (2003), who observed 

a large spatial variability in melt energy in a sub-arctic mountain catchment dominated 

by southerly spring winds. 

Regional climate and numerical weather prediction models often operate at scales 

that would treat the model area of this study as a single grid cell. Furthermore, the snow 

component of land surface schemes used by these models is often fairly simple (Marshall 

et al. 1994, Lynch-Stieglitz 1994, Essery 1997). Figure 5.10 indicates that the use of a 

uniform snow cover and a uniform energy balance will lead to considerable errors in the 

computed SCA over much of the melt period, resulting in inaccurate surface energy bal

ance values for open, northern environments. Considering the vast areas of circumpolar 
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regions that exhibit prolonged (often up to four weeks) patchy snowmelt conditions, 

these errors in the surface energy balance terms seriously degrade the ability of these 

models to simulate atmospheric conditions. At the very least, a subgrid parameterization 

of SCA should be included. A common approach is to determine the energy balance and 

areal coverage of snow covered and snow free areas separately, and subsequently calcu

late a weighted average for the full grid box (Claussen 1991). This "tile model approach" 

improves simulations but is unable to account for processes at the edges of the separate 

land classes (Essery 1997), meaning that the process of local advection cannot be con

sidered by this approach. The results of this study show that small scale local advection 

plays a very important role in arctic snowmelt and strongly impacts the resulting SCA's. 

Studies have also indicated that local advection affects the overall surface energy balance 

of the composite landscape (L 'Homme 1994 ). Land surface schemes should, therefore, 

be modified to include algorithms quantifying the contributions of local advection to the 

snowmelt energy balance. 

5.6 Conclusions 

The present study shows that, even in the relatively gentle terrain of the arctic 

coastal plains, topographic influences on solar radiation and wind speed lead to consid

erable small-scale variability in the snowmelt energy balance. The amount of variability 

depended mainly on cloud cover and wind directions. The use of evenly distributed 

snowmelt energy balance values would lead to substantial errors in determining the rate 

of snowmelt in different parts of the basin and consequently in the calculation of the sur-

170 



face energy balance of the composite landscape. Differences of around 11 MJ/m2 or 32 

mm of potential snowmelt were found between north- and south-facing slopes depending 

on their steepness. The simulation results indicate that the variability could be even 

greater in more mountainous environments or regions where northerly winds are not 

dominant during the spring. The study also shows that the variable end-of-winter snow 

cover in arctic regions plays a crucial role in determining the emerging patterns of a 

patchy snowpack and the decrease in SCA throughout the melt period. Compared to a 

calculation using an evenly distributed snow cover and snowmelt energy balance terms, 

the first areas of bare ground appear 18 days earlier in the small scale simulation, while 

some snowdrifts persist at least 13 days longer. 

Consequently, the study demonstrates the need to simulate the spring snowmelt of 

arctic basins at small spatial and temporal scales using a variable end-of-winter snow 

cover in conjunction with spatially distributed energy balance terms, in order to accu

rately predict snow covered and snow free areas, timing and amount of meltwater release 

from different parts of the basin, and the overall surface energy balance for the compos

ite landscape. 

Additional research is needed in the very complex shrub tundra land class in order 

to better understand snow accumulation patterns and spatial variability in the melt energy 

terms. Future work will attempt to use the results of this study to develop simple rela

tionships between topography, vegetation, and small-scale spatial variability in both 

snow cover and energy fluxes. Such relationships are required for accurate simulations 

of hydrological processes and land-surface atmosphere energy exchanges needed for reli

able predictions of hydrology, weather, and climate. 
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6. SUMMARY AND CONCLUSION 

6.1 Thesis Conclusions 

This thesis focuses on· the small-scale variability present in the snowmelt of open, 

sparsely vegetated environments. Specific areas addressed were how "state of the art" 

hydrological snowmelt models handle the observed variability, and the topographical 

influences on major factors of the snowmelt energy balance and end-of-winter snowpack 

distribution. The study illustrates the amount of variability introduced to the snowmelt 

energy balance by the relatively gentle topography of the study area and shows their 

impact on snowmelt processes and meltwater runoff generation. The study illustrates 

that the area wide means of distributed energy balance fluxes are fairly close to values 

measured at one location in the basin. However, the use of these observed values will 

lead to substantial errors in the snowmelt simulation on the hydrologically and energeti

cally important steeper slopes of the basin. Consequently, the study shows the relative 

importance of the distributed end-of-winter snow cover and the spatially variable melt 

energy fluxes on the observed development of a patchy snow cover. Finally, the study 

discusses how the small-scale variabilities could be included at sub-grid scales in 

hydrologic and atmospheric models. 
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6.1.1 Application of a hydrologic land surface scheme to snowmelt in the study 

basin 

Chapter 2 took a current "state of the art" distributed hydrologic land - surface 

scheme (W ATCLASS) with a resolution of 1 km and applied it to five spring snowmelt 

periods in an arctic research basin dominated by open tundra and shrub tundra vegeta

tion. The model was validated with observed runoff data and spatially distributed snow 

covered area (SCA) obtained from satellite images. The analysis showed that runoff vol

umes and timing of snowmelt in open tundra regions was predicted reasonably well, 

while melt in the energetically more complex shrub tundra regions was delayed consid

erably in the simulations. The rise of the predicted runoff hydro graph was too early and 

too gradual, as the model did not include algorithms for meltwater percolation through 

the snowpack and snow damming processes in the stream channels. Additionally, the 

model had some problems handling the deepening of the thawed layer and related runoff 

processes in the frozen soils of the study area. The result was a simulated hydro graph 

that was generally too broad and exhibited two runoff peaks instead of the narrow single 

peak hydrograph usually observed in the research basin. 

Equally important to the present study was the comparison of predicted versus 

observed SCA within individual grid cells and across the study area throughout the melt 

period as this is an indicator off how well the model handles the sub-grid spatial vari

ability in the snowmelt processes. W ATCLASS addresses spatial variability through 

grouped response units (GRU's). Within GRU's, areas that behave hydrologically simi

larly are chosen based on vegetational land cover classes. The comparison illustrated 

that basin wide average SCA was predicted fairly well by the model, whereas the range 
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of SCA observed for the 1 km grid cells was vastly underestimated. This indicates that 

the large spatial variability of snowmelt in an arctic basin could not be adequately han

dled with vegetationallandcover classes alone. The study indicates that GRU's based on 

a combination of vegetational and topographical information would improve model per

formance as it would allow the model to include topographic effects on end-of-winter 

snow cover conditions and snowmelt energy balance factors. 

6.1. 2 Small-scale variability of the snowmelt energy fluxes 

Chapter 3 focused on the small-scale variability in solar radiation introduced by 

topography. The model used in the study determines hourly amounts of direct and dif

fuse incoming solar radiation on a horizontal plane and subsequently uses geometric cal

culations to account for aspect and slope of individual grid cells in relation to the re

spective solar elevation and azimuth angles. Furthermore, the model checks for shaded 

areas within the model domain that receive only diffuse radiation. During the day, the 

highest variability in incoming direct solar radiation was found for low solar elevation 

angles during morning and evening hours. Clear days showed a higher variability than 

cloudy days since increasing cloud cover increases the relative contribution of evenly 

distributed diffuse radiation. Diffuse radiation is an important factor in snowmelt studies 

as it represents the minimal amount of solar radiation received and therefore available 

for snowmelt at every point in the basin. Overall, this study showed that diffuse radiation 

contributed 45 to 51% of total incoming solar radiation over the three modelled spring 

melt periods. As expected, the highest percentages of diffuse radiation were computed 

for completely cloudy days, however, absolute highest diffuse radiation values were 
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simulated for partly cloudy days with cloudiness indices of around 0.65. High absolute 

values of diffuse radiation result in relatively high, evenly distributed melt rates for these 

days, while clear days with high contributions of direct radiation show a much higher 

difference in melt rates throughout the basin depending on slope angle and aspect of in

dividual slopes. 

The overall highest values of incoming solar radiation were observed on steep 

south facing slopes, with below average values found at the bottom of frequently shad

owed incised river valleys of the basin and on north facing slopes. The study illustrates 

how diurnal variations of incoming solar radiation on slopes with different aspects affect 

melt progress. Due to the northern latitude of the study area, north facing slopes actually 

receive above average amounts of solar radiation during early morning and late night 

hours, while amounts of incoming radiation and, therefore, melt rates remain fairly 

steady throughout the rest of the day. East facing slopes receive maximum radiation 

amounts during morning hours resulting in an earlier start of daily melt as the night time 

energy deficit of the snow cover is erased more quickly. South facing slopes have the 

highest overall daily melt rates as they receive maximum amounts of solar radiation with 

a peak over the mid-day hours. Although west facing slopes receive approximately the 

same amount of solar radiation as east facing slopes and flat areas their melt rates are 

quite different. Melt on west facing slopes commences later in the day. However, overall 

daily melt rates are usually higher as the afternoon radiation peak coincides with higher 

air temperatures. The study also showed a diurnal trend in cloud cover with cloudier 

conditions being simulated at night and during morning hours further, increasing the dif

ference in melt rates between east and west facing slopes. This phenomenon can be at

tributed to the development of night time inversions (Martin and Lejeune 1998). 
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The study further illustrates that small-scale variabilities in incoming solar radia

tion accumulated for the entire 33 day spring melt period have a considerable impact on 

snowmelt even in the relatively low topography research area. Solar radiation amounts 

differed up to 10% within the study area leading to differences in potential snowmelt 

rates of up to 50 mm over the study period. Considering that this value is close to the 

overall end-of-winter snow water equivalents in the open tundra regions that dominate 

the study area, it becomes evident that topographic influences on solar radiation are a 

crucial factor for snowmelt of low relief basins. 

Little inter-annual change in modelled variability was observed suggesting that it 

might be possible to relate the spatial variability of incoming solar radiation to topog

raphic terrain measures such as the statistical distribution of slopes and aspect angles, 

which are readily available from DEM's. The sub-grid variability of solar radiation could 

then be predicted from measured point values and certain terrain characteristics. 

The study also looked at the effects of changing modelling scales on the spatial 

variability of incoming and reflected solar radiation by running the model at three addi

tional resolutions. The results showed that a considerable amount of information on the 

spatial variability of incoming solar radiation was lost as model resolutions increased. 

However, the reduction in variability could be predicted with a formula introduced by 

Dubayah et al. ( 1990) relating variability to average basin slope at different modelling 

scales. 

Subsequently, small-scale variabilities in turbulent fluxes of sensible and latent 

heat over snow covered surfaces introduced by topographic influences on the surface 

wind field were addressed. A field experiment was carried out to study surface wind 

flow around a low conical hill in the research basin. The results showed that wind speeds 
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depended strongly upon location around the hill in relation to respective wind directions. 

The highest wind speeds were observed on the hilltop and on the upper convex parts of 

the windward hillslopes. Wind speeds decreased by up to 39% for locations on lower 

leeward hillslopes and at the base of the hill. These results together with observations 

from 4 met stations located in open, flat parts of the basin were used to validate a rela

tively simple wind model. Wind weighting factors accounting for topographical effects 

on surface winds and depending on observed wind directions were calculated for each 

grid cell of aDEM and used to modify an initially uniform wind field computed from 

point observations of wind speed and wind direction. The modified wind speeds were 

then used to distribute turbulent fluxes, determined with bulk aerodynamic formulae, 

throughout the basin. 

The study shows that areas of above average turbulent fluxes were located on steep 

convex slopes facing the dominant spring wind directions, while below average areas 

were located on concave leeward slopes and in the narrow incised river valleys of the 

study area. The highest hourly values of turbulent flux values along with the highest 

variabilities were generally observed in the late afternoon hours as air temperatures and 

wind speeds reached a maximum. It was shown that daily variabilities depended strongly 

on the amount of directional change in the wind. Constant wind directions produced 

higher daily variabilities, while shifting winds reduced variabilities. Overall, variability 

showed a standard deviation of 3.4% of the area wide mean. However, the steep slopes 

of the river valleys, which are crucial for the hydrology of the area, exhibited much 

higher variabilities of up to 20%. Expressed as potential snowmelt amounts these vari

abilities could lead to differences in snowmelt of up to 70 mm over the modelling period 

(33 days). 
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Aside from influencing turbulent fluxes, differences in wind speeds are also cru

cial for the spatial distribution of end-of-winter snow covers. Considerable redistribution 

of snow during blowing snow events is very common in wide open, arctic basins. Snow 

is preferentially eroded from areas of above average wind speeds and deposited in snow 

drifts in areas of air flow separation with below average low wind speeds. As dominant 

winter wind directions in the study area did not differ greatly from spring winds, this 

leads to very different melt scenarios for above and below average wind speed locations. 

Field observations showed that melt within the study basin usually starts in high wind 

locations on west to northwest facing slopes as an eroded snow cover is combined with 

above average turbulent fluxes, while snow often persists in low wind speed locations on 

east to southeast facing slopes due to deep snow drifts in conjunction with decreased 

turbulent fluxes. These phenomena could not be explained without considering the 

topographic effects on surface wind speeds illustrated in this study. The model was run 

for two spring snowmelt periods. Wind directions and therefore locations of above and 

below average wind speeds did not differ much between the two years. Relative vari

abilities were also fairly constant. This suggests that it might be possible to determine 

small-scale variabilities of turbulent fluxes for open relatively flat landscapes from ter

rain properties obtainable from DEM's and point observations of wind speed, wind di

rection, air and surface temperature, and humidity. 
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6.1.3 Small-scale simulation of spring snowmelt 

A spatially distributed full snowmelt energy balance was subsequently calculated 

combining the results of the two previous studies with evenly distributed values for long 

wave radiation, ground heat flux and initial snow cover energy deficit. This energy bal

ance was applied to a spatially distributed end-of-winter snow cover to show the 

progression of melt throughout the basin. The simulation was validated against SCA 

observed from satellite images and air photos. A variable end-of-winter snow cover was 

computed from land cover based snow surveys and considerations of vegetation and sur

face wind speeds, which were used to further subdivide exposed vegetational areas like 

open tundra and drift areas into windswept, windward, neutral, and leeward locations. 

Overall, snow water equivalent ranged from 41 mm for windswept open tundra to 822 

mm for leeward drift areas with a basin wide mean of 159 mm. 

The study results show that the variability of the full snowmelt energy balance 

depends mainly on the dominant wind direction in relation to solar azimuth angles and 

on time of day. Variabilities increase for time periods when wind direction matched the 

solar azimuth angle, as areas of above average solar radiation and above average turbu

lent fluxes were co-located in these conditions. Decreased daily variabilities were simu

lated for days with northerly wind directions as areas of above average solar radiation 

(south facing slopes) received lower amounts of turbulent fluxes, therefore resulting in 

total snowmelt energy balance values closer to the basin wide mean. The opposite was 

simulated for north-facing slopes, as below average radiation coincided with above aver

age turbulent fluxes. This scenario could also be observed for distributed energy balance 

values accumulated over the entire model period (38 days) as north to northwest facing 
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winds dominated. Areas of above average melt energy were located on south facing 

slopes since solar radiation contributed more energy to the overall snowmelt energy bal

ance than turbulent fluxes. Areas receiving decreased melt energy fluxes were located on 

north-facing slopes and, especially, in the incised river valleys where low wind speeds 

and frequent shading coincided regardless of dominant wind directions. The simulation 

results indicate that basins (in the northern hemisphere) experiencing mostly southerly 

winds during the spring melt period should exhibit much higher snowmelt energy vari

abilities than basins dominated by northerly spring winds. 

Areas of first melt, stream flow initialization, and subsequently first appearance of 

bare ground are almost exclusively located on west facing slopes in the study area. 

These locations combine an eroded end-of-winter snow cover with above average melt 

rates due to increased turbulent fluxes and peak solar irradiation during the warm after

noon hours. The simulation showed that the thin snow cover quickly lost its energy defi

cit and became ripe as the overall energy balance became positive. A difference of up to 

16 days was computed for snow cover ripening in different parts of the basin, showing 

the importance of small-scale variability in end-of-winter snow cover and snowmelt 

energy balance for melt in open environments. The bulk of the relatively flat open tundra 

areas were simulated to become snow free within two days. The timing of snow cover 

disappearances in open tundra areas coincided with observations from satellite images 

and air photos. Most of the shrub tundra areas were predicted to become snow free two 

days later. This delay in shrub tundra melt could not be observed in the satellite images 

and points to a problem with melt simulation in this energetically complex vegetational 

land cover. Only snow in drift areas was simulated to remain into the latter parts of the 

snowmelt period. A comparison to the satellite images and air photos revealed that the 
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locations of these late lying snow drifts were predicted accurately. Drifts were generally 

located in areas that had an above average end-of-winter snow cover and below average 

melt rates mainly on east to north east facing slopes and in the actual river channels. 

This further illustrates the importance of using spatially distributed end-of-winter 

snowpacks and energy balance factors for snowmelt runoff studies as these late lying 

snow drifts have been shown to be crucial for the hydrology of arctic and more temper

ate basins (Marsh and Woo 1981~, Luce et al. 1998, Quinton and Marsh 1999). 

The study also investigated the effects of local advection on snowmelt processes 

using the approach introduced by Neumann and Marsh (1998). A regression curve relat

ing advection efficiency to sno"r free area was extended with model data from Liston 

(1995) and Marsh et al. (1999) to cover the entire melt period. The simulation showed 

that local advection contributed 28% to the overall snowmelt energy balance and that the 

inclusion of local advection improved the comparison of simulated versus observed SCA 

especially late in the melt season. This indicates that local advection should be consid

ered in hydrologic and atmospheric modelling studies of open spring landscapes. 

The study showed that both, small-scale variabilities in the end-of-winter 

snowpack and snowmelt energy balance, contribute greatly to the often observed, quick 

development of a patchy snow cover during arctic snowmelt. Furthermore, both are cru

cial factors in determining the timing and location of meltwater release throughout the 

basin. Certain phenomena observed in the study basin, such as areas of first melt and 

runoff initiation and location of late lying snow drifts, can only be explained by looking 

at these small-scale variabilities. The unique properties of snow - high albedo, limited 

surface temperature, and low thermal conductivity - also make the accurate simulation of 

snow covered areas a crucial factor for models concerned with surface atmosphere inter-
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actions. Many of these models operate at resolutions much larger than the ones used in 

the present study. This work clearly shows the importance of including the sub-grid vari

abilities of snowmelt processes in these models and gives some recommendations on 

how this might be accomplished by defining statistical relationships between key terrain 

factors and the small-scale variability. It further points to problems in the often used "tile 

model" approach of larger scale models, as this method does not account for any edge 

effects between the tiles. Therefore, processes such as local advection which is shown to 

have a considerable impact on snowmelt in open environments can not be included in 

these models. 

6.2 Future Applications of the Research Results 

The thesis shows the limitations of the GRU approach used in W ATCLASS for 

capturing the small-scale variabilities of the snowmelt processes in open environments. 

It further illustrates the considerable magnitude of spatial distribution in end-of-winter 

snow cover and in snowmelt energy fluxes resulting from topographical effects, even in 

the relatively gentle terrain of the study area. Ongoing research will therefore attempt to 

include the studied small-scale variabilities in W ATCLASS and other, similar hydro

logic snowmelt runoff models and land surface schemes. In order to achieve this, the 

traditional GRU approach using only vegetational land cover classes will be extended to 

include topographic information such as slope and aspect. This will create new GRU's 

such as south-facing open tundra or north-facing shrub tundra. A combination of a vege

tation land cover classification and a DEM will be used to determine the areal coverages 

of each GRU in the model grid cells. Advantages of using this new approach will 
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include improvements in the initialization, parameterization, and forcing data represen

tation in snowmelt runoff models. The disadvantage of increased computational com

plexity as a result of an increasing number of land cover classes has to be weighed 

against the improved simulation capabilities. 

Studies in open Prairie and tundra environments have shown the importance of 

snow redistribution due to blowing snow events (Liston and Sturm 1998, Pomeroy and 

Li 2000). The resulting snow distribution patterns are especially sensitive to topographic 

factors in exposed or low vegetation areas (Essery et a/. 1999). The inclusion of topog

raphic information in the GRU's could be used to improve snow cover initialization in 

WATCLASS by defining areas ofbelow (e.g., windswept or windward open tundra) and 

above average (e.g., leeward open tundra or snow drift areas) SWE similar to the 

approach used in chapter 5 of this study. The SWE used for individual GRU's could be 

obtained from modified snow surveys specifically sampling the newly defined GRU's, or 

from a combination of snow surveys in vegetational land cover classes and indices de

scribing the topographic effects on SWE distribution. This method was illustrated in 

chapter 5. Especially correctly identifying areas of eroded snow covers on windward, 

exposed slopes and deep snow drifts on steep leeward slopes and in the stream channel 

network should improve the model runoff predictions considerably, as· these areas have 

been identified as crucial factors for runoff initialization and late spring runoff augmen

tation. 

The parameterization procedure within W ATCLASS mainly involves attempting 

to adequately describe the vegetation and soil conditions and their impact on energy 

terms and evaporation, runoff, and storage processes. Previous studies have shown the 

topographic effects on crucial hydrological factors like vegetation and soil type (Walker 
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et al. 1993, Snelgrove 2002). Differences between locations on slopes of different as

pects in vegetation and soil parameters such as leaf area index, surface roughness, stand

ing biomass, and soil characteristics, porosity, active layer depth, or hydraulic conduc

tivity could be addressed with the topography based GRU's, leading to a more accurate 

parameterization of the observed natural conditions. 

The bulk of this study was concerned with topographic influences on snowmelt 

energy balance factors. The results show that addressing these topographic effects can 

considerably improve snowmelt and meltwater runoff simulations. W ATCLASS allows 

the user the input of gridded, distributed meteorological forcing data such as air tem

perature, humidity, wind speed, and incoming solar radiation. Several approaches have 

been used to distribute energy terms, including the use of multiple met stations located 

in representative topographical settings (Woo and Young 2003), statistical averaging 

techniques between several stations (Marks et a/. 1999), and elevation gradients relating 

meteorological input values to elevation (Bloeschl et a/. 1991 ). The scarcity of data 

sources, problems with accessibility, and the relatively gentle topography of many arctic 

basins make these approaches difficult to implement for areas such as the present study 

basin. A more useful approach therefore would be the extension of point observations 

through small-scale modelling. These small-scale models could provide the user with 

indices, relating point observations of crucial snowmelt energy factors like incoming 

solar radiation and wind speed to key topographical factors like slope and aspect. The 

indices could be used to obtain distributed energy forcing data for snowmelt algorithms 

in hydrological models using topographical GRU's. 

The study further shows the importance of local advection for the snowmelt 

energy balance of open environments. An algorithm addressing this energy term should 
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therefore be included in W ATCLASS. To quantify local advection using the approach 

introduced by Neumann and Marsh (1998) and followed in this study, it is necessary to 

calculate the sensible heat flux of bare ground areas and to determine an advection effi

ciency term that is dependent on SCA. The amount of sensible heat horizontally ad

vected from bare ground areas to remaining snow patches can then be calculated di

rectly. W ATCLASS already computes separate surface energy balances for snow cov

ered and snow free surfaces and a SCA based on a snow depletion curve linking SCA 

and snow depth (Soulis et al. 2000). The inclusion of a simple local advection algorithm 

should therefore be fairly straightforward. 

The study indicates the need for future research at the point scale in the energeti

cally complex shrub tundra environment. The melt enhancing or melt delaying factors of 

protruding vegetation need to be better understood to improve the parameterization of 

these processes in hydrological and atmospheric models. Furthermore, it will be neces

sary to run similar small-scale studies in different environments and areas of different 

topographical properties to investigate possible statistical relationships between small

scale variabilities and certain key terrain factors. Such relationships would make it pos

sible to include the sub-grid variabilities in larger scale hydrologic and atmospheric 

models and land surface schemes without the need to run additional small-scale models. 
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